
Florida State University Libraries

2015

Local Cooling Despite Global Warming
Lakshika Nilmini Kumari Girihagama

Follow this and additional works at the FSU Digital Library. For more information, please contact lib-ir@fsu.edu

http://fsu.digital.flvc.org/
mailto:lib-ir@fsu.edu


FLORIDA STATE UNIVERSITY 

 

COLLEGE OF ART AND SCIENCES 

 

 

 

 

 

 

 

LOCAL COOLING DESPITE GLOBAL WARMING 

 

 

 

 

 

 

 

 

 

 

By 

 

LAKSHIKA NILMINI KUMARI GIRIHAGAMA 

 

 

 

 

 

 

A Dissertation submitted to the 

Geophysical Fluid Dynamics Institute 

in partial fulfillment of the 

requirements for the degree of  

Doctor of Philosophy 

 

 

 

 

 

 

2015 



ii 

Lakshika Nilmini Kumari Girihagama defended this dissertation on November 2, 2015. 

The members of the supervisory committee were: 

 

   

 Doron Nof 

 Professor Directing Dissertation 

 

 Christopher Tam  

 University Representative 

 

 Mark Bourassa 

 Committee Member 

   

 Allan Clarke 

 Committee Member 

  

 Philip Sura 

 Committee Member 

 

 Brian Ewald 

 Committee Member 

  

 

 

The Graduate School has verified and approved the above-named committee members, and 

certifies that the dissertation has been approved in accordance with university requirements. 

  



iii 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

To my loving husband Nuwan and to my little princess Nora  

 

 

 

 

  



iv 

ACKNOWLEDGMENTS 

I would like to express heartfelt gratitude to my major advisor, Professor Doron Nof, for 

his comments, criticism, advice, endless patience, inspiration and encouragement, all of which 

added considerably to my graduate experience. I appreciate his vast knowledge and skills in a 

multitude of areas, as well as his guidance in directing me towards inspiring research projects. I 

would like to thank my committee, Professor Mark Bourassa, Professor Alan Clarke, Professor 

Christopher Tam, Dr. Philip Sura, and Dr. Bryan Ewald for the assistance they provided at all 

levels of this research project. Special thanks go to Stephen Van Gorder for his open-door 

atmosphere, which ended in fruitful discussions resolving conceptual confusions encountered 

during my research. I also want to express my gratitude to Dr. Cathrine Hancock for reading my 

manuscript and for giving me valuable comments.  

I cannot express how grateful I am for the love and affection I received from my dearest 

friend Donna Samaan and her family. Some special words of gratitude also go to Vijaya, 

Michaela, Paula, and all my friends at Florida State University for their continuous support 

during my time at FSU.  

I would also like to thank my parents, my sister, my brother and his family for the 

support they have provided me throughout my life. A special word of thanks goes to my parents 

and parents-in-laws for their endless support during my dissertation writing phase, these last 6 

months. Finally I must thank my husband, the love of my life, whose love and encouragement 

helped me finish this dissertation. The last word goes to Nora, my 5-month-old baby girl, who is 

the light of my life and whose smile has given me that extra strength and motivation to get things 

done. 

 

  



v 

TABLE OF CONTENTS 

 

 
List of Figures ............................................................................................................................... vii 

Abstract .......................................................................................................................................... xi 

 

1. WHY IS THE OCEAN SURFACE SLIGHTLY WARMER THAN THE ATMOSPHERE? ..1 

 

 1.1 Synopsis ...............................................................................................................................1 

 1.2 Introduction ..........................................................................................................................2 

 1.2.1 Motivation .................................................................................................................2 

 1.2.2 Background – energy balance climate modeling  .....................................................3 

 1.2.3 Current approach .......................................................................................................5 

 

 1.3 Model ...................................................................................................................................6 

 1.3.1 Thermodynamic equations for the coupled ocean-atmosphere model ......................6 

 1.3.2 Parameterization of heating components ..................................................................7 

 1.3.2.1 Solar radiation ..............................................................................................7 

 1.3.2.2 Sensible and latent heat ................................................................................8 

 1.3.2.3 Surface and planetary long-wave radiation..................................................9 

 

 1.4 Exact solution to the “Aqua Planet” ..................................................................................11 

 

 1.5 Results and discussion .......................................................................................................12 

 1.5.1 Mean condition........................................................................................................12 

 1.5.2 Climate sensitivity and the feedbacks .....................................................................13 

 1.5.1.1 Solar constant .............................................................................................14 

 1.5.1.2 Cloud amount .............................................................................................14 

 1.5.1.3 CO2 concentration ......................................................................................15 

 1.5.3 Perturbation to the mean solution ...........................................................................15 

 1.5.4 Regional applications ..............................................................................................18 

 

 1.6 Summary and conclusion ...................................................................................................19 

 

 

2. GLOBAL WARMING AND LOCAL COOLING ..................................................................31 

 

 2.1 Synopsis .............................................................................................................................31 

 2.2 Introduction ........................................................................................................................32 

 2.2.1 Motivation ...............................................................................................................32 

 2.2.2 Connection to global warming ................................................................................33 

 2.2.3 Background - observations ......................................................................................33 

 2.2.4 Background - modeling ...........................................................................................34 

 2.2.5 Current approach .....................................................................................................36 

 

 2.3 Model .................................................................................................................................38 



vi 

 2.3.1 Adaptation of the Thermodynamic Island Rule ......................................................38 

 2.3.2 Thermodynamic equations for the coupled air-sea model ......................................39 

 2.3.2.1 Sensible and latent heat ..............................................................................40 

 2.3.1.3 Surface and planetary long-wave radiation................................................42 

 2.3.3 Salt conservation for the ocean ...............................................................................43 

 2.3.4 Convection condition ..............................................................................................43 

 

 2.4 Analytical Solution to AMOC ...........................................................................................43 

 2.4.1 Linearization of sensible and latent heat .................................................................44 

 2.4.2 Linearization of long-wave radiation ......................................................................45 

 2.4.3 Linearization of thermodynamic equations for the ocean and atmosphere.............46 

 2.4.4 Linearization of the salt equation ............................................................................47 

 2.4.5 Linearization of the convection condition...............................................................47 

 

 2.5 Results ................................................................................................................................48 

 

 2.6 Effect of zonal atmospheric flow- a constant flow ............................................................50 

 

 2.7 Summary and discussion....................................................................................................51 

 

 

3. CONCLUSION .........................................................................................................................65 

 

 

APPENDICES ...............................................................................................................................68 

 

A. LIST OF SYMBOLS AND ABBREVIATIONS-AQUA PLANET MODEL .........................68 

B. LINEARIZATION OF SATURATION VAPOR PRESSURE AND BOWEN RATIO- 

MEAN MODEL.............................................................................................................................70 

C. PERTURBATION OF HEATING COMPONENTS ...............................................................71 

D. LIST OF SYMBOLS AND ABBREVIATIONS-OVERTURNING MODEL ........................73 

 

 

References ......................................................................................................................................76 

 

Biographical Sketch .......................................................................................................................81 

 

  



vii 

LIST OF FIGURES 

 

 
1.1 Illustration of the conceptual air-sea coupled global model (“Aqua Planet”), a one-

dimensional box in which the mixed oceanic layer is physically in contact with the 

uniformly mixed atmospheric layer above it. Qs is net solar radiation at the top of the 

atmosphere; QSW is absorbed shortwave radiation and H is scale height, where subscripts 

‘a’ and ‘w’ refer to the atmosphere and ocean, respectively; QPLW is net long-wave flux 

out into space; QLHE is latent heat released at the surface due to evaporation and QSH is 

surface sensible heat loss to the atmosphere... ...................................................................21 

 

1.2 Change in temperature of the surface ocean and atmosphere with respect to a normalized 

solar constant for a cloudy sky. S0 is the solar constant. The normalization is achieved by 

dividing the solar constant by the present day solar constant (S0= 1360 W m-2). A 2% 

increase in the solar constant is equivalent to a doubling of CO2 in the atmosphere. 

Warming due to a 2% increase in the solar constant is shown by the vertical arrows. For a 

cloudy sky, a 2% increase in the solar constant results in a 4.5042 K and 5.4914 K 

warming in the surface ocean and atmosphere, respectively. ............................................22 

 

1.3 Change in temperature of the surface ocean and atmosphere with respect to a normalized 

solar constant for a clear sky. S0 is the solar constant. The normalization is achieved by 

dividing the solar constant by the present day solar constant (S0= 1360 W m-2). A 2% 

increase in the solar constant is equivalent to a doubling of CO2 in the atmosphere. 

Warming due to a 2% increase in the solar constant is shown by the vertical arrows. For a 

clouds free sky, a 2% increase in the solar constant causes a 3.2035 K and 2.7466 K 

warming in the atmosphere and ocean, respectively. ........................................................23 

 

1.4 The evolution of surface temperature in both the ocean and atmosphere for changing 

cloud cover. It is shown, that an increase in cloud cover decreases the surface 

temperatures in both the ocean and atmosphere. ...............................................................24 

 

1.5 The evolution of air-sea temperature difference for varying cloud cover. Although an 

increase in cloud cover decreases individual surface temperatures in both the ocean and 

atmosphere (Fig. 1.4), it also increases the air-sea temperature offset ............................25 

 

1.6 Evolution of surface temperature change (ocean and atmosphere) to a normalized cloud 

cover. A 20% increase in cloud cover results in roughly a 60C and 80C cooling in the 

ocean and atmosphere, respectively. The vertical arrows denote temperature change 

corresponding to a 20% increase in cloud cover. Ac is cloud cover. ...............................26 

 

1.7 Evolution of surface temperature (ocean and atmosphere) to changes in CO2 

concentration in the atmosphere. The resultant warming due to a doubling of CO2 is 

3.4632 K and 4.3911 K in the surface ocean and atmosphere, respectively. ...................27 

 



viii 

1.8 The phase portrait for the homogenous system, derived from a temporal perturbation of 

the mean solution of the “Aqua Planet”. It shows a stable system. .................................28 

 

1.9 The solution obtained for a non-homogenous system, by including temporal variation of 

insolation. The magnitude of the oscillation amplitudes of atmospheric temperature 

anomaly is greater to those found in the ocean. A phase shift in the oscillations 

(specifically a lag in the ocean) is due to the high thermal inertia of water compared to 

air. .....................................................................................................................................29 

 

1.10  Application of the idealized “Aqua Planet” model to local regions (e.g. Caspian Sea, 

Dead Sea, Red Sea, Black Sea, and Mediterranean Sea, Gulf of Mexico, equator (10S-

10N), subtropics (10N-40N), and northern higher latitudes (40N-60N)). A linear fit is 

shown as a red line. For a fixed relative humidity, increasing sensitivity of evaporative 

cooling increases surface evaporation, which in turn increases air-sea temperature 

offsets. ..............................................................................................................................30 

 

2.1  Temporal variability of temperatures in and around the North Atlantic Ocean over the 

past 110,000 years (adapted from Bard, 2002). Time before present (in years) is shown 

on the horizontal axis. (a) Atmospheric temperature obtained from Greenland ice cores. 

(b) Sea surface temperatures obtained from two North Atlantic sediment cores. 

Temperature minima recorded prior to the Holocene (11000 years before present) are 

due to Heinrich events. Heinrich events reduced the strength of the AMOC and hence, 

cooled the NA region. An abrupt increase in temperatures at the beginning of the 

Holocene, is due to the opening of Bering Strait (BS) stabilizing the AMOC variability.54 

 

2.2  The model domain for the advective 1-D coupled air – sea model. The thermodynamic 

island rule calculation given in Nof, (2000) is adapted for the closed domain ABCDE. 

The integration of depth integrated momentum equations is performed counter 

clockwise along the dashed line. QS and QN are the volume transports into the Atlantic 

Ocean from the southern and northern boundaries (AB and CD), respectively. The 

rectangular box in the North Atlantic Ocean represents the deep-water formation region 

and W is the rate of surface water sinking. T and S are the temperature and salinity of 

the surface water in the deep-water formation region, respectively. TN, TS are 

temperatures of incoming water from the north and south, respectively. SN and SS are 

salinities of the incoming water from the northern and southern boundaries (AB and 

CD), respectively. .............................................................................................................55 

 

2.3  Illustration of the conceptual air – sea coupled model for the convection region in the 

North Atlantic Ocean, which is represented by a one-dimensional box where the mixed 

(oceanic) layer is physically in contact with the uniformly mixed atmospheric layer 

above it. Qin is net solar radiation at the top of the atmosphere; QSW is the absorbed 

shortwave radiation, where subscripts ‘a’ and ‘o’ refer to the atmosphere and ocean, 

respectively; QPLW is net long-wave flux out to space QLHE is latent heat released at the 

ocean surface; QSH is surface sensible heat loss to the atmosphere. The oceanic mixed 

layer depth and atmospheric height are given by D and HA, respectively. QN and QS are 

volume fluxes from the southern and northern oceans, respectively. W is deep-water 



ix 

formation rate, Fw is freshwater flux into the deep-water formation region, S is salinity 

and T is temperature. TN, TS, SN, and SS are the prescribed temperatures and salinities of 

the southern and Pacific Oceans, respectively. ................................................................56 

 

2.4  Change of oceanic transport with increased freshwater influx to the deep-water 

formation region in the North Atlantic Ocean. W is the sinking rate (AMOC) in the 

North Atlantic box. QS and QN are mass influx from the Southern and Arctic Oceans. 

Increased freshwater influx implies both a reduced AMOC, as well as a reduced 

transport from the North and South. .................................................................................57 

 

2.5  Evolution of the analytical solution to an increased freshwater influx for: (a) ocean 

temperature (top left), (b) atmospheric temperature (top right), (c) salinity (bottom left), 

and (d) temperature difference between the surface of the ocean and the atmosphere 

(bottom right). Increased freshwater influx implies cooling of the ocean and atmosphere, 

freshening of the ocean and a decreased ocean – atmosphere temperature difference in 

the deep-water formation region in the North Atlantic Ocean .........................................58 

 

2.6  Atmospheric heat budget response to an increased freshwater influx. A reduced AMOC, 

due to an increased freshwater influx, implies a reduced heat flux at both the ocean 

surface and top of the atmosphere. QSH is surface sensible heat, Is is net long-wave flux 

released from the ocean to the atmosphere, QPLW is net long-wave radiation escaping 

into space and QLHE is latent heat released at the ocean surface. .....................................59 

 

2.7  Oceanic heat budget response to an increased freshwater influx. A reduced AMOC, due 

to an increased freshwater influx, implies a reduced heat flux at the ocean surface. QSH is 

surface sensible heat, Is is net long-wave flux released from the ocean to the atmosphere, 

and QLHE is latent heat released at the ocean surface .......................................................60 

 

2.8  Evolution of the analytical solution with a constant zonal atmospheric transport (Qa). It 

should be mentioned that, a constant atmospheric flow is not realistic as Qa is technically 

an unknown and should be determined as part of the problem. W is the sinking rate 

(AMOC) in the North Atlantic box. QS and QN are the mass fluxes from the Southern 

Ocean and through the Bering Strait, respectively. Increased advective atmospheric 

transport implies both a reduced AMOC and a reduced transport from the North and 

South. ................................................................................................................................61 

 

2.9  Evolution of the analytical solution with constant zonal atmospheric transport (Qa). (a) 

Ocean temperature (top left), (b) atmospheric temperature (top right), (c) salinity 

(bottom left), and (d) temperature difference between the ocean and atmospheric 

surfaces (bottom right). Increased freshwater influx implies a slight warming of the 

ocean and atmosphere, freshening of the ocean, and a decreased ocean-atmosphere 

temperature difference in the deep-water formation region in the North Atlantic Ocean.62 

 

2.10  Oceanic heat budget response to an increased atmospheric mass influx. A reduced 

AMOC due to an increased freshwater influx, implies a reduced heat flux at the ocean 



x 

surface. QSH is surface sensible heat, Is is net long-wave flux from the ocean to the 

atmosphere, and QLHE is latent heat released at the ocean surface. ..................................63 

 

2.11  Atmospheric heat budget responses to an increased atmospheric flow. A reduced AMOC 

due to an increased freshwater influx, implies a reduced heat flux at both the ocean 

surface and the top of the atmosphere. QSH is surface sensible heat, Is is net long-wave 

flux from the ocean to the atmosphere, QPLW is net long-wave radiation escaping into 

space, and QLHE is latent heat released at the ocean surface ............................................64 

 

 

 

  



xi 

ABSTRACT 

 

 
How much warmer is the ocean surface than the atmosphere directly above it? Part 1 of 

the present study offers a means to quantify this temperature difference using a nonlinear one-

dimensional global energy balance coupled ocean–atmosphere model (“Aqua Planet”). The 

significance of our model, which is of intermediate complexity, is its ability to obtain an 

analytical solution for the global average temperatures. Preliminary results show that, for the 

present climate, global mean ocean temperature is 291.1 K whereas surface atmospheric 

temperature is 287.4 K. Thus, the surface ocean is 3.7 K warmer than the atmosphere above it.  

Temporal perturbation of the global mean solution obtained for “Aqua Planet” showed a 

stable system. Oscillation amplitude of the atmospheric temperature anomaly is greater in 

magnitude to those found in the ocean. There is a phase shift (a lag in the ocean), which is 

caused by oceanic thermal inertia. Climate feedbacks due to selected climate parameters such as 

incoming radiation, cloud cover, and CO2 are discussed. Warming obtained with our model 

compares with Intergovernmental Panel on Climate Change’s (IPCC) estimations.  

Application of our model to local regions illuminates the importance of evaporative 

cooling in determining derived air-sea temperature offsets, where an increase in the latter 

increases the systems overall sensitivity to evaporative cooling.  

In part 2, we wish to answer the fairly complicated question of whether global warming 

and an increased freshwater flux cause Northern Hemispheric warming or cooling.  Starting from 

the assumption of the ocean as the primary source of variability in the Northern hemispheric 

ocean–atmosphere coupled system, we employed a simple non–linear one–dimensional coupled 

ocean–atmosphere model similar to the “Aqua Planet” model but with additional advective heat 

transports. The simplicity of this model allows us to analytically predict the evolution of many 
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dynamical variables of interest such as, the strength of the Atlantic Meridional overturning 

circulation (AMOC), temperatures of the ocean and atmosphere, mass transports, salinity, and 

ocean–atmosphere heat fluxes. Model results show that a reduced AMOC transport due to an 

increased freshwater flux causes cooling in both the atmosphere and ocean in the North Atlantic 

(NA) deep–water formation region. Cooling in both the ocean and atmosphere can cause a 

reduction of the ocean–atmosphere temperature difference, which in turn reduces heat fluxes in 

both the ocean and atmosphere. For present day climate parameters, the calculated critical 

freshwater flux needed to arrest AMOC is 0.14 Sv. Assuming a constant atmospheric zonal flow, 

there is both minimal reduction in the AMOC strength, as well as minimal warming of the ocean 

and atmosphere.  

This model provides a conceptual framework for a dynamically sound response of the 

ocean and atmosphere to AMOC variability as a function of increased freshwater flux. The 

results are qualitatively consistent with numerous realistic coupled numerical models of varying 

complexity. 
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CHAPTER 1 

 

WHY IS THE OCEAN SURFACE SLIGHTLY WARMER THAN THE 

ATMOSPHERE? 

 

 
1.1 Synopsis 

 

In this chapter we wish to answer, on a global scale, how much warmer is the ocean than 

the atmosphere above it? To achieve that, we use an idealized, one-dimensional, non-linear, 

coupled ocean-atmosphere model (“Aqua Planet”). The importance of our model lies in its 

ability to compute an analytical solution for the global average temperatures of the ocean and the 

atmosphere. Initial results show that global mean ocean temperature is 291.1 K and the surface 

atmospheric temperature is 287.4 K. Hence, the surface ocean is 3.6 K warmer than the 

atmosphere above it.  

Temporal perturbation of the global mean solutions obtained for “Aqua Planet” was used 

to analyze the stability of the system. Assuming an insignificance temporal perturbation of 

shortwave radiation, the stability analysis for a homogenous system yields a stable system. With 

seasonal changes in shortwave radiation, the atmospheric anomaly of temperature shows 

oscillations of greater in magnitude to those obtained in the ocean. High thermal inertia of the 

ocean causes a lag in response time for anomalous fluctuations compared to those in the 

atmosphere.  

Model generated climate feedbacks due to incoming radiation, cloud cover, and CO2 

content were compared with recent Intergovernmental Panel on Climate Change’s (IPCC) 

estimations. The warming we obtained may not be accurate due to dominant responses from 

numerous other parameters at such extremes. An evaporative cooling sensitivity index derived 

for local regions increases as the ratio of local to global air-sea temperature offset increases. 
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1.2 Introduction 

The Earth’s climate is a product of interconnected and interdependent physical and 

dynamical processes and systems. The various climate components of the system —e.g., the 

atmosphere, hydrosphere, cryosphere, land surfaces, and biosphere— have their own sensitivities 

and response times to changes in external forcings (e.g., insolation) and thermodynamic 

properties. Interactions between these physical and dynamical systems can lead to changes in 

climate on various space and time scales. Air-sea interactions involve shallow boundary layers 

on both sides of the air-sea interface, where equilibration across it occurs over short timescales.  

 

1.2.1 Motivation 

Understanding climate variability and its feedbacks due to various climate parameters is 

far from complete. Many fundamental questions remain unanswered. In general, one would 

expect the ocean to be warmer than the overlying atmosphere since ~50% of incoming solar 

radiation is absorbed by the ocean, while less than 20% is absorbed in the atmosphere, which is 

largely heated from below. Therefore, one can raise the question, on a global scale, how much 

warmer is the ocean than the atmosphere above it. As a rule of thumb, the air-sea temperature 

difference (offset) needed for surface heat fluxes is taken as approximately 1.0 0C (Liu 1988).  

Using detailed measurements from 1938, Dietrich (1963) showed the ocean to be 0.80C warmer 

than the atmosphere. Sing et al. (2005), using monthly, global mean Sea Surface Temperature 

(SST) and air temperature, found a natural variance of the observed offset of 1.7 0C, 1.0 0C and 

0.7 0C for higher northern latitudes, southern higher latitudes, and the tropics, respectively.  

Our focus here is to obtain the air-sea temperature offset discussed above. In order to 

address this question, we need a better interpretation of the climate system. In most situations, 
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one can use sophisticated numerical models to determine the offset. However, results produced 

from such models do not distinguish individual interactions between thermodynamic processes. 

Hence, our approach is to find an analytical solution for temperature, in both the ocean and 

atmosphere, using a coupled climate model in a simple setting. Specifically, we shall use an 

idealized, one-dimensional, non-linear, coupled ocean-atmosphere model to improve our 

theoretical understanding of the role that coupling between atmospheric dynamics and oceanic 

mixed-layer thermodynamics have on the global mean air-sea temperature difference.  

 

1.2.2 Background – energy balance climate modeling 

Over the past decades, there have been various theoretical and observational studies 

examining climate variability –time scales longer than intra-seasonal –in part because of the 

availability of large amounts of data, as well as the development of state-of-the art numerical 

models. As a result, a variety of climate models have been developed, ranging in complexity 

from simple one-dimensional models that consider only global averages to complex three-

dimensional Global Circulation Models (GCMs).  

Classic simple energy balance climate models (e.g. Budyko 1969; Sellers 1969) 

discussed the effects of transport and ice – albedo effect. North (1975), who used a radiative 

balance climate model similar to Budyko – Seller’s, but with an additional diffusive heat 

transport, discussed the analytical solution to Budyko –Seller type models. All of these models, 

however, view the ocean and atmosphere as one layer and thus lack the ability to explain the role 

of coupling between them. 

The first attempt at obtaining a two-layer energy balance model was proposed by Dines 

(1917). In his model the ocean and atmosphere was coupled through surface heat fluxes. A 
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Dines- type two –layer model was recently adapted by Trenberth et al. (1997) for global energy 

budget calculations.  The utility of Dines- type two-layer models was later examined by Karmm 

and Dlugi (2010) and Link and Lüdecke (2011), where both used sensible and latent heat flux 

estimates from Trenberth et al.’s (1997) budget analysis. Readers may refer to Karmm and Dlugi 

(2010), Karmm and Dlugi (2011), and Link and Lüdecke (2011) for a detailed discussion of 

global energy balance models.  

Air-sea numerical coupling was first introduced in the late 1960s and early 1970s 

(Manabe and Bryan 1969; Bryan et al. 1975; Manabe et al. 1975). In these ocean-atmospheric 

General Circulation Models (GCMs), the fixed boundary condition provided by a slab ocean 

(uncoupled) is removed, as well as the negative feedback produced by it. Later, coupled GCMs 

were improved to include anthropogenic influences on climate (e.g., Gates et al. 1985; 

Schlesinger et al. 1985; Sperber et al. 1987; Bryan et al. 1988; Manabe and Stouffer 1988; 

Washington and Meehl 1989; Stouffer et al. 1989; Manabe et al. 1990; Cubaschet al. 1992; 

Manabe et al. 1992).  

A wide range of coupled models have been used over the past decades to help resolve 

climate issues. Complex coupled GCMs provide a more accurate climate signal, however they 

need large computational resources to produce results. Simple energy balance models with a 

simpler representation of physical and thermodynamical processes compared to GCMs, on the 

other hand, require less computational resources and are useful tool for studying feedbacks, 

sensitivities, and interactions within the climate system.  

 

 

 



5 

1.2.3 Current approach 

Here, we will compute the ocean and atmospheric temperatures analytically using a 

nonlinear, global, coupled ocean-atmosphere model. Our conceptual climate model represents an 

“Aqua Planet” (Fig. 1.1), where planet Earth is considered a box filled with water. Furthermore, 

the atmospheric box is in equilibrium with the oceanic box below. The model receives zero 

lateral influxes of heat, for both the ocean and atmosphere, because of the systems closed 

boundaries. Any communication between the ocean and atmosphere occurs via surface heat 

fluxes. At the top of the atmosphere, the atmosphere receives shortwave radiation and reemits 

some of that radiation back to space through long-wave radiation. At the bottom of the 

atmosphere, it receives heat released by the ocean surface. All heat transfer processes are 

parameterized using sea surface water temperature and surface atmospheric temperature. We 

shall obtain analytic solutions for this highly non-linear coupled ocean-atmosphere system. 

Furthermore, we shall discuss climate feedbacks due to select climate parameters, such as 

incoming radiation, cloud cover, and CO2 as well as compare model results with recent IPCC 

warming/cooling estimates. 

Next, we shall analyze the stability of the mean solution by introducing a temporal 

perturbation. Initially, we shall look for a homogenous system, and assume temporal perturbation 

of shortwave radiation is insignificant. Later, temporal variation of shortwave radiation (annual 

variation) will be included to understand the magnitudes of anomalous atmospheric temperature 

and surface water temperature fluctuations. Finally, we shall apply our model to marginal seas 

(e.g., Dead Sea, Caspian Sea, Mediterranean Sea, Red Sea, and Black Sea), at the equator (10S-

10N), in the sub-tropics (10N-40N), and at higher northern latitudes (40N-60N). This will 

illustrate regional variations of the air-sea temperature offset as compared to the global solution. 
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We shall, discuss the importance of the ratio of local-to-global temperature offset in determining 

local evaporative cooling.  

Organization of the remainder of this chapter is as follows. Section 1.2 presents a detailed 

description of the coupled ocean-atmosphere model; whereas section 1.2.1 deals with the 

governing thermodynamic equations and section 1.2.2 the parameterization of individual heating 

components. Resulting equations are algebraic, however their non-linearity makes the system 

analytically unsolvable. Thus, in section 1.3, we use an iterative solution, where we assume a 

known temperature and allow the error converges to zero. Results are discussed in section 1.4, 

where section 1.4.1 deals with the mean state and section 1.4.2 the feedbacks due to various 

climate parameters, such as incoming radiation, cloud cover, and CO2. Section 1.4.3 discusses 

the stability of the mean state to temporal perturbations, assuming a homogenous system. 

Temporal perturbation of incoming radiation (annual solar cycle) generates a non-homogenous 

linear system of equations. The solution of this system will be utilized to understand the 

magnitudes of anomalous atmospheric temperature and surface water temperature fluctuations in 

relation to seasonal radiation changes. In section 1.4.4 we will discuss regional variations of 

model output for specific areas such as marginal seas, tropics, sub-tropics, and northern higher 

latitudes. Finally, a summery and conclusion will be presented in section 1.5.    

 

1.3 Model 

1.3.1 Thermodynamic equations for the coupled ocean-atmosphere model 

We use a one-dimensional coupled ocean-atmosphere model in which the mixed oceanic 

surface layer is physically in contact with the uniformly mixed atmospheric layer above it 

(“Aqua Planet”). The model contains two independent variables: atmospheric surface 
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temperature (Ta) and water temperature (Tw). The interaction between the ocean and the 

atmosphere is implemented through surface heat fluxes (Fig. 1.1).  

The atmospheric heat budget is given by 

,LHEPLWsSH
a

SW
a

aaa QQIQQ
t

T
CpH +−++=

∂

∂
ρ       (1.1) 

where ρ is constant density, H is constant scale height, Cp is specific heat capacity at constant 

pressure, T is temperature, 
a

SWQ  is absorbed atmospheric shortwave radiation, QSH is sensible 

heat released at the sea surface, Is is net long-wave flux released at the sea surface to the 

atmosphere, QPLW is net long-wave radiation escaping into space and QLHE is latent heat due to 

evaporation. The subscript ‘a’ refers to the atmosphere. 

The oceanic heat budget is given as 

,LHEsSH
o

SW
w

www QIQQ
t

T
CpH −−−=

∂

∂
ρ        (1.2) 

where 
o

SWQ is absorbed oceanic shortwave radiation and the subscript ‘w’ refers to the ocean 

surface. 

 

1.3.2 Parameterization of heating components 

Heating components found on the right hand side of Eqs. (1.1-1.2) are parametrized 

below. All parameterizations are defined as functions of surface atmospheric and water 

temperatures.  

 

1.3.2.1 Solar radiation. Net solar heating in the atmospheric column is given as (e.g. 

Shell and Somerville 2005; Wang et al. 2004),  
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( ) ( )[ ] ( )[ ]{ } ,1/1/1 c

f

c

b

c

r

c

bcfbrbcsSWa RATAARATAAQQ αααα −++−+−=    (1.3) 

where α is surface albedo, Rf is reflectivity, Ab is  absorptivity, Tr is transmissivity of the 

atmosphere, such that  and , Ac is cloud cover and Qs is 

average global incoming solar radiation at the top of the atmosphere The subscript “a” and the 

superscript “c” refers to the atmosphere and a cloudy sky, respectively. Optical properties of the 

atmosphere for a clear and cloudy sky are given in Wang et al. (2004).  

Net solar heating in the water column is given as 

( ) ( ) ( )[ ] ( ) ( )[ ]{ } .1/11/11 c

f

c

rcfrcsSWo RTARTAQQ αααα −−+−−−=     (1.4) 

 

1.3.2.2 Sensible and latent heat. Sensible (QSH) and latent heat (QLHE) fluxes are 

parameterized using traditional aerodynamic bulk formulae. At the surface, sensible heat flux is 

given by, 

,)( awahaSH TTUCpCQ −= ρ          (1.5) 

where Ch is the transfer coefficient for temperature and U is velocity at 10m above the ocean 

surface. The subscripts ‘w’ and ‘a’ refer to the ocean surface and the air boundary level, 

respectively. 

 Latent heat released due to evaporation at the surface is given by, 

,)( awDEaLHE qqUCLQ −= υρ          (1.6) 

where  Lν is latent heat of evaporation, CDE is the transfer coefficient for humidity, and q is 

specific humidity. Latent heat is a function of saturation vapor pressure, which in turn is a 

function of the surface temperature. Following Hartmann’s (1994) simplification approach for 

1=++ rfb TRA 1=++ c

r

c

f

c

b TRA
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latent heat (readers may refer to section 4.6 in Hartmann (1994) for a more detailed derivation), 

gives,  

,)()1(
*

*














−+−= aw

w
T

w
wDEaLHE TT

T

q
RHRHqUCLQ

∂

∂
ρ υ      (1.7) 

where RH is relative humidity (0 < RH <1) and  is the saturation vapor-mixing ratio at the 

ocean surface. Since QLHE is a positive quantity, Tw >Ta always holds true. Although RH is a 

function of temperature, we shall assume RH to be constant (~0.85), as any change due to 

temperature fluctuations is minimal.  

Note that, using the Clasius–Clapeyron relationship, the saturation vapor pressure is 

expressed as ( )( )( )wTTRL /1/1/exp e=e 00s −υυ , where es is surface vapor pressure, e0 is a 

reference vapor pressure, T0 is a reference temperature, and Rν is the gas constant.  

By definition, saturation vapor pressure is given by asw Peq /* ε= , where ε is a constant 

obtained from the ratio of Rd /Rν , Rd is the dry air constant, and P is surface pressure. Defining 

the Bowen ratio (Be) as ( )( ) 1* //
−

wwa dTdqLCp υ , and using the above expression for 
*

wq , Eq. (1.7) 

can be simplified to  

.)()1(*









−+−= aw

a

wDEaLHE TT
L

Cp

Be

RH
RHqUCLQ

υ

υ ρ      (1.8) 

 

1.3.2.3 Surface and planetary long-wave radiation. Long-wave radiation emitted by 

the ocean surface can either be absorbed by the atmosphere or escape into space. In this study, 

the Fanning and Weaver (1996) parameterization is used. 

*

Wq
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Upward long-wave radiation emitted by the ocean surface is absorbed by greenhouse 

gasses in the atmosphere and is reemitted back to the ocean surface. Hence, net long-wave 

radiation at the ocean surface (Is) is 

44

aawws TTI σεσε −= ,          (1.9) 

where ε is emissivity and σ is the Stefan –Boltzmann constant. The subscripts ‘w’ and ‘a’ refer to 

the ocean surface and the atmosphere.  

Outgoing long-wave radiation is parameterized as a function of surface temperature (Ta), 

height mean relative humidity ( ) for clear and cloudy sky conditions, and radiative forcing 

due to changes in atmospheric CO2 concentration (e.g. Thompson and Warren 1982, Weaver et 

al. 2001). Thus, planetary long-wave emission is given by 

,21 RARQ cPLW −=           (1.10) 

for  

( ),/)(ln, 0

3

3

2

2101 CtCFTaTaTaaR aaa ∆−+++=  

( ) ( ) ( ) ( )

( ) ( )( )( ),
,,

543

2

210,112

nRHnTTTTn

TTnTTnnRHTRRHTRR

caca

cacaca

++−−+

−+−++−=
 

,
2

2010000 RHmRHmma ++= ,
2

2111011 RHmRHmma ++= ,
2

2212022 RHmRHmma ++=  

.
2

2313033 RHmRHmma ++=
 

where Tc is cloud top temperature, C(t) is atmospheric CO2 concentration, C0 is present day value 

of CO2 (350 ppm), and ΔF = 5.77 W m-2 is a constant radiative forcing of 4 W m-2 for a doubling 

of CO2.  Readers may refer to Table 3 and Table 4 of Thompson and Warren (1982) for 

constants used. Eq. (1.10), therefore, simplifies to 

        (1.11) 

RH

,3

3

2

210 aaaPLW TATATAAQ +++=
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where, 

 

 

 

 

1.4 Exact solution to the “Aqua Planet” 

We have Eqs. (1.1) and (1.2) for two unknowns Tw and Ta, which are the independent 

variables in this problem. Although Eqs. (1.1) and (1.2) are algebraic, they are nonlinear (e.g. 

latent heat). A numerical scheme can be used to solve this system of nonlinear equations, 

however our goal is to obtain analytical solutions. Therefore, first we will investigate a steady 

state solution (i.e. d/dt�0). Adding Eqs. (1.1) and (1.2), and substituting using Eqs. (1.3) – 

(1.11) leads to a simple analytical cubic expression for the atmosphere. 

( ) ,001

2

2

3

3 =+−+++ SWaSWoaaa QQATATATA       (1.12) 

where “bar” denotes the steady state mean solution. Eq. (1.12) has three possible solutions, but 

we will only consider real physical solutions.  

To obtain an algebraic equation for , we simply substitute the real physical solution aT  

from Eq. (1.12) into a steady state of Eq. (1.2). However, since the saturation vapor pressure 

( )*

wq  is nonlinear (refer Section 1.2.2.2), we must linearize 
*

wq  around a known temperature ( )wT̂ . 

An iterative solution –satisfying 0ˆ ≈−= Ww TTerror – is utilized to obtain an exact solution, 

where the known temperature ( )wT̂  satisfies the condition
( )

1
ˆ

<<
−

W

WW

T
TT

. The linearization of 

( ) ( ) ( )
( )( ),

/)(ln

4

2

53

2

210

3

3

2

21000

ccc

ccccccc

TnTnRHnA

TnTnnATaTaTaACtCFaA

−+−

+−−+++∆−=

( ) ( ) ( )( ),221 4532111 nTnRHnATnnAaAA ccccc −+−−−−=

( ) ( ) and,1 53222 nRHnAnAaAA ccc +−−−= ( ) 33 1 aAA c−=

wT



12 

*

wq  can be found in Appendix B. Substituting Eqs. (B3) and (B4), the linearization of 
*

wq , into 

Eq. (1.2), we obtain an algebraic equation for water temperature ( )
wT , 

( )

( )
.01)()1(1
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υ

ρρ

σε
ρ

ρσε

 (1.13) 

Eq. (1.13) has four roots, however we will only consider real positive solutions for the 

ocean. For mean global climate parameters, we will evaluate Eqs. (1.12) and (1.13) to obtain 

average global temperatures for the surface ocean and atmosphere.  

 

1.5 Results and discussion 

1.5.1 Mean condition 

Solutions obtained from Eqs. (1.12) and (1.13) are presented below for present climate 

parameters. To complete the discussion, we will later discuss various climate feedbacks such as 

changes in solar constant, cloud cover, and CO2 concentration. We will compare our warming 

due to these feedbacks with recent IPCC results.  

As with any climate model, the first thing we need to do is validate it. This is done by calculating 

mean oceanic and atmospheric temperatures and comparing them to observations. Present 

climate parameters (zonal mean) used are; ,1025 3−= mkgWρ  ,25.1 3−= mkgaρ  ,0009.0=hC  

,4000 11 −−= KkgJCpw  ,1030 11 −−= KkgJCpa  ,0 0

0 CT =  ,96.0=Wε  ,84.0=aε

,1067.5 428 −−−= KmWxσ  ,85.0=RH  ,105.2 16 −= kgJxLυ  ,461 11 −−= kgKJRυ  
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,00135.0=DEC  ,6110 Pake =  ,622.0=ε  ,5 1−= smU  ,10013.1 5 PaxP =  0.1967,=bA  

0.0651,=fR ,64.0=cA  ,1.0=α  0.1821,=c

bA  and .0.2962=c

fR   

Considering only real positive solutions of Eqs. (1.12) and (1.13) we get 287.3745 K and 

291.0564 K for the atmosphere and ocean, respectively. Thus, the mean ocean is 3.6819 K 

warmer than the mean atmosphere above it. Based on data from the global meteorological 

network, as well as weather satellites, global mean surface temperature is  (Kramm 

& Dlugi, 2011). This is in agreement with our solution for the atmosphere, however contradicts 

Dietrich’s (1963) observations, which were based on detailed measurements taken in 1938 that 

included seasonal variations (annual).  

The solution for a cloud free atmosphere (i.e. cloud cover (Ac) = 0) becomes 304.9850 K 

and 303.4306 K for the ocean and atmosphere, respectively, which agrees with the planetary 

radiative equilibrium solution derived using a simple greenhouse model (e.g. section 6.4.3 in 

Petty 2006).   

Our model is limited in its ability to compute planetary radiative equilibrium temperature 

for no atmosphere, since the parameterization used for planetary long-wave radiation is empirical 

and therefore includes the atmosphere in its constants (Note that, assuming black-body emission 

by the Earth’s surface, planetary equilibrium temperature for no atmosphere is defined as

[ ] 4/1
/)1( σεα EESE QT −= , where 13.0,4/1360 === EES andQ εα ).  

 

1.5.2 Climate sensitivity and the feedbacks 

To complete the discussion, we now present a sensitivity analysis of our conceptual 

climate model, including feedbacks, for the following climate parameters - solar constant, CO2 

concentration, and cloud cover. Varying the abovementioned parameters over a range, we shall 

KTobs 288=
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investigate the evolution of our analytical solution. It is important to note that, the expected 

warming may not be precise due to dominant feedbacks from various other parameters at such 

extremes. As summarized by the IPCC Fifth Assessment Report (AR5) "there is high 

confidence that equilibrium climate sensitivity (ECS) is extremely unlikely less than 1 K 

and medium confidence that the ECS is likely between 1.5 K and 4.5 K and very unlikely greater 

than 6 K". 

 

1.5.2.1 Solar constant. Sensitivity of mean global surface temperatures in both the ocean 

and atmosphere is obtained by changing average global incoming solar radiation. A change in 

the solar constant implies a change in incoming solar radiation, which is derived by multiplying 

the solar constant (S0 =1360 W m-2) by a constant factor. A 2% increase in solar radiation is 

equivalent to a doubling of the atmospheric CO2 concentration (Shell and Somerville 2005). 

Hence, we shall set the radiative forcing term in the outgoing long-wave radiation term to be 

zero, meaning any sensitivity is solely due to a change in incoming radiation. The resultant 

warming is equivalent to an atmosphere where CO2 is doubled. Fig. 1.2 illustrates the evolution 

of surface temperatures sensitivity to a change in the normalized solar constant. For a cloudy 

sky, a 2% increase in solar constant results in a warming of 4.5042 K and 5.4914 K in the surface 

of the ocean and atmosphere, respectively. Although our surface warming lies within the limits 

given in IPCC AR5, the sensitivity for a 2% increase in solar radiation lies above the IPCC AR5 

medium confidence. For a cloud free sky, a 2% increase in solar constant causes a 3.2035 K and 

2.7466 K warming in the atmosphere and ocean, respectively (Fig. 1.3). Thus, our conceptual 

model’s surface warming for a cloud free sky is within the IPCC AR5 medium confidence 

.   
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1.5.2.2 Cloud amount. Fig. 1.4 shows the evolution of surface temperatures in both the 

ocean and atmosphere for a varying cloud cover. We see that, an increase in cloud cover 

decreases the surface temperature while increasing the ocean-atmosphere temperature difference 

(Fig. 1.5). Thus, clouds have a negative feedback on climate. Fig. 1.6 illustrates the evolution of 

surface temperature change (ocean and atmosphere) with respect to normalized cloud cover. A 

20% increase in cloud cover results in roughly a 60C and 80C cooling in the ocean and 

atmosphere, respectively.  

1.5.2.3 CO2 concentration. Setting the incoming radiation to a constant, we shall 

examine the evolution of surface temperature change in the ocean and atmosphere with respect to 

a changing CO2 concentration. The resultant warming (Fig. 1.7) due to a doubling of CO2 is 

3.4632 K and 4.3911 K in the surface of the ocean and atmosphere, respectively. The above 

results show good agreement with the IPCC AR5 assessment. 

 

1.5.3 Perturbation to the mean solution 

For simplicity, we shall re-parameterize the complex outgoing long-wave radiation into a 

simpler form. Assuming gray body emission, we use Fanning and Weaver’s (1996) 

parameterization for planetary long-wave emission. Hence, we get 

,4

aPPLW TQ σε=           (1.14) 

where is planetary emissivity. Planetary emissivity will be obtained from a balance between 

net solar radiation and the outgoing blackbody radiation, where .  

Perturbation of temperatures around the mean solution can be defined as 

andTTT aaa

'+=            (1.15) 

Pε

4/ asP TQ σε =
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,'
www TTT +=            (1.16) 

where the ‘overbar’ denotes a time mean and ‘prime’ denotes a small temporal perturbation. 

Using Eqs. (1.15) and (1.16), we linearize Eqs. (1.1–1.9) and (1.14) assuming
( )

1
'

<<
−

J

JJ

T
TT

, 

where subscript “J” can be “w (ocean)” or “a (atmosphere)”. See Appendix C for the 

linearization. We will build a simple perturbed climate model (anomaly model) for the “Aqua 

Planet” given in Eqs. (1.1) and (1.2), using Eqs. (C1–C6), ignoring products of anomalies, which 

are assumed to be small, anomalous heat content in the atmosphere is derived as, 
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Eq. (1.17) can be further simplified to  
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where  

,/'
0 aaaSWa CpHQa ρ=   

( )[ ]{ },4//1 32

1 wwwLHEwaha TTRLQTBeRHUCpCa σερ υυ +++=  

( )[ ]{ } and,4/1 3

2 aawaha TTBeRHUCpCa σερ ++=  .4 3

3 aP Ta σε=  

A similar analysis can be done for the oceanic heat balance given in Eq. (1.2), such that 
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Eq. (1.19) simplifies to  
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where ./'
0 wwwSWo CpHQc ρ=  

The matrix form of Eqs. (1.18) and (1.20) is,  
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The above equation is equivalent to ( ),' tfXAX
rrr

+=  where  
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By definition the general solution is ( ) ( ) ( ) ( ) ( ) ( ) ( ) ,00
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where ( ) [ ]2211 )exp()exp( vtvttM
rr

λλ=  such that 21 λλ and  refer to eigenvalues of the 

homogeneous system. 21 vandv
rr

 are then the corresponding eigenvectors. Substituting in for 

present day climate parameters, given in section 1.4.1, the obtained eigenvalues and eigenvectors 

are .
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=−=−= −− vandvxx λλ  The solution to the 

homogenous system is 
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=

8164.0

1
)exp(

0233.0

1
)exp( 2211 tCtCX h λλ , where C1 and C2 are 

constants derived from initial conditions and the subscript “h” refers to the homogenous solution. 

As time goes to infinity (i.e., t�∞), the magnitude of X (t) decreases to zero, and as time goes to 

zero (i.e., t�0) X (t) reaches a fixed point (i.e., d/dt�0) given by an initial condition. The phase 
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portrait for this homogenous system shows a stable system explained above (Fig. 1.8).  Solutions 

obtained for a non-homogenous system (Fig. 1.9), by including temporal variations of insolation, 

reveal the magnitude of oscillations in air temperature anomaly is greater compared to those 

obtained in the ocean. A phase shift in the oscillations (a lag in the ocean) is caused by thermal 

inertia of the ocean.  

 

1.5.4 Regional applications 

To illuminate the importance of various regional dynamical processes, such as 

evaporative cooling, we formed a simple index that compared regional air-sea temperature 

difference with the global offset. Specifically, we applied our conceptual model to marginal seas 

(e.g., Caspian Sea, Dead Sea, Red Sea, Black Sea, and Mediterranean Sea), the Gulf of Mexico, 

the equator (10S-10N), the subtropics (10N-40N), and the northern higher latitudes (40N-60N). 

Although temperature offsets obtained are generally close to observed values, we caution against 

taking individual temperatures in each medium for certain regions at face value. As an example, 

the temperature we derived from the “Aqua Planet” solution may not be true for the tropics due 

to the absence of lateral and vertical heat transfer processes in our model. That said, solutions 

obtained for marginal seas are in good agreement with those observed in the ocean and 

atmosphere. The easiest index we can derive is the simple ratio of regional to global temperature 

offsets (  where ,”bar” denotes the global mean). Since, for fixed RH, the 

latent heat flux is proportional to the air-sea temperature offset, one may argue that the higher the 

ratio the higher the evaporative cooling is. We can further elaborate on this idea by explicitly 

incorporating latent heat into the ratio r. Thus, we will determine latent heat change with respect 

to the air-sea temperature offset. Differentiating Eq. (1.8) with respect to ψ gives 

,/ψψ=r
aw TT −=ψ
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( ) ( )[ ] ./212*2

wwsDEawLHELHE TTRLUqLCTRLQQ ψρψ υυυυυ −+=∂∂    (1.22) 

We define an evaporative cooling sensitivity parameter 

1

1
−










∂

∂
=

r

QLHE

ψ
λ , where the 

“bar” denotes the mean global air-sea temperature offset obtained in section 1.4.1 for a cloud 

free atmosphere. In order to calculate the air-sea temperature offset for marginal seas, we use the 

Clouds and the Earth's Radiant Energy System (CERES) climatological shortwave flux data. 

This means, Eq. (1.22) will give different values for different seas. For fixed RH, Fig. 1.10 

shows the rate at which the evaporative cooling sensitivity parameter (λ) increases for an 

increasing air-sea temperature offset. We can relate this idea to Ben-Sasson et al. (2009), who 

showed that maximum evaporation rate occurred during winter and was very small in summer. 

In winter, the air-sea temperature offset is positive and, therefore, the evaporation is a maximum 

due to atmospheric instability. The opposite occurs during summer. This means, for higher air-

sea temperature offsets, we get higher evaporative cooling. In cases where ψ is negative, the 

index λ is still positive and greater than unity, indicating that the ocean is cooler than the 

atmosphere above it.  

 

1.5 Summary and conclusion 

A one-dimensional simple box model coupling the non-linear ocean and atmosphere has 

been developed to determine air-sea temperature differences. The significance of this simple 

model lies in its analytical solution. Our model was able to compute long-term time mean 

temperatures for the ocean surface and atmosphere above it. Non-linearity made the system of 

heat equations un-solvable analytically. Although a numerical solution is possible, our goal was 

to find an analytical solution. Thus, an iterative solution was obtained by assuming a known 
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temperature and using the Taylor expansion method. Results obtained for the global climate 

show good agreement with observations. 

The use of our model was demonstrated through a series of analyses. Temporal 

perturbation of the mean global solution obtained for “Aqua Planet” was used to determine the 

stability of the system, showing a stable system. Although the mean ocean is warmer than the 

mean atmosphere above it, atmospheric anomaly is greater in magnitude to those found in the 

ocean. High thermal inertia of the ocean causes a lag in response time for anomalous fluctuations 

compared to those in the atmosphere.  

Climate feedbacks due to incoming radiation, cloud cover, and CO2 content was 

discussed next. The warming we obtained may not be accurate due to dominant responses from 

numerous other parameters at such extremes. As an example, the warming obtained for a 2% 

increase in solar radiation for a cloudy sky, which lies above the IPCC AR5 medium confidence, 

is possibly due to (1) large positive vertical water vapor feedback (from planetary long-wave 

radiation) and (2) a lack of negative lapse rate feedback to balance the shortwave radiation’s 

positive feedback. 

To complete the discussion, we applied our simple model to marginal seas (e.g., Black 

Sea, Caspian Sea, Red Sea, Mediterranean Sea, Red Sea, and Dead Sea), the tropics (10S-10N), 

the sub-tropics (10N-40N), and the northern higher latitudes (40N-60N). Our model solutions for 

enclosed seas approximate observations reasonably well. The evaporative cooling sensitivity 

parameter we derived illustrates that, increases in the ratio of global-to-local air-sea temperature 

offset leads to increases in evaporative cooling, and therefore an increase in the sensitivity.  
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Figure 1.1: Illustration of the conceptual air-sea coupled global model (“Aqua Planet”), a one-

dimensional box in which the mixed oceanic layer is physically in contact with the uniformly 

mixed atmospheric layer above it. Qs is net solar radiation at the top of the atmosphere; QSW is 

absorbed shortwave radiation and H is scale height, where subscripts ‘a’ and ‘w’ refer to the 

atmosphere and ocean, respectively; QPLW is net long-wave flux out into space; QLHE is latent 

heat released at the surface due to evaporation and QSH is surface sensible heat loss to the 

atmosphere. 
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Figure 1.2: Change in temperature of the surface ocean and atmosphere with respect to a 

normalized solar constant for a cloudy sky. S0 is the solar constant. The normalization is achieved 

by dividing the solar constant by the present day solar constant (S0= 1360 W m-2). A 2% increase 

in the solar constant is equivalent to a doubling of CO2 in the atmosphere. Warming due to a 2% 

increase in the solar constant is shown by the vertical arrows. For a cloudy sky, a 2% increase in 

the solar constant results in a 4.5042 K and 5.4914 K warming in the surface ocean and 

atmosphere, respectively.  
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Figure 1.3: Change in temperature of the surface ocean and atmosphere with respect to a 

normalized solar constant for a clear sky. S0 is the solar constant. The normalization is achieved 

by dividing the solar constant by the present day solar constant (S0= 1360 W m-2). A 2% increase 

in the solar constant is equivalent to a doubling of CO2 in the atmosphere. Warming due to a 2% 

increase in the solar constant is shown by the vertical arrows. For a clouds free sky, a 2% 

increase in the solar constant causes a 3.2035 K and 2.7466 K warming in the atmosphere and 

ocean, respectively. 
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Figure 1.4: The evolution of surface temperature in both the ocean and atmosphere for changing 

cloud cover. It is shown, that an increase in cloud cover decreases the surface temperatures in 

both the ocean and atmosphere. 
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Figure 1.5: The evolution of air-sea temperature difference for varying cloud cover. Although an 

increase in cloud cover decreases individual surface temperatures in both the ocean and 

atmosphere (Fig. 1.4), it also increases the air-sea temperature offset 
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Figure 1.6: Evolution of surface temperature change (ocean and atmosphere) to a normalized 

cloud cover. A 20% increase in cloud cover results in roughly a 60C and 80C cooling in the ocean 

and atmosphere, respectively. The vertical arrows denote temperature change corresponding to a 

20% increase in cloud cover. Ac is cloud cover. 
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Figure 1.7: Evolution of surface temperature (ocean and atmosphere) to changes in CO2 

concentration in the atmosphere. The resultant warming due to a doubling of CO2 is 3.4632 K 

and 4.3911 K in the surface ocean and atmosphere, respectively. 
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Figure 1.8: The phase portrait for the homogenous system, derived from a temporal perturbation 

of the mean solution of the “Aqua Planet”. It shows a stable system. 
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Figure 1.9: The solution obtained for a non-homogenous system, by including temporal 

variation of insolation. The magnitude of the oscillation amplitudes of atmospheric temperature 

anomaly is greater to those found in the ocean. A phase shift in the oscillations (specifically a lag 

in the ocean) is due to the high thermal inertia of water compared to air. 
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Figure 1.10: Application of the idealized “Aqua Planet” model to local regions (e.g. Caspian 

Sea, Dead Sea, Red Sea, Black Sea, and Mediterranean Sea, Gulf of Mexico, equator (10S-10N), 

subtropics (10N-40N), and northern higher latitudes (40N-60N)). A linear fit is shown as a red 

line. For a fixed relative humidity, increasing sensitivity of evaporative cooling increases surface 

evaporation, which in turn increases air-sea temperature offsets. 
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CHAPTER 2 

 

GLOBAL WARMING AND LOCAL COOLING 

 

 
2.1 Synopsis 

 

We focus on answering the question of whether global warming and an increased 

freshwater flux can cause Northern Hemispheric warming or cooling.  Here we employed an 

idealized one-dimensional, non-linear, coupled air-sea model similar to the “Aqua Planet” 

model with additional advective heat transfer processes in the ocean. The simplicity of the model 

allows us to analytically predict the evolution of the strength of the Atlantic Meridional 

overturning circulation (AMOC), temperatures of the ocean and atmosphere, mass transports, 

salinity, and ocean-atmosphere heat fluxes.  

Preliminary results show that a reduced AMOC transport due to an increased freshwater 

flux causes cooling in both the atmosphere and ocean in the North Atlantic (NA) deep-water 

formation region. This is in agreement with recent observations and numerous numerical model 

results. We also show that cooling in both the ocean and atmosphere can cause a reduction of the 

ocean-atmosphere temperature difference, which in turn reduces heat fluxes in both the ocean 

and atmosphere. The calculated critical freshwater flux needed to shut off the AMOC is 0.14 Sv.  

For constant atmospheric zonal flow, there is minimal reduction in the AMOC strength, 

as well as minimal warming of the ocean and atmosphere.  
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2.2 Introduction 

Understanding the variability of the Atlantic Meridional Overturning Circulation 

(AMOC) is key to understanding the profound implications of climate variability. The AMOC, 

which varies over a range of time scales, is responsible for the poleward heat transport in the 

subtropical North Atlantic (NA) regulating climate in northwestern Europe. The deep southward 

outflow of cold North Atlantic Deep Water (NADW) is balanced by a warm influx of northward 

surface flow from the south (e.g. Gulf Stream). This circulation regulates the equator-to-pole 

heat imbalance, and results in a mild climate over northwestern Europe. 

 

2.2.1 Motivation 

Motivation for this study was fueled by Rahmstorf et al. (2015)’s findings – based on 

several lines of observations – that, slowing of the AMOC due to freshwater released from 

melting Greenland ice sheets resulted in cooling over northwestern Europe. Here we shall 

illuminate how a reduction in the AMOC strength can cause local cooling near the convection 

site despite global warming.  

A simple box model corresponding to the coupled ocean–atmosphere system will be used 

to quantify the slowing of the AMOC due to an increasing freshwater flux. The significance of 

this one-dimensional non-linear model lies in its analytical solutions, which are in agreement 

with previous observational and numerical studies (e.g., Rahmstorf et al. 2015, Rahmstorf 2006, 

Rahmstorf 1996).  The interpretation of our model results will add to the current debate on global 

warming that was peeked in with the discussion of global cooling (rapid end of interglacial 

period) in early 1970s  (e.g. Kukla and Mathews 1972). 
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2.2.2 Connection to global warming 

Both current (5th) and previous (4th) Intergovernmental Panel on Climate Change 

(IPCC) reports suggest a slowdown of the AMOC in the 21st century is “very likely” (90% 

probability), due to global warming attributed to human activities. The IPCC predicts a 12%-

54% slowdown by 2100 if emissions continue at the current rate. Cubasch et al. (2001) 

suggested, based on coupled climate models, that the slowing of the AMOC is a result of 

anthropogenic increases in atmospheric CO2. Vellinga and Wood (2002) suggested that shutting 

down of the AMOC would result in a 4-80C cooling over northwest Europe. 

 

2.2.3 Background - observations 

Based on ice and sediment cores, Bard (2002) showed that over the past 110,000 years 

temperature fluctuations of the Greenland atmosphere, which paralleled temperature fluctuations 

of the NA sea surface, (Fig. 2.1) are an indication of different modes of the AMOC. Temperature 

minima recorded prior to the Holocene (11000 years before present) were a result of deglaciation 

releasing huge sheets of ice into the NA Ocean (also known as Heinrich events). These Heinrich 

events reduced the strength of the AMOC and hence cooled the NA region. However, the 

opening of the Bering Strait (BS) at the beginning of the Holocene (Fig. 2.1) caused an abrupt 

increase in temperature of both the ocean and atmosphere (De Boer and Nof 2004, hereafter 

DN04; Sandal and Nof 2008a, hereafter SN08a) and stabilized the AMOC.  

The first observational estimates of the AMOC provided us with both its structure and 

magnitude, however, due to a scarcity of snapshots, limited information was available on AMOC 

variability (Bryden and Hall 1980; Roemmich and Wunsch 1985). Initial estimates were based 

on transatlantic hydrographic sections, and continuous measurement of AMOC variability started 
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in 2004 (Cunningham et al. 2007) at 260N. The Rapid Climate Change-Meridional Overturning 

Circulation and Heat flux Array (RAPID-MOCHA) observational program at 260N (started in 

2004) provides a continuous observational system for measuring AMOC strength over a range of 

time scales (Johns et al. 2011; McCarthy et al. 2015). Using five hydrographic sections at 260N 

from 1957-2004, Bryden et al. (2005) suggested the AMOC has slowed by 30%. Cunningham et 

al. (2007) propose this 30% reduction to be part of the sub-annual variability of the AMOC. 

Using RAPID observations, Smeed et al. (2004) calculated the AMOC to be slowing at a rate of 

0.5 Sv/yr. Recently, Frajka‐Williams (2015) showed that by using satellite Sea Surface Height 

(SSH) data, over large spatial and temporal scales, to measure AMOC strength, recovers 90% of 

the variability obtained from the RAPID array. 

 

2.2.4 Background - modeling 

Over the past few decades, there have been numerous studies attempting to understand 

the AMOC variability, partly due to the development of sophisticated numerical models. 

Consequently, a variety of complementary models have been developed, ranging in complexity 

from simple conceptual models (Stommel 1961) to complex three-dimensional models that 

simulate physical, chemical, and biological components (e.g. Rahmstorf et al. 2005; Stouffer et 

al. 2006; Gregory et al. 2005; Meehl et al. 2007; Schmittner et al. 2005; Schneider et al. 2007, 

Cheng at al. 2013). Though high-resolution numerical models provide a more realistic picture of 

the variability, they lack the ability to provide detailed understanding of individual processes. 

For this reason simple mathematical models are employed, as they are capable of detailed 

examination of physical and thermodynamic processes. Stommel (1961) first proposed a 

classical conceptual box model for the AMOC variability. There are only a few conceptual 
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models adapted to the AMOC variability that couple ocean-atmosphere moisture and heat 

budgets (e.g. Nakamura et al. 1994; Marotzke and Stone 1995; Marotzke 1996; Rahmstorf 1996; 

Krasovskiy and Stone 1998; Shaffer and Olsen 2001; Zickfeld et al. 2004; Longworth et al. 

2005; Taboada and Lorenzo 2005; Lucarini and Stone 2005; Colin de Verdie`re 2010; Stone and 

Krasovskiy 2011; Ou 2012). In the above referenced models, the parameterization for 

thermohaline circulation was based on the horizontal pressure gradient, and ocean–atmosphere 

coupling was achieved through restoring surface boundary conditions (as proposed by Haney 

1971).  

In other conceptual models, thermohaline circulation was parameterized using Southern 

Ocean winds (De Boer and Nof 2004; Sandal and Nof 2008b, hereafter SN08b).  In SN08a, b 

and Nof et al. (2010), ocean–atmosphere coupling was achieved by requiring an identical ocean 

and atmospheric transport in the Ekman layers of both the ocean and atmosphere, defined as a 

relaxation closure condition. In both studies, the authors only included sensible and latent heat 

transfer at the surface, removing any heat transfer associated with radiation. Justification for this 

was based on heat flux maps of the global ocean (Nof et al. 2010). Both SN08a, b and Nof et al. 

(2010), found that atmospheric warming in the vicinity of the convection site occurred (~O 

(1000 km)) in response to a slowing of the AMOC due to freshwater input. The corresponding 

warming is approximately 30C for a 50% reduction in mass transport. Nof et al. (2010) studied 

the closure condition used in SN08a, b by changing the mass transport ratios. They found that in 

extreme conditions where the atmospheric transport is independent of the AMOC, both the 

atmosphere and ocean cool weakly and the corresponding reduction in heat flux is negligible. 

Using an idealized box model, Behl et al. (2014) argued that there is an “asymptotic state” where 

a decrease in the AMOC transport does not cause substantial change in the convective 
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atmospheric transport, the outgoing atmospheric temperature, nor the heat flux from the ocean to 

the atmosphere at the convection site. Their model differed from SN08a and Nof et al. (2010) by 

taking into account buoyancy driven convection in the atmosphere. However, they eliminated 

ocean convection and freshwater forcing, assuming ocean transport to be an independent 

variable. 

We present here a dynamically sound response of the ocean and atmosphere to the 

AMOC variability using a simple model with intermediate complexity. Our model is an 

extension of SN08a, b and Nof et al. (2010) but without the closure condition used in their 

models. We also eliminated advective atmospheric heat transport, which we show later varies 

minimally under the extreme condition of constant atmospheric transport. The ocean and 

atmosphere are coupled through surface heat fluxes, namely, sensible heat, latent heat, and 

surface long-wave radiation. Thus, the atmospheric model receives heat from the ocean surface 

and the top of the atmosphere. We shall argue here, that the reduction in the AMOC due to an 

increasing freshwater flux indeed causes cooling in the convection region and the atmosphere 

above it. 

 

2.2.5 Current approach 

The present study offers a means to quantify the slowing of the AMOC and the resultant 

oceanic and atmospheric temperature change in the deep-water formation region in the NA 

Ocean, using a nonlinear, coupled ocean-atmosphere model. Resulting algebraic equations 

provide analytical solutions for ocean and atmospheric temperatures and deep-water formation 

rate.  
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Our conceptual climate model is an extension of SN08a, b and Nof et al. (2010). Note 

that, unlike the above-mentioned studies, our modeled ocean and atmosphere imply a radiative 

heat transfer (Fig. 2.3). The coupled model is forced only by the ocean and hence we do not 

utilize the key closure condition - given as equal mass transport in both Ekman layers of the 

ocean and atmosphere - used in SN08a, b. We shall, however, simplify the model by using two 

extreme conditions, zero and constant atmospheric transport. Our atmospheric model receives 

heat from both the ocean surface and the top of the atmosphere, and contains no advective or 

convective heat transports. Surface coupling through heat fluxes at the surface eliminates the 

need for the closure condition employed in SN08a, b. As in SN08b, we incorporate the island 

rule (Godfrey 1989; Nof 2000) to calculate ocean transport into the deep-water formation region. 

The NA deep-water formation region is treated as a box that receives warm salty water from the 

southern ocean and cold fresh water from the Pacific Ocean (through the Bering Strait). Heat, 

mass, and salt are all conserved within the ocean box, and a convection condition allows 

movement of water from the surface layer to the bottom layer. The atmosphere above the deep-

water formation region is in equilibrium with the ocean, with ocean-atmosphere communication 

occurring via surface heat fluxes. The atmospheric component is a zonally averaged 

simplification of the two-dimensional atmospheric model developed by Fanning and Weaver 

(1996), hereafter, FW96.  Here the atmosphere receives solar radiation at the top, where some is 

reemitted back to space through long-wave radiation. We will look for energy balance equations 

for both the atmosphere and ocean. All heat transfer processes are parameterized using surface 

water and atmospheric temperatures.  

Section 2.2 of this chapter describes the coupled ocean and atmospheric model in detail, 

where section 2.2.1 deals with the island rule calculations and section 2.2.2 and 2.2.3 the 
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governing heat and salt equations, respectively. Although the resulting equations are algebraic, 

they are not easily solved. Thus, in section 2.3, we shall use a perturbation method and linearize 

the system around a mean state, where the mean state is simply the condition with zero 

horizontal influx of heat or salt. From the linearized equations we obtain analytical solutions for 

an open Bering Strait. In section 2.4, evolution of the analytical solutions to a variable freshwater 

flux is discussed. Lastly, section 2.5 of this paper shall describe the AMOC variability and 

resulting ocean-atmosphere response under the extreme condition of a constant zonal advective 

atmospheric transport. 

 

2.3 Model 

2.3.1 Adaptation of the Thermodynamic Island Rule 

Our focus in this section is to include the effects of horizontal influx of mass, heat, and 

salt into the deep-water formation region from the South Atlantic and Pacific Oceans to the 

“Aqua Planet” model, assuming an open Bering Strait. To this end, we will apply the 

“Thermodynamic Island Rule” used in DN04, which is an extension of the original island rule 

developed by Godfrey (1989). In order to eliminate the frictional western boundary current, 

Godfrey (1989) integrated the linearized steady state horizontal momentum equations along a 

closed path (Fig. 2.2). Thus, circulation around the island is obtained in terms of the wind field 

along the closed path. 

For ease of understanding, the DN04 method is described below. As in DN04, sinking is 

allowed in the eastern side of the basin. The circulation around the island is given as a function 

of mass influx (from both the South and the North) and sinking. Upwelling is not allowed inside 

the closed path but is allowed outside. Integration of the linearized Boussinesq momentum 
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equation for a stratified fluid from the surface to a fixed level (above bathymetry at a zero stress 

level) gives 

andxPfV x

W τρ +∂∂−=−           (2.1) 

,RVyPfU y

W −+∂∂−= τρ           (2.2) 

where U and V are the depth integrated zonal and meridional velocities, respectively, P is the 

depth-integrated pressure (from the surface to the zero stress level), Wρ  is the mean density of 

sea water, yx ττ and   are horizontal and meridional surface wind stress, respectively, and R is a 

frictional parameter.  

Now, we integrate Eq. (2.1) along the lines AB and CD (Fig. 2.2) and Eq. (2.2) along the 

lines BC and DA. Adding the resulting equations to eliminate the pressure terms we get, 

 ,drQfQf r

NNWSSW ∫=−− τρρ         (2.3) 

where the subscripts ‘N’ and ‘S’ refer to the southern and northern margins of the Atlantic 

Ocean, Q is the equatorward upper layer mass transport through the margins,  f is the Coriolis 

parameter, and drr

∫τ  is the cyclonic integrated wind stress along the closed path.  

As in DN04 and SN08b, we assume any transport due to mixing, that generates upwelling 

and downwelling, is small compared to the AMOC transport. Hence, upper layer transports from 

the Southern and Northern tips of the Atlantic Ocean are balanced by the AMOC transport, 

which is generated at the deep-water formation region (500 N-700 N). Using this, we obtain mass 

conservation for the deep-water formation region (denoted as a rectangular box in Fig. 2.2), 

WFQQ WSN =++           (2.4) 

where FW is freshwater flux and W is the deep-water formation rate within the NA box. 

Combining Eqs. (2.3) and (2.4), we get 
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( )[ ] ( ) andffFWfdrQ SNwWNw

r

S −−+= ∫ ρρτ /      (2.5) 

( )[ ] ( ) ./ SNwWSw

r

N ffFWfdrQ −−+−= ∫ ρρτ       (2.6) 

 

2.3.2 Thermodynamic equations for the coupled air – sea model 

To implement air–sea interactions in the deep-water formation region in the NA Ocean, 

we use an energy balanced, coupled climate model with a one-dimensional box model, in which 

the mixed (oceanic) surface layer is physically in contact with both the uniformly mixed 

atmospheric layer, as well as the deep ocean (below 3000m). The model is forced with solar 

radiation and contains two independent state variables: atmospheric surface temperature (Ta) and 

sea surface temperature (Tw). Surface heat fluxes allow interaction between the ocean and 

atmosphere (Fig. 2.3), while the oceanic box conserves mass, heat and salt. Note that, we have 

duplicated some of the equations and parameterizations found in chapter 1 for easy follow-up.  

The heat content in the atmospheric column is given by 

,LHEPLWsSH
a

SW
a

aaa QQIQQ
t

T
CpH +−++=

∂

∂
ρ       (2.7) 

where ρ is constant density, H is constant scale height, Cp is the specific heat capacity at constant 

pressure, T is temperature, 
a

SWQ is absorbed atmospheric shortwave radiation, QSH is surface 

sensible heat, Is  is net long-wave flux released to the atmosphere, QPLW is net long-wave 

radiation escaping into space, and QLHE is latent heat due to evaporation. Here the subscript ‘a’ 

refers to the atmosphere.  

Heat content in the surface ocean column is expressed as 

( ) ,LHEsSH
o

SWwNNSS
www

www QIQQWTTQTQ
A

Cp

t

T
CpH −−−+−+=

∂

∂ ρ
ρ    (2.8) 
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where the subscript ‘w’ refers to the ocean surface, 
o

SWQ  is absorbed oceanic shortwave 

radiation, A is the surface area of the convection region in the NA Ocean,  and TN, and TS, are 

incoming water temperatures into the NA box. Here subscripts ‘N’ and ‘S’ refer to the Northern 

and Southern tips of the model domain given by AB and CD respectively (Fig. 2.2). 

 

2.3.2.1 Sensible and latent heat. Traditional aerodynamic bulk formulae are used to 

calculate sensible (QSH) and latent heat (QLHE) fluxes. Thus, sensible heat flux at the surface is 

),( awahaSH TTUCpCQ −= ρ          (2.9) 

where Ch is the transfer coefficient for temperature and U is wind speed at 10m.  

Latent heat released due to evaporation at the surface is given by the bulk 

parameterization,  

),( awDEaLHE qqUCLQ −= υρ          (2.10) 

where,  Lν is latent heat of evaporation, CDE is the transfer coefficient for humidity, and q is 

specific humidity. The subscripts ‘w’ and ‘a’ refer to the ocean and air surface at the boundary 

level, respectively. Latent heat depends on saturation vapor pressure, which in turn depends on 

surface temperature. An expression for latent heat is obtained following the Hartmann (1994) 

simplification approach (readers may refer to section 4.6 in Hartmann (1994) for a more detailed 

derivation), given as 
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ρ υ      (2.11) 

where RH is relative humidity (0 < RH <1) and the saturation vapor-mixing ratio at the surface 

is given by q*. Eq. (2.11) has two constraints. First, QLHE is a positive quantity, hence the 

condition Tw > Ta, must be satisfied at all times. Secondly, although RH changes with 
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temperature we assume RH to be constant over the box, as it varies slowly with temperature. 

Thus, throughout our calculations, we assume RH=0.85 or above. 

Note that, the saturation vapor pressure is given by the Clasius-Clapeyron relationship

( )( )( )wTTRL /1/1/exp e=e 00s −υυ , where, es is surface vapor pressure, e0 is a reference vapor 

pressure, T0 is a reference temperature, and Rν is the gas constant.  

By definition, saturation vapor pressure ( )*

Wq  is given by asw Peq /* ε= , where ε is a 

constant obtained from the ratio of Rd /Rν , Rd is the dry air constant, and P is surface pressure. 

Therefore, the corresponding Bowen ratio (Be) is ( )( ) 1* //
−

wwa dTdqLCp υ . 

Using this we can simplify Eq. (2.11) to  
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LBe

CpRH
RHqUCLQ

υ

υ ρ      (2.12) 

Linearization of Eqs. (2.10-2.12) will be performed in section 2.3, providing us with 

analytical solutions.  

 

2.3.2.2 Surface and planetary long-wave radiation. Long-wave radiation is emitted 

both by the ocean surface and the atmosphere. From the ocean, emitted long-wave radiation can 

either be absorbed by the atmosphere or escape into space. The atmosphere, on the other hand, 

reemits absorbed radiation both in an upward and downward direction. In this study, the FW96 

parameterization is used to find an exact solution, which means all mechanisms are 

parameterized based on surface atmospheric temperature (Ta).  

Long-wave radiation emitted by the ocean surface is absorbed by greenhouse gasses in 

the atmosphere and then reemitted back to the ocean. Thus, net long-wave radiation at the ocean 

surface (Is) is 
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,44

aawws TTI σεσε −=           (2.13) 

where εw is the emissivity of the ocean surface and εa is atmospheric emissivity.  

Planetary long-wave emission to space is modeled as gray body radiation 

,4

aPPLW TQ σε=           (2.14) 

where  is planetary emissivity. Planetary emissivity will be derived from a balance between 

net solar radiation and outgoing blackbody radiation.  

 

2.3.3 Salt conservation for the ocean 

Salt conservation in the surface ocean box is expressed as, 

,S
v

W
S

v

Q
S

v

Q

t

S
N

N
S

S −+=
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        (2.15) 

where S and v are salinity and volume of the surface ocean box, respectively, and SN and SS are 

the incoming seawater salinities in the NA box. Subscripts ‘N’ and ‘S’ refer to the Northern and 

Southern tips of the model domain given by AB and CD respectively (Fig. 2.2).  

 

2.3.4 Convection condition 

As in DN04 and SN08b, we will use the linearized equation of state. Convection is a 

direct result of an unstable temperature difference caused by heat exchange in the surface ocean 

box. This can be written as 

( )( ),/ bbw SSTT −+= αβ          (2.16) 

where subscripts ‘b’  and ‘w’ refer to the bottom and surface layers of the ocean, respectively, T 

is temperature, S is salinity, and β and α are the expansion coefficients for salinity and heat, 

respectively.  

Pε
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2.4 Analytical solution to AMOC 

Above we have a set of six equations, (2.5), (2.6), (2.7), (2.8), (2.15), and (2.16), for six 

unknowns, WandQQSTT SNaw ,,,,, , which are the independent variables of our problem. 

Although these equations are algebraic, they are also nonlinear. Attempts at removing variables 

and thus forming a reduced and more compact system of equations produced highly nonlinear 

equations with no analytical solution. The conventional way of solving a system of nonlinear 

equations is to adapt a numerical scheme.   

Since our goal is to obtain analytical solutions, we linearize temperatures and salinity 

around a mean value obtained from zero horizontal influx of heat and salt to the surface ocean 

box. Assuming a steady state, our temperatures and salinity can be written as,  

,
~

www TTT −=            (2.17) 

andTTT aaa ,
~

−=          (2.18) 

.
~
SSS +=            (2.19) 

The ‘overbar’ denotes the mean solution obtained without advection, and a ‘tilde’ denotes a 

perturbation added to the system due to horizontal advection of mass transport into the NA 

surface box. We assume
( )

1
~

<






 −
T

TT  and 
( )

1
~

<






 −
S

SS , and linearize Eqs. (2.7)- (2.16) 

around and . 

 

2.4.1 Linearization of sensible and latent heat 

Using the assumptions above, we linearize the temperature dependent saturation vapor 

pressure and Bowen ratio. From this we obtain the saturation vapor pressure as a function of the 

perturbation ( )( )( )2

00s /
~

/1/1/exp e=e www TTTTRL −−υυ . The resulting saturation vapor-mixing 

T S
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ratio at the ocean surface is Peq sw /* ε= , which gives us 

( ) ( ) *2* //// wwwsww qTRLdTdePdTdq υυε −== . 

We can approximate the saturation vapor-mixing ratio of air with a first order Taylor 

expansion, similar to Hartmann (1994). Hence, ( )( )wwww TTRLqq
~

/1
2**

υυ+= , where 
*

wq  is the 

saturation vapor-mixing ratio at temperature wT . Applying these relations, the corresponding 

Bowen ratio becomes ( )( )www TTRLTBeBe
~

/1)(/1/1
2

υυ+= , where is the Bowen ratio at 

temperature wT .  

Linearization of sensible and latent heat is quite straight-forward. If we use Eqs. (2.17) 

and (2.18), the linearized saturation mixing ratio and Bowen ratio, then the linearized latent heat 

equation becomes 

( ) ( )( )awwhDEhaawwLHELHELHE TTTBeCRHCUCCpTTRLQQQ
~~

)(/
~

/
2 −−+= ρυυ ,  (2.20) 

where LHEQ  is latent heat due to evaporation for zero horizontal advection of heat into the NA 

box. Similarly we can compute the linearized sensible heat, obtaining, 

( )awhaaSHSH TTUCCpQQ
~~

−−= ρ ,        (2.21) 

where SHQ  is sensible heat released at the surface for zero horizontal advection of heat into the 

NA box. 

 

2.4.2 Linearization of long-wave radiation 

The linearization of surface and planetary long-wave radiation is done in a similar 

fashion. Using Eqs. (2.17) and (2.18), and removing higher order perturbation terms, the 

expansion of ( ) ( )44 ~~
aaawwws TTTTI −−−= σεσε becomes 

)( wTBe



46 

aaawwwss TTTTII
~

4
~

4
33 σεσε −−= .        (2.22) 

Similarly, linearized planetary log-wave emission becomes  

aaPPLWPLW TTQQ
~

4 3σε−= .         (2.23) 

 

2.4.3 Linearization of thermodynamic equations for the ocean and atmosphere 

Here, we revisit the basic thermodynamic equations [presented in section 2.2.2, Eqs. (2.8) 

and (2.9)], substituting in linearized quantities given by Eqs. (2.17)- (2.23). Assuming a steady 

state solution, we get for the atmosphere  
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      (2.24) 

As in the “Aqua Planet” model given in chapter 1, we assume the mean energy balance 

for the NA Ocean box obtained without advection to be zero (i.e.

0=−+++ PLWsSHLHEswa QIQQQ ). Under such conditions, Eq. (2.23) reduces to 

( ) wa TmrT
~~

= ,           (2.25) 

where the constants ( ) ( )23 /4)(/1 wLHEwwwhDEhaa TRLQTTBeCRHCUCCpr υυσερ −++=  and 

( ) 33 44)(/1 aPaawhDEhaa TTTBeCRHCUCCpm σεσερ +++=  are positive. Eq. (2.25) implies that 

the atmospheric temperature perturbation, due to advective mass transport into the NA box, is 

directly proportional to the corresponding oceanic temperature perturbation. Therefore, an 

increase (decreases) in the oceanic temperature perturbation, due to advective heat flux, increases 

(decreases) the resulting atmospheric temperature perturbation. This cools (warms) the ocean-

atmosphere system in the deep-water formation region in the NA box.  Similarly, the linearized 

steady state oceanic heat content (given in Eq. (2.9)) becomes 
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The above equation can be represented as a function of deep-water formation rate (W) by 

substituting in for the mass fluxes, given by Eqs. (2.5) and (2.6). 

 

2.4.4 Linearization of the salt equation 

To linearize the salt equation we use Eq. (2.18) and assume the steady state condition for 

Eq. (2.15). We will write the mass flux into the NA box in terms of deep-water formation rate 

[See Eqs. (2.5) and (2.6)] such that the linearized salt equation becomes 

.       (2.27) 

 

2.4.5 Linearization of the convection condition 

Using the assumptions given in Eqs. (2.17) and (2.19), we can rewrite Eq. (2.16) as, 

( ) ( )[ ] WSFSSQSSQS WNNSS /
~

−−+−= .       (2.28) 

Eq. (2.28) yields a closure condition, allowing us to solve for the unknowns, namely, 

temperatures, salinity, deep-water formation rate, and mass fluxes into the NA surface ocean 

box. The resulting algebraic equation is quadratic, expressed as a function of deep-water 

formation rate (W). We will only look for real solutions for a given freshwater flux, leaving us 

with two solutions for W. Only one solution produces realistic results where SN QandQ are 

positive at all times, with the other producing a reversal flow through the Bering Strait ( NQ  is 

negative). Although one can argue that the reversal flow through the Bering Strait is possible, we 

( ) ( )[ ] WSFSSQSSQS WNNSS /
~

−−+−=



48 

initially eliminate this solution because it does not satisfy the heat exchange given in Eq. (2.8). 

Later, we will examine this reversal solution in terms of a critical freshwater flux. 

 

2.5 Results 

All six calculated variables ( WandQQSTT SNaw ,,,,, ) are plotted versus a changing 

freshwater flux ( )WF  in Figs. 2.4 and 2.5. Our chosen modern day climate parameters are; 

,103.1 213 mxA =  ,1025 3−= mkgWρ  ,25.1 3−= mkgaρ  ,0009.0=hC  ,4000 11 −−= KkgJCPW  

,1030 11 −−= KkgJCPa  ,96.0=Wε  ,84.0=aε  ,1067.5 428 −−−= KmWxσ  ,0 0

0 CT =  

,85.0=RH  ,105.2 16 −= kgJxLυ  ,461 11 −−= kgKJRυ  ,1035.1 3−= xCDE  ,6110 kPae =  

,622.0=ε  ,5 1−= smU  ,10013.1 5 PaxP = ,15,3,15,15 0000 CTCTCTCT aibNS ====

SN = 35PSU,
 

Sb = 33.14PSU,
 

SS = 36.1PSU,
 

α =1.8x10−4 K −1,  β = 8x10−4 PSU−1,

andPSUS ,35=   

In order to calculate mean temperatures of the ocean ( )
WT  and atmosphere ( )

aT  in the 

NA Ocean, we use the “Aqua Planet” model given in chapter 1. Absorbed shortwave radiation in 

the deep-water formation region is obtained from the Clouds and the Earth's Radiant Energy 

System (CERES) data for a clear sky. Applying the “Aqua Planet” model solution to the NA 

Ocean yields .6.128.16 00 CTandCT aW ==  

 The Coriolis parameters were evaluated at 450 S and 700 N.  An increase in freshwater 

flux ( )WF  produces a decrease in salinity ( )S  at the deep-water formation region (See Fig. 2.5c). 

Furthermore, model results imply that adding freshwater decreases the ocean temperature ( )wT  

in the NA box, which in turn decreases the deep-water formation rate ( )W , mass influx from the 
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South and North ( )SN QandQ , atmospheric temperature above the deep-water formation region 

( )aT  and the ocean-atmosphere temperature difference (Figs. 2.4, 2.5a, 2.5b, and 2.5c). Hence, a 

reduced AMOC (Fig.2.4) implies cooling in the immediate vicinity of the deep-water formation 

region in the NA. This is because a decrease in the ocean-atmosphere temperature difference 

implies a decrease in the temperature dependent heat fluxes in the ocean and atmosphere (

PLWsLHESH QandIQQ ,, , see Figs. 2.6 and 2.7).   

The strength of the AMOC depends on the magnitude of the freshwater flux. Therefore, 

there exists a maximum freshwater flux that arrests convection in the deep-water formation 

region in the NA Ocean. When convection stops , the flow through the Bering Strait 

reverses, such that mass flow is directed from the Atlantic Ocean to the Pacific Ocean. Hence, 

the mass balance becomes ,NWCS QFQ =+ where WCF  is the critical freshwater flux for a 

collapsed AMOC. Using the thermodynamic island rule, we get the following mass fluxes into 

the NA box from the South and North, 

[ ] ( ) andffFfdrQ SNwWCNw

r

S −−= ∫ ρρτ /       (2.29) 

[ ] ( ) ./ SNwWCSw

r

N ffFfdrQ −−= ∫ ρρτ        (2.30) 

The heat equation becomes 

( )[ ]
SLHESHSWWCwNsSww IQQQTFTQTQACp −−+−−= _/0 0ρ ,    (2.31) 

where  is a reference temperature taken to be 00C. As we did earlier, we employ the same 

linearization assumptions to derive the oceanic temperature perturbation as a function of critical 

freshwater flux ( )WCF .  We get 

( )[ ] ( )( )mprrQACpTTFTQTQACp NwwWCWCwNSSww //
~

/0 0 −+++−= ρρ ,   (2.32) 

( )0=W

0T
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where  WCT
~

 is the oceanic temperature perturbation due to a collapsed AMOC and 

( ) 34)(/1 aawhDEhaa TTBeCRHCUCCpp σερ ++=
 
is a positive constant. The resulting salinity 

equation becomes 

SQSQ NSS −=0 .          (2.33) 

Linearizing Eq. (2.33) gives us,  

SQSQS NSSC −= /
~

,          (2.34) 

where CS
~

 is the salinity perturbation for a collapsed AMOC. Now we will examine the vertical 

transport in the ocean. Convection stops when bottomsurface ρρ < . This constraint will give the 

minimum freshwater flux needed to arrest the AMOC. Substituting in for the linearized equation 

of state and using temperature and salinity linearization assumptions proposed in Eqs. (2.17) - 

(2.19), results in the following limiting condition, 

( )( ) ( ) CbWbWC SSSTTT
~

//
~

αβαβ +−+−>− .      (2.35) 

We can substitute Eqs. (2.29)- (2.34) into Eq. (2.35) to obtain a quadratic equation in 

terms of critical freshwater flux ( )WCF  and look for real positive solutions. When we do this, the 

resulting minimum freshwater flux needed to collapse the AMOC, using our chosen modern day 

climate parameters, is 0.08Sv (1 Sv =106 m3 s-1).  

 

2.6 Effect of zonal Atmospheric Flow- a constant Flow 

Atmospheric flow depends on ocean – atmosphere interactions. Although a constant 

zonal atmospheric flow is not realistic, to complete the discussion, we repeat the calculations 

presented in section 2.3 assuming just such a flow. Our reformulated atmospheric heat content 

equation (Eq. (2.7) from section 2.2.1 becomes,  
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( ) PLWLHEsSHSWaaaia
aaa

aaa QQIQQTTQ
A

Cp

t

T
CpH −++++−=

∂

∂ ρ
ρ ,   (2.36) 

where Qa is atmospheric zonal flow and Tai is the incoming air temperature (taken as 50C). 

Following the same assumptions presented in section 2.3 and using a constant freshwater flux of 

0.15 Sv (DN04), Figs. 2.8-2.9 shows the evolution of the analytical solutions (Tw, Ta, S, QN, QS, 

W, and Tw-Ta) for an increased Qa. Increased atmospheric zonal flow brings cool air into the 

deep-water formation region, reducing AMOC strength and hence, reducing transport from the 

southern ocean (QS) and through the Bering Strait (QN). Results show a slight warming, locally, 

of the ocean and atmosphere. Increased atmospheric transport increases both the ocean-

atmosphere temperature difference, as well as surface heat fluxes. 

 

2.7 Summary and discussion 

We presented a simple one-dimensional coupled ocean-atmosphere model to address the 

question of whether a slowing of the AMOC, due to an increased freshwater flux, should cool or 

warm the ocean and atmosphere in the vicinity of the NA deep-water formation region.  

Although our model does not provide for a more realistic picture of the ocean, due to its 

simplicity, it does mimic aspects of it. In our energy balance coupled climate model, ocean-

atmosphere interactions are obtained through surface heat fluxes (section 2.2), with built-in 

feedbacks. 

Our model shows similarities to SN08a, b and Nof et al. (2010), but is not identical. 

Starting from the assumption that the ocean is the primary source of variability internal to the 

NA deep-water formation region, we eliminated the Ekman mass transport coupling used in their 

models - known as the closure condition - by including a fixed atmosphere that only receives 

heat from the ocean surface and the top of the atmosphere. The closure condition used in the 
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above-mentioned models raises the question of whether transports in the coupled system are 

confined only to the Ekman layers. The atmospheric component used in our coupled model 

incorporates the heat flux from the ocean surface (shortwave radiation, long-wave radiation, 

sensible heat and latent heat) and the radiation balance at the top of the atmosphere (shortwave 

radiation and planetary long-wave radiation). Sensible and latent heat fluxes are obtained using 

traditional bulk formulae, which are functions of the ocean-atmosphere temperature difference. 

However, since we assume that the ocean alone forces the coupled model, the atmospheric 

response is directly proportional to the oceanic variability (Section 2.2.3, Eq. 2.25). Thus, 

cooling (warming) in the ocean implies cooling (warming) in the atmosphere above it. To more 

clearly understand this, we solved our coupled model analytically, assuming the oceanic and 

atmospheric variability to be a summation of a mean state obtained without oceanic advection 

and the variability due to advective heat transport in the ocean. This assumption is utilized to 

linearize the highly non-linear coupled ocean - atmosphere system and thus solve it analytically.  

The convection in the deep-water formation region allows conservation of mass in the surface 

oceanic layer. With an increased freshwater input, implying freshening in the NA deep-water 

formation region (Fig. 2.5c), the oceanic layer cools (Fig. 2.5a) and hence, the northward mass 

transport is reduced (Fig. 2.4). Resultant cooling in the ocean causes cooling in the atmosphere 

just above it (Fig. 2.5b), thus reducing the ocean-atmosphere temperature difference and heat 

transfer (Figs. 2.6 and 2.7).  The freshwater flux needed to arrest convection in the deep-water 

formation region, for our present day climate with an open Bering Strait, is found to be 0.08 Sv. 

This is close to typically quoted values (see, e.g. Rahmstorf, 2006).  

To complete the discussion, we investigated the importance of zonal atmospheric 

transport on the strength of the AMOC by repeating our calculations under the extreme condition 
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of constant zonal transport. The model results show a slowing of the AMOC and a slight 

warming of the ocean and atmosphere for a fixed freshwater flux.  However, as the effect is 

small, it suggests that atmospheric forcing is not strong enough to cause a significant change in 

the ocean –atmosphere coupled system.  

The simplicity of our model eliminated the existing zonal flows in the atmosphere that 

absorb some of the heat released by the ocean surface. Our calculations, assuming a constant 

zonal atmospheric flow, suggest this temperature change to be insignificant compared to that 

from freshwater forcing. However, the effect of zonal flows due to the mean wind field is 

somewhat included in the velocity term (U) used in the bulk formula. It is therefore possible, that 

our chosen value for U (5 ms-1) is strong enough to include variability due to the mean wind 

field.  
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Figure 2.1: Temporal variability of temperatures in and around the North Atlantic Ocean over 

the past 110,000 years (adapted from Bard, 2002). Time before present (in years) is shown on the 

horizontal axis. (a) Atmospheric temperature obtained from Greenland ice cores. (b) Sea surface 

temperatures obtained from two North Atlantic sediment cores. Temperature minima recorded 

prior to the Holocene (11000 years before present) are due to Heinrich events. Heinrich events 

reduced the strength of the AMOC and hence, cooled the NA region. An abrupt increase in 

temperatures at the beginning of the Holocene, is due to the opening of Bering Strait (BS) 

stabilizing the AMOC variability. 
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Figure 2.2: The model domain for the advective 1-D coupled air – sea model. The 

thermodynamic island rule calculation given in Nof, (2000) is adapted for the closed domain 

ABCDE. The integration of depth integrated momentum equations is performed counter 

clockwise along the dashed line. QS and QN are the volume transports into the Atlantic Ocean 

from the southern and northern boundaries (AB and CD), respectively. The rectangular box in 

the North Atlantic Ocean represents the deep-water formation region and W is the rate of surface 

water sinking. T and S are the temperature and salinity of the surface water in the deep-water 

formation region, respectively. TN, TS are temperatures of incoming water from the north and 

south, respectively. SN and SS are salinities of the incoming water from the northern and southern 

boundaries (AB and CD), respectively. 
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Figure 2.3: Illustration of the conceptual air – sea coupled model for the convection region in the 

North Atlantic Ocean, which is represented by a one-dimensional box where the mixed 

(oceanic) layer is physically in contact with the uniformly mixed atmospheric layer above it. Qin 

is net solar radiation at the top of the atmosphere; QSW is the absorbed shortwave radiation, 

where subscripts ‘a’ and ‘o’ refer to the atmosphere and ocean, respectively; QPLW is net long-

wave flux out to space QLHE is latent heat released at the ocean surface; QSH is surface sensible 

heat loss to the atmosphere. The oceanic mixed layer depth and atmospheric height are given by 

D and HA, respectively. QN and QS are volume fluxes from the southern and northern oceans, 

respectively. W is deep-water formation rate, Fw is freshwater flux into the deep-water formation 

region, S is salinity and T is temperature. TN, TS, SN, and SS are the prescribed temperatures and 

salinities of the southern and Pacific Oceans, respectively. 
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Figure 2.4: Change of oceanic transport with increased freshwater influx to the deep-water 

formation region in the North Atlantic Ocean. W is the sinking rate (AMOC) in the North 

Atlantic box. QS and QN are mass influx from the Southern and Arctic Oceans. Increased 

freshwater influx implies both a reduced AMOC, as well as a reduced transport from the North 

and South.  
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Figure 2.5: Evolution of the analytical solution to an increased freshwater influx for: (a) ocean 

temperature (top left), (b) atmospheric temperature (top right), (c) salinity (bottom left), and (d) 

temperature difference between the surface of the ocean and the atmosphere (bottom right). 

Increased freshwater influx implies cooling of the ocean and atmosphere, freshening of the ocean 

and a decreased ocean – atmosphere temperature difference in the deep-water formation region 

in the North Atlantic Ocean 
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Figure 2.6: Atmospheric heat budget response to an increased freshwater influx. A reduced 

AMOC, due to an increased freshwater influx, implies a reduced heat flux at both the ocean 

surface and top of the atmosphere. QSH is surface sensible heat, Is is net long-wave flux released 

from the ocean to the atmosphere, QPLW is net long-wave radiation escaping into space and QLHE 

is latent heat released at the ocean surface. 
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Figure 2.7: Oceanic heat budget response to an increased freshwater influx. A reduced AMOC, 

due to an increased freshwater influx, implies a reduced heat flux at the ocean surface. QSH is 

surface sensible heat, Is is net long-wave flux released from the ocean to the atmosphere, and 

QLHE is latent heat released at the ocean surface. 
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Figure 2.8: Evolution of the analytical solution with a constant zonal atmospheric transport (Qa). 

It should be mentioned that, a constant atmospheric flow is not realistic as Qa is technically an 

unknown and should be determined as part of the problem. W is the sinking rate (AMOC) in the 

North Atlantic box. QS and QN are the mass fluxes from the Southern Ocean and through the 

Bering Strait, respectively. Increased advective atmospheric transport implies both a reduced 

AMOC and a reduced transport from the North and South. 
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Figure 2.9: Evolution of the analytical solution with constant zonal atmospheric transport (Qa). 

(a) Ocean temperature (top left), (b) atmospheric temperature (top right), (c) salinity (bottom 

left), and (d) temperature difference between the ocean and atmospheric surfaces (bottom right). 

Increased freshwater influx implies a slight warming of the ocean and atmosphere, freshening of 

the ocean, and a decreased ocean-atmosphere temperature difference in the deep-water formation 

region in the North Atlantic Ocean. 
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Figure 2.10: Oceanic heat budget response to an increased atmospheric mass influx. A reduced 

AMOC due to an increased freshwater influx, implies a reduced heat flux at the ocean surface. 

QSH is surface sensible heat, Is is net long-wave flux from the ocean to the atmosphere, and QLHE 

is latent heat released at the ocean surface. 
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Figure 2.11: Atmospheric heat budget responses to an increased atmospheric flow. A reduced 

AMOC due to an increased freshwater influx, implies a reduced heat flux at both the ocean 

surface and the top of the atmosphere. QSH is surface sensible heat, Is is net long-wave flux from 

the ocean to the atmosphere, QPLW is net long-wave radiation escaping into space, and QLHE is 

latent heat released at the ocean surface. 
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CHAPTER 3 

 

CONCLUSION 

 
 

The first question we wished to answer was:  on a global scale, how much warmer is the 

mean ocean than the overlying atmosphere? To answer this question, we used a simple energy 

balance model. By “simple” we mean a model with a simple configuration and straightforward 

thermodynamics equations that can be solved analytically. Our model assumes an “Aqua Planet”, 

where a one-dimensional box model is used in which the mixed (oceanic) layer is physically in 

contact with the uniformly mixed atmospheric layer above it.  However, non-linearity in the 

governing coupled thermodynamics equations made it unsolvable analytically. Using an iterative 

scheme allowed us to simplify the system in a way such that analytical solutions for ocean and 

atmospheric surface temperatures were possible. The results suggested the surface ocean to be 

roughly 40C warmer than the overlying atmosphere. Temporal perturbation of the mean solution 

obtained for “Aqua Planet” – assuming an insignificant perturbation in shortwave radiation - 

suggested a stable system for the air-sea coupled model. Inclusion of seasonal variation in the 

shortwave radiation yielded oscillations in the ocean and atmospheric temperature anomalies. 

The results show that the magnitude of the amplitude of oscillations in the atmosphere is greater 

compared to those found in the ocean. Oceanic thermal inertia seemed to cause a lag in the ocean 

response. Application of the “Aqua Planet” model to local regions was used to derive an index 

comparing local-to-global air-sea temperature offset versus local evaporative cooling. The 

derived index suggested that an increase in local-to-global air-sea temperature offset could cause 

an increase in the sensitivity of local evaporative cooling.  

As with other simple models, our model suffers from certain weaknesses. For example, 

oceanic and atmospheric temperatures derived from the application of our model to local regions 
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may not be accurate, due to the absence of advective heat transfer processes in these local 

regions. However, our model can be used as a tool to demonstrate the significance of air-sea 

temperature offsets on evaporative cooling sensitivity. A second potential weakness of the “Aqua 

Planet” model may be that parameterizations of heating components are represented by spatially 

averaged variables rather than point by point.  

The second question we focused on in this study was: how global warming and increased 

freshwater flux can cause Northern Hemispheric warming or cooling. We used an extension of 

the “Aqua Planet” model with an additional advective heat transfer in the ocean. This advective 

heat transfer was obtained by calculating the horizontal influxes of mass into the deep-water 

formation region in the NA Ocean from the south and north. The convection condition used in 

the model allowed surface water to move vertically, whereas surface heat fluxes allowed 

interaction between the ocean and atmosphere. Resulting algebraic equations were non-linear. As 

with the first question, assuming the oceanic and atmospheric variability to be a summation of a 

mean state obtained without oceanic advection and the variability due to advective heat transport 

in the ocean, we linearized the steady equation around the mean state. Results showed a slowing 

of the AMOC with an increased freshwater flux. Thus, the resulting reduction of AMOC strength 

caused a cooling in both the ocean and the overlying atmosphere. A decreased air-sea 

temperature offset suggested a decrease in net heat flux in the ocean and atmosphere. Minimal 

warming of the atmosphere is suggested from a constant atmospheric flow. Calculated minimal 

freshwater flux required to shut-off deep-water formation was 0.14 Sv. 

The advantage of this model lies in its ability to obtain an analytical of solution for deep-

water formation rate, temperatures of the ocean and atmosphere, mass influx to the NA Ocean, 

and salinities of the ocean. One potential weakness of this model is the absence of zonal 
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atmospheric flows. However, as an extreme situation, a constant atmospheric flow in the 

atmosphere showed minimal warming in the atmosphere and ocean, corresponding to minimal 

reduction of the AMOC compared to an increased freshwater flux.  
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APPENDIX A 

 

LIST OF SYMBOLS AND ABBREVIATIONS – AQUA PLANET MODEL 
 

SST  Sea surface temperature 

GCM  Global circulation model 

  Mean seawater density 

Ta Model atmospheric surface temperature 

Tw Model sea surface temperature 

  Absorbed atmospheric short-wave radiation 

  Absorbed oceanic short-wave radiation 

  Surface sensible heat  

 Latent heat 

  Net long-wave radiation escaping into space, 

 Net long-wave flux released at the surface to the atmosphere 

 Atmospheric density (~ constant) 

 A constant scale height 

  Mixed ocean depth 

  Atmospheric specific heat capacity 

  Ocean specific heat capacity 

  Transfer coefficient for temperature 

U  Velocity at 10 m  

  Latent heat of evaporation 

Wρ

a
SWQ

SWwQ

SHQ

LHEQ

PLWQ

sI

aρ

aH

wH

aCp

wCp

hC

υL
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  Transfer coefficient for humidity 

,  Specific humidity, where subscripts ‘w’ and ‘a’ refer to the ocean surface and air 

at the boundary level, respectively. 

 The saturation vapor-mixing ratio at the ocean surface 

RH Relative humidity 

 Surface vapor pressure 

  Reference vapor pressure 

  Gas constant 

  Reference temperature 

  Constant obtained from the ratio of Rd /Rν , Rd is the dry air constant. 

   Surface pressure  

Be   Bowen ratio 

   Emissivity of the sea surface and atmosphere, respectively 

 

 

  

DEC

wq qa

*

wq

se

0e

υR

0T

ε

P

aw εε ,
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APPENDIX B 

 

LINEARIZATION OF SATURATION VAPOR PRESSURE AND THE 

BOWEN RATIO- MEAN MODEL 

 

Assume a known temperature ( )wT̂ , where, 
( )

1
ˆ

<<
−

w

ww

T
TT

. The saturation mixing ratio

( )*

wq  can be approximated with a first – order Taylor series.  

( ) ( ) ( ).***

ww
T

wwwww TTdTdqTqTq
w

))
) −+=        (B1) 

Using the Clasius–Clapeyron relationship (section 1.2.2.2), saturation vapor pressure is 

expressed as ( )( )( )wTTRL /1/1/exp e=e 00s −υυ . Note that, saturation vapor pressure is

asw Peq /* ε= . Hence, the Bowen ratio (Be) can be expressed as ( )( ) 1* //
−

wwa dTdqLCp υ , which 

means ( ) dTdePdTdq saw ///* ε= . This gives 

( ) .
ˆ

*

2

*

ww

w

w Tq
TR

L

dT

dq

υ

υ=           (B2) 

Substitution of Eq. (B2) into Eq. (B1) yields 

( ) ( ) ( ) .ˆ
ˆ

1ˆ
2

**
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L
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Thus, the Bowen ratio becomes 
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APPENDIX C 

 

PERTURBATION OF HEATING COMPONENTS 

 
C.1 Perturbation of sensible and latent heat 

Using the assumptions given in Eq. (1.15-1.16), the temperature dependent saturation 

vapor pressure can be redefined as a function of the perturbation, 

( ) 












 −− '/'/1/1/exp e=e 2

00s www TTTTRL υυ . By definition, the saturation vapor-mixing ratio 

at the surface is Peq sw /* ε= . Therefore, ( ) ( ) *2* //// wwwsww qTRLdTdePdTdq υυε −== . 

Now, we shall use first order Taylor expansion - similar to Hartmann (1994)- for the 

saturation vapor-mixing ratio of air. This gives us ( ) 




 += '/1 2**

wwww TTRLqq υυ , where 
*

wq is the 

saturation vapor mixing ratio at temperature wT . The corresponding Bowen ratio can be defined 

as ( ) 




 += '/1)(/1/1 2

www TTRLTBeBe υυ , where )( wTBe is the Bowen ratio at temperature wT . 

Using the linearized saturation mixing ratio and Bowen ratio, Eq. (1.8) transforms to 

( ) ( ) ,'')(/'/ 2





 −++= awwhDEhaawwLHELHELHE TTTBeCRHCUCCpTTRLQQQ ρυυ   (C1) 

where is the time mean of latent heat due to evaporation. Similarly, we shall compute the 

linearized sensible heat given in Eq. (1.2). We get 






 −−= ''

awhaaSHSH TTUCCpQQ ρ ,        (C2) 

where  is the time mean sensible heat released at the surface.  

 

 

LHEQ

SHQ
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C.2 Perturbation of long-wave radiation 

Likewise, we shall linearize both the surface long-wave radiation and the planetary long-

wave radiation. Removing higher order perturbation terms (~ small), the expansion of 

44
''





 −−





 −= aaawwws TTTTI σεσε gives 

'4'4 33

aaawwwss TTTTII σεσε −−= ,        (C3) 

where sI  is the time mean net back radiation at the surface. The linearized planetary long-wave 

emission given in Eq. (1.14) transforms to 

'4 3

aaPPLWPLW TTQQ σε−= ,         (C4) 

where, PLWQ  is the average long-wave emission to space.  

 

C.3 Perturbation of shortwave radiation 

In the case of a temporal perturbation of the “Aqua Planet” model, an annual cycle for 

insolation is used– as was done in North and Coakley (1979) – to relax the constraint imposed by 

the mean condition in Eqs. (1.3) and (1.4). Therefore, contributions from seasonal variations in 

the ocean surface and atmospheric temperature fields will be included in the model. The seasonal 

solar radiation function is modeled as Qt = Qs + Q 0 cos 2π t / yr( ) , where Q0 is the amplitude of 

the seasonal variation and t is time. Thus, the absorbed radiation in both the ocean and 

atmosphere becomes 

( )( ) andRATAQQ t

t

SWo αα −+= 1/          (C5) 

( ) ( )( ).1/1 RTQQ s

t

SWa αα −−=          (C6) 
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APPENDIX D 

 

LIST OF ABBREVIATIONS AND SYMBOLS-OVERTURNING MODEL 

 
AMOC Atlantic meridional overturning circulation 

NA North Atlantic 

NADW  North Atlantic deep water 

IPCC  Intergovernmental panel on climate change 

SSH  Sea surface height 

 Mean sea water density 

 Coriolis parameter 

U, V Depth integrated zonal and meridional velocities 

P The depth-integrated pressure 

  Horizontal and meridional surface wind stress 

R  Frictional parameter 

QN, QS Equatorward upper layer mass transport through the margins, where the subscripts 

‘N’ and ‘S’ refer to the southern and northern margins of the Atlantic Ocean. 

   The cyclonic integrated wind stress along the closed path. 

 Freshwater flux 

W  Deep-water formation rate within the North Atlantic Ocean 

Ta Model atmospheric surface temperature 

Tw Model sea surface temperature 

   Absorbed atmospheric short-wave radiation 

Wρ

f

yx ττ ,

drr

∫τ

WF

a
SWQ
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   Absorbed oceanic short-wave radiation 

TN, TS   Incoming water temperature in the North Atlantic box. Subscripts ‘N’ and ‘S’ 

refer to the Northern and Southern tips. 

  Surface sensible heat  

  Latent heat 

   Net long-wave radiation escaping into space, 

 Net long-wave flux released at the surface to the atmosphere 

 Atmospheric density (~ constant) 

 A constant scale height 

 Mixed ocean depth 

  Atmospheric specific heat capacity 

  Ocean specific heat capacity 

 Transfer coefficient for temperature 

U Velocity at the 10m atmospheric level 

 Latent heat of evaporation 

  Transfer coefficient for humidity 

,  Specific humidity. The subscripts ‘w’ and ‘a’ refer to the surface and the air at the 

boundary level, respectively. 

 Saturation vapor-mixing ratio at the surface 

RH Relative humidity 

o
SWQ

SHQ

LHEQ

PLWQ

sI

aρ

aH

wH

aCp

wCp

hC

υL

DEC

wq aq

*

wq
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 Surface vapor pressure 

 Reference vapor pressure 

 Gas constant 

 Reference temperature 

 Constant obtained from the ratio of Rd /Rν , Rd is the dry air constant. 

  Surface pressure  

Be  Bowen ratio 

    Emissivity of the sea surface and atmosphere, respectively. 

  Planetary emissivity  

S  Salinity  

v  Volume of the surface ocean box  

SN, SS  Incoming seawater salinities in the North Atlantic box. Subscripts ‘N’ and ‘S’ 

refer to the Northern and Southern tips of the model domain. 

  Temperature of the bottom layer 

  Expansion coefficients for salinity 

 Expansion coefficients for heat 

  Salinity of the bottom layer  

 Critical freshwater flux  

se
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