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ABSTRACT 

 

 

Climate feedbacks represent mechanisms that alter the sensitivity of the earth climate system.  It has been 

suggested that the current spread in climate model sensitivity to a CO2 forcing is a result of different treatments of 

climate feedbacks.  The determination of the climate system sensitivity is critical to understanding how the system will 

respond to a CO2 radiative forcing.  The strength of a climate feedback is defined in terms of annual, global mean top of 

atmosphere (TOA) radiative perturbation.  However, contributions to the global, annual mean feedbacks can originate 

from different geographical regions and vertical layers within the atmosphere.  In addition, the contributions to the 

annual mean TOA radiative perturbation can be disproportionately distributed throughout the annual cycle.  This study 

performs offline, partial radiative perturbation-style, radiative calculations to determine the geographical, vertical, and 

seasonal distributions of the major climate feedbacks contributing to the TOA radiative energy budget: clouds, water 

vapor, temperature, and surface albedo.  These feedback strengths are diagnosed from NCAR CCSM3.0 model output 

for the SRESA1B emission scenario simulated for the IPCC AR4.  It is found that the tropics and sub-tropical climate 

responses drive the sign and strength of the water vapor and cloud feedbacks.  In addition, a significant annual cycle of 

the SW cloud and surface albedo feedbacks is found.  The inter-seasonal variations of the SW cloud and surface albedo 

feedbacks found here show a different pattern than previously published results.  The radiative perturbations are then 

used as input into the newly developed Coupled Feedback Response Analysis Method (CFRAM), which uses a total 

energy based method to isolate partial temperature changes due to individual feedbacks in the atmosphere and at the 

surface.   

Many authors have calculated climate feedback radiative perturbations in different manners using seasonal 

mean, monthly mean, daily mean, and every time step model output.  Monthly mean model output is used in this 

study.  A comparison of the global mean clear sky TOA net flux calculation using monthly mean model output with 

the monthly mean model output TOA net flux reveals a global mean bias in the offline radiation calculations compared 

to the model simulated TOA net flux of +3.95 Wm
-2

 with a standard deviation of 3.78 Wm
-2

.  In order to handle 

complexities associated with cloud overlap, the Monte Carlo Independent Column Approximation (MCICA) technique 

is uniquely adapted for use in the context of this study.  This technique relies on a stochastic cloud generator using a 

maximum-random overlap rule to sample the monthly mean cloud frequency profile.  It is shown that the global mean 

bias in the calculation of the TOA net flux compared to NCAR CCSM3.0 model output is +1.74 Wm
-2

 and a standard 

deviation of 6.71 Wm
-2 

using this technique.  However, the results suggest that the technique provides a very good 

estimate of all feedback sensitivity parameters despite bias associated with using monthly mean model output. 
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CHAPTER 1 

INTRODUCTION 

 

 

There is overwhelming evidence that anthropogenic climate change has occurred in the 20
th

 century and will 

continue to occur in the future, even if CO2 emissions where brought to zero today.  Two statements from the 

Intergovernmental Panel on Climate Change (IPCC) Assessment Report (AR) 4 suggest this assertion: (1) it is 

extremely unlikely (<%5) that the global pattern of warming observed during the past half century can be explained 

without an external forcing and (2) it is very likely that anthropogenic greenhouse gases caused most of the observed 

increase in global average temperatures since the mid-20th century (Soloman et al. 2007).  Thus, there is a great need 

to study how the climate system has responded and will respond to increasing greenhouse gases.  Such study will give 

guidance to policy makers and aid in the development of mitigation strategies.  The current best estimate of climate 

sensitivity to an external 2xCO2 forcing is approximately +3.0 ± 1.5 K (Soloman et al. 2007).  Indeed, there is large 

uncertainty in this projection of climate sensitivity, indicating uncertainty in the current understanding of the climate 

system and its sensitivity.  Boer and Yu (2003) noted that the climate sensitivity for a particular climate model does 

not show large variations, but the large inter-model spread indicates a lack of understanding about the physical 

processes that determine climate sensitivity.  Zhang et al. (1994) expressed that in order to gain confidence in future 

climate predictions the large inter-model spread in climate sensitivity must be reduced.  Thus, there is a need for further 

study to understand the climate system.  One question that becomes necessary to answer is why do different models 

exhibit different climate sensitivities?  In addition, how do different models reach their final equilibrium state when 

perturbed by a CO2 forcing?  These two questions are very much related. 

The best tool for investigating the climate system and its response to an external forcing is the General 

Circulation Model (GCM).  However, the GCM has become nearly as complicated and difficult to comprehend as the 

real climate system.  Thus, the climate community has created simple metrics and a linear paradigm to characterize and 

compare different models.  These metrics include climate sensitivity, radiative forcing, and the climate feedback 

parameter.  These terms will be defined here according to the IPCC AR4 definitions (Soloman et al. 2007).  The 

climate sensitivity is defined as the change in global-mean surface temperature due to a doubling of CO2, with units of 

Kelvin (K).  The climate sensitivity parameter is defined as the ratio of the change in global mean surface temperature 

due to a unit change in radiative forcing.  The units are then K (W m
-2

)
-1

.  Radiative forcing is defined as the change in 

net flux, downward minus upward, at the tropopause due to an external driver of climate change.  A positive radiative 

forcing indicates a warming effect on the climate and a negative radiative forcing indicates a cooling effect.  An external 

forcing could be a change in CO2 concentration, aerosols, aerosol-cloud indirect effects, or a change in the solar 

constant.  A climate feedback can be described as any mechanism in the climate system occurring when a change in 

some variable or process triggers changes in a second variable or process that in turn influences the first.  A positive 

feedback is defined as a mechanism that amplifies the initial radiative forcing and a negative feedback dampens the 

radiative forcing.  The strength of a climate feedback is characterized by the climate feedback parameter, which is defined 
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as the ratio of the feedback radiative perturbation to the change in global mean surface temperature in equilibrium, in 

units of Wm
-2

 K
-1

. 

 These definitions are tied to a simple paradigm for diagnosing and analyzing the response of the model climate 

system to an external forcing, which is borrowed from electrical engineering (Peixoto and Oort 1992).  A schematic 

representing this paradigm is shown in Fig. 1.  The system gain, Go, is defined as the ratio of the total input IT and the 

system output O.  These terms can be used to characterize the amount of output from a system for a given input into 

the system.  The main construct of this paradigm is that a portion of the output modifies the input, causing a change in 

the initial input.  This concept is referred to as feedback.  Further, the feedback transfer function, λ, is defined as the 

ratio of the additional input from the feedback, If, to the system output, O.  This paradigm is applied to the climate 

system and may be referred to as the forcing-response-feedback paradigm.   

The climate science community applies this paradigm to the climate system to gain insight about how the 

system responds to small perturbations of the system input.  The system input is considered to be the net radiative flux 

at top of the atmosphere (TOA).  The system output is traditionally considered as the global mean surface temperature.  

The system feedbacks are considered to respond to a change in global mean surface temperature and provide an 

additional radiative perturbation at TOA.  The feedback concept can be elucidated by considering the concepts of open 

versus closed systems.  An open system, in the context of this paradigm, is defined as a system without feedbacks.  

Conversely, a closed system is defined as a system with feedbacks.  In the case of the climate system, the open system 

response of the global mean surface temperature is considered the direct response from the external forcing, ΔTs,d, and 

the closed system response is the total response, ΔTs.  The difference between the global mean response of the open and 

the closed system is characterized by f, referred to as the feedback factor.    

"Ts = f"Ts,d        (1) 

Thus, the magnitude of f indicates the amplification of the direct temperature response due to the external forcing alone 

(open system) by feedback processes (closed system).  The feedback factor comprises the effect of all feedback processes 

operating in the climate system.   

f =
1

1" g
       (2) 

g = gi
i

" =
#i
#Pi

"       (3) 

The total feedback gain, g, is defined as the sum of the individual feedback gains, which are defined as product of the 

individual feedback sensitivity parameter, λi, and the open system or Planck feedback sensitivity parameter λP.  The 

open system gain is typically referred to as the Stefan-Boltzman or Planck feedback (Hansen et al. 1984; Wetherald and 

Manabe 1988, Hartmann 1994).  A more detailed discussion of all climate system feedbacks takes place below.  

Combining these definitions together results in an expression relating the open system response to the closed system 

response using individual feedback gains. 

"Ts =
"Ts,d

1# g
       (4) 
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When g=0, the closed system gain is equal to the open system gain.  When 0<g<1, the feedbacks act to amplify the 

initial open system response.  When g<0, there is a negative feedback and the closed system gain is less than the open 

system gain.  When g=1 or g>1, this leads to a physically undefined and unrealistic case.  Although this paradigm is 

simple and linear, it allows for the accumulation of insight into the complex feedback mechanisms within the climate 

system and in addition provides a simple means of inter-comparing model results. 

Wetherald and Manabe (1988) presented a basic derivation that identified the fundamental relationship between 

climate feedback strengths and climate sensitivity.  They consider the difference between the TOA radiation budgets of 

two equilibrium climate states, and show that the overall climate sensitivity parameter is just the summation of the 

individual feedback sensitivity parameters.  Thus, the climate sensitivity is entirely determined by the strengths of the 

feedbacks that compose the system.  A detailed derivation of this is provided in Chapter 3.  This outcome suggests 

that in order to reduce the uncertainty in climate sensitivity, there must be a reduction in the uncertainty of model 

feedback strengths (Zhang et al. 1994; Bony et al. 2006).  Since model feedback sensitivity drives model climate 

sensitivity, the diagnosis, analysis, and comparison of model feedback sensitivities remain important tasks.  Such a 

detailed analysis of climate feedbacks is one outcome of this study.   

Within the context of the paradigm discussed above, a climate system feedback can be any process that 

responds to a change in global-mean surface temperature and has an effect on the radiative perturbation at TOA.  Four 

general categories of feedbacks traditionally fit this description: water vapor, cloud, surface albedo, and temperature. 

 

1.1 Previous Literature  

 

1.1.1 Water Vapor  

The water vapor feedback is the strongest positive radiative feedback in the climate system (Held and Soden 2000; 

Bony et al. 2006, Soden and Held 2006).  Soden and Held (2006) provide an estimate and uncertainty range of  

+1.80 ± 0.18 Wm
-2

K
-1

 for this feedback.  The estimates for all feedback sensitivity parameters given by Soden and 

Held (2006) were considered to be the current best estimate for feedback strengths by the IPCC (Randall et al. 2007).  

The water vapor feedback process is characterized by an increase in specific humidity in response to the global mean 

surface temperature increase due to the external forcing.  The feedback process occurs because water vapor itself is a 

greenhouse gas and increasing the specific humidity produces an additional radiative perturbation to the net radiative 

balance at TOA.  The global mean water vapor radiative perturbation is positive nearly everywhere (i.e., Hansen et al. 

1984; Wetherald and Manabe 1988; Zhang et al. 1994; Watterson et al. 1999, Held and Soden 2000; Colman 2003).  

The result of the water vapor radiative perturbation is an additional increase in the global mean surface temperature.  

This indicates a positive water vapor feedback.  The feedback amplification factor for water vapor acting alone assuming 

a -3.2 Wm
-2

 K
-1

 Planck feedback sensitivity parameter is approximately 2.3, using the Soden and Held (2006) estimate 

for the water vapor feedback sensitivity parameter.  Thus, the water vapor feedback acts to more than double the direct 

response. 

The water vapor feedback has a unique geographical and vertical distribution.  The recent consensus is that the 

water vapor feedback is largely an upper tropical troposphere feedback, referring to the large radiative perturbations in 
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this region.  This conclusion results from studies by Held and Soden (2000), Colman (2001) and Soden and Held 

(2006) where the vertical contributions to the TOA water vapor perturbations were explored.  In addition, many other 

investigators using different approaches found that the free troposphere is critical for the water vapor feedback, because 

humidity changes aloft have a larger radiative effect (Shine and Sinha 1991; Held and Soden 2000; Colman 2003; 

Forester and Collins 2004).  Colman (2001) performed a partial radiative perturbation (PRP) type analysis, following 

Wetherald and Manabe (1998), to determine the contribution to the TOA radiative perturbation from a given layer, by 

perturbing one layer at a time with the 2xCO2 equilibrium water vapor amount.  The result was the largest sensitivity 

to a unit increase in water vapor specific humidity was found in the middle to low tropical troposphere.  However, the 

largest contributions to the TOA radiative perturbation were found in the upper tropical troposphere with about 50% of 

the total TOA perturbation coming from pressures less than 400 hPa.  These contributions from the upper tropical 

troposphere are a result of the largest percentage increases in specific humidity in this area.  A similar result is evident 

from the radiative kernel of Soden and Held (2006).  The geographic distributions of the TOA radiative perturbation 

contributions have also been investigated. 

Colman (2002) performed the first analysis of the geographic distribution of the contributions to all feedbacks using 

the Bureau of Meteorology Research Centre (BMRC) GCM.  The largest contributions to the global mean water vapor 

feedback were found to occur in the tropics.  Soden and Held (2006) found a similar result using a multi-model mean of 

the TOA water vapor radiative perturbations.  However as shown in this study, the geographic distribution of the water 

vapor feedback contributions within the tropics are different between the two models.  Without performing an analysis 

of the water vapor radiative perturbation geographic variations, Li and Le Treut (1992) found a tropical dominance of 

the water vapor feedback.  However, work by Gong et al. (1994) found in some GCMs significant contributions from 

the mid-latitude regions to the global mean water vapor feedback.  The results of this study suggest that the largest 

radiative contributions to the water vapor feedback in the NCAR CCSM3.0 come from the tropics. 

1.1.2 Cloud 

Soden and Held (2006) provide an estimate of the total cloud feedback sensitivity parameter of 

+0.69 ± 0.38 Wm
-2

K
-1 

representing the second strongest feedback in the climate system.  However, this is not true in 

all models.  The surface albedo feedback is stronger than the cloud feedback is some models.  The cloud feedback 

represents the most uncertain of all feedbacks (Bony et al. 2004, Stephens 2005, Soden and Held 2006).  The total 

cloud feedback can be separated into a number of components including cloud amount, cloud height, and cloud optical 

property feedbacks.  The cloud amount feedback represents radiative perturbations at TOA due to changes in cloud 

frequency.  The qualitative interpretation of the sign of cloud feedback is not as straightforward as the water vapor 

feedbacks.  The sign of the cloud amount feedback is dependent upon the relative increase in low versus high cloud 

frequency.  Summarized by Arking (1991), low clouds are characterized by negative cloud radiative forcing indicating a 

cooling effect on the surface.  The low cloud radiative forcing is due to the high reflectivity of these clouds in the SW 

and a small LW cloud effect due to only small temperature differences between the cloud level and the surface.  High 

clouds exhibit the opposite effect by reducing the outgoing longwave radiation (OLR) due to a large temperature 

difference between cloud level and the surface.  As a result of these different cloud TOA radiative effects, an increase in 

high cloud frequency alone would indicate a positive feedback, while an increase in low cloud frequency alone would 
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indicate a negative feedback.  Some studies have separated the total cloud feedback into its components, however the 

validity of the linear approximation for cloud feedbacks has not been substantiated.  Colman (2002) showed that the 

cloud amount feedback is the largest contributor to the total cloud feedback in both the LW and SW components.  

However the study of Colman (2002) used a model without interactive cloud optical properties!  A separate study by 

Colman (2003b) used a more complex cloud optical parameterization and found that the two largest contributors to the 

total cloud feedback were the cloud amount and total cloud water path changes.   

The cloud height feedback represents a uniform shift of the vertical cloud frequency distribution.  An upward shift 

of the vertical cloud distribution, a robust feature in GCMs related to the lifting of the tropopause, will have a larger 

effect on the LW cloud effect than the SW cloud effect (Wetherald and Manabe 1988).  The result of an upward shift of 

the cloud vertical distribution will be an increase in the difference between the cloud level temperature and the surface 

temperature.  The increased cloud level, surface temperature difference suggests a positive feedback.  Wetherald and 

Manabe (1988) also separated the cloud feedback into amount and height components finding that the cloud height 

feedback was stronger than the cloud amount feedback.   

The cloud optical property portion of the feedback is a new component within most GCMs, since there is now an 

interactive parameterization of cloud optical properties.  This cloud feedback occurs in response to changes in the cloud 

liquid water path, cloud phase, or cloud droplet effective radius.  A response in any of these quantities will affect the 

reflectivity and emissivity of the clouds resulting in a TOA radiative perturbation.  Charlock (1982) presented an 

analysis of the cloud optical property feedback using a radiative-convective model suggesting that this feedback is 

negative.  Stephens et al. (1990) investigated the cloud optical property feedback within cirrus clouds finding that the 

overall sign of the feedback for cirrus clouds is highly dependent on the values chosen for the effective radius and the 

asymmetry factor.  They concluded that the sign of the cirrus optical property feedback is unknown. 

1.1.3 Surface Albedo 

The surface albedo feedback is a positive feedback that is most active in the polar climate regions (Winton 2006).  

However, Hall (2004) estimated that the presence of a polar surface albedo feedback might increase the warming in the 

tropics from a 2xCO2 external forcing by approximately 20%.  According to Soden and Held (2006), the strength of the 

surface albedo feedback is +0.26 ± 0.08 Wm
-2

K
-1

, and is positive in all models.  Using transient CO2 doubling 

simulations, Winton (2006) found that the mean surface albedo feedback strength for 12 IPCC AR4 climate models was 

+0.30 ±0.09 Wm
-2

 K
-1

.  The inter-model spread in the surface albedo feedback has been found to be largely attributable 

to model differences in land snow cover response (Qu and Hall 2006).  In addition, the parameterizations of snow cover 

albedo vary drastically among GCMs leading to inter-model differences (Qu and Hall 2006).   

The surface albedo feedback provides a TOA radiative perturbation mainly through changes in snow cover and sea 

ice in the Northern and Southern Hemisphere polar regions.  The reduction in snow cover or sea ice reveals a less 

reflective surface, i.e. land or ocean.  Therefore, the locations where land snow or sea ice is reduced will absorb more 

solar radiation resulting in an increase in surface temperature.  However, as shown by Robock (1980), the snow albedo 

is dependent upon the surface temperature.  Dry, frozen snow is more reflective than wet, melting snow.  Thus, the 

surface albedo feedback is more complicated than simply considering whether or not there is snow or ice cover. 
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Studies where the spatial distribution of the global mean surface albedo feedback contributions is analyzed indicate 

the largest contributions to occur in the Arctic (Colman 2002; Soden and Held 2006).  Winton (2006) found that the 

Northern Hemisphere contributes roughly 75% to the total globa mean surface albedo feedback.  A few studies have 

investigated the contributions of the surface albedo feedback with respect to surface type, i.e. sea ice changes versus land 

snow cover changes.  Colman (2002), using a different GCM, found that about 55% of the global mean surface albedo 

feedback was a result of reductions in sea ice, whereas reduction in land snow cover accounted for 45%.  Ingram et al. 

(1989) found sea ice to contribute only 45% to the global mean feedback and land snow cover reductions to contribute 

the other 55%.  Winton (2006) found roughly even contributions to the surface albedo feedback from land snow cover 

and sea ice changes. 

 The global mean strength of the surface albedo feedback has been found to be affected the most of any feedback 

by clouds.  Clouds have been found to mask the surface albedo feedback by at least 40% (Covey et al. 1991; Colman 

2002).  This large cloud masking of the surface albedo feedback has also been found in this study.  In general, clouds 

tend to increase the atmospheric column SW albedo, because they are more reflective than most surfaces, i.e. ocean and 

non-snow covered land (Arking 1991).  However, the presence of clouds over highly reflective snow covered land or 

sea-ice will tend to either slightly reduce or not change the column albedo.  In the current climate, the radiative affect of 

polar clouds on the TOA radiative budget is minimal, however reducing the snow cover and sea-ice amount will 

increase the cloud radiative effect. 

 Hall (2004) investigated the surface albedo feedback using a ‘suppression’ technique first used to study the 

water vapor feedback by Hall and Manabe (1999).  It was found that about half of the high latitude surface temperature 

change is attributable to the surface albedo feedback.  Moreover, Hall (2004) investigated the internal variability of the 

climate system associated with the surface albedo feedback using a 1000 yr climate model simulation, applying the 

‘suppression’ technique.  He concluded that there is little influence by the surface albedo feedback to internal variability 

outside of the polar regions.   

1.1.4 Temperature 

The temperature feedback is a fundamental process within the climate system characterized by a change in the 

radiative energy flux as a result of a change in temperature.  The temperature feedback is fundamental because any 

change in temperature within the system is always accompanied by a change in the radiative emission.  This feedback 

is typically separated into two components: surface term and an atmosphere term.  The surface term of the feedback is 

typically referred to as the Stefan-Boltzman or Planck feedback.  The strength of this feedback is determined considering 

a uniform increase in the surface and atmosphere column temperature equal to the change in the local surface 

temperature.  Therefore, the Planck feedback is strongest in the locations of the largest surface temperature response 

(Colman 2002).  The Planck feedback sensitivity factor is the largest negative feedback within the climate system and 

its strength is estimated by Soden and Held (2006) using an ensemble of atmosphere-ocean coupled models as 

-3.1 to -3.2 Wm
-2

K
-1

. 

The atmosphere term is typically referred to as the lapse rate feedback, and its strength is determined based on the 

vertical structure of the atmosphere temperature change.  The lapse rate feedback is also a strong negative feedback and 

its strength is estimated as -0.84 ± 0.26 Wm
-2

K
-1 

by Soden and Held (2006).  The lapse rate feedback has been found 
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to change sign with latitude, becoming more positive moving poleward.  This is a robust feature of GCMs forced by an 

increase in CO2 that is associated with the large increases in temperature at the polar surface and in the upper tropical 

troposphere.  According to the results of Soden and Held (2006), all models show a negative lapse rate feedback.  This 

indicates that the tropical lapse rate feedback contributions are stronger than the polar lapse rate radiative contributions.   

The lapse rate feedback is generally anti-correlated with the water vapor feedback (Hansen et al. 1984; Colman 

2003; Bony et al. 2006).  As a result, these feedbacks are typically considered together (e.g. Bony et al. 2006; Soden 

and Held 2006).  Hansen et al. (1984) suggested that this negative correlation between the water vapor and lapse rate 

feedbacks is indicative of some insensitivity of the model climate sensitivity to the convective parameterization.  Soden 

and Held (2006) show that the inter-model spread in the summed water vapor plus lapse rate feedback sensitivity is less 

than either individual feedback.  In general, this can be explained in the model simulation since there are strong 

correlations between the changes in atmospheric temperature and changes in the specific humidity.  For instance, the 

strong atmospheric warming in the upper tropical troposphere and a negative lapse rate feedback are accompanied with 

large specific humidity increase and a positive water vapor feedback.  Colman (2002) investigated this negative 

correlation by considering the geographic distribution of the lapse rate and water vapor feedback radiative perturbations 

at TOA and found little correlation between the two feedbacks.   

1.1.5 Feedback Calculation Techniques 

Many studies in the literature have employed the simple linear paradigm presented in Fig. 1 to GCMs.  The 

result is a characterization of a climate change simulation in terms of climate sensitivity, radiative forcing, and feedback 

sensitivity parameters.  One such analysis was performed by Hansen et al. (1984) considering a 2xCO2 radiative 

forcing.  Hansen et al. (1984) used three-dimensional global mean GCM output in combination with a one-dimensional 

radiative-convective equilibrium model.  The feedback strengths were determined performing an equilibrium simulation 

of one-dimensional radiative-convective model using a perturbed global mean profile of the GCM output.  The feedback 

strengths are defined as the difference between the initial surface temperature and the equilibrated surface temperature.  

The global mean profile is perturbed in a manner consistent with the perturbed GCM experiment.  For instance, if the 

perturbed GCM experiment global mean water vapor increased by 33%, the water vapor feedback strength would be 

determined by perturbing the global mean profile by 33% in the radiative-convective model.  The outcomes of this 

study include a +4 K increase in global mean surface temperature, which indicates a net feedback sensitivity factor of 3-

4.  In addition, Hansen et al. (1984) determined that the direct global mean surface temperature response from a 

doubling of CO2 is +1.2 to 1.3 K.  The feedback factors for water vapor, clouds, and surface albedo estimated by 

Hansen et al. (1984) are 1.6, 1.3, and 1.1 respectively.  Wetherald and Manabe (1988), using the same paradigm, 

quantified the climate feedback sensitivity parameters in a different fashion. 

Wetherald and Manabe (1988) pioneered the partial radiative perturbation (PRP) technique for diagnosing 

climate feedback strengths in climate models.  The technique employs a series of offline radiative transfer calculations to 

determine the radiative impact of a feedback on the TOA net radiative energy balance.  The PRP technique quantifies 

the feedback sensitivity parameters in terms of feedback-induced changes in the TOA net radiation flux.  The feedback-

induced changes in the TOA net flux are determined by perturbing the offline radiation calculation using the control 

GCM output with the feedback variables, i.e. temperature, water vapor, clouds, and surface albedo, from the perturbed 
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equilibrium state.  The perturbed equilibrium state refers to the climate reached after doubling CO2.  One difference 

between this approach and that used by Hansen et al. (1984) is that feedback strength is defined in terms of a radiative 

perturbation at TOA by Wetherald and Manabe (1988), as opposed to change in equilibrium surface temperature.  

Wetherald and Manabe (1988) found a similar change in global mean surface temperature to Hansen et al. (1984) of 

+4.0 K.  The results from Wetherald and Manabe (1988) are published in terms of feedback sensitivity parameters, 

however for comparison with Hansen et al. (1984) they were translated here into individual feedback factors assuming 

each feedback operated in isolation.  The feedback factors for water vapor, clouds, and surface albedo estimated by 

Wetherald and Manabe (1988) are 1.96, 1.12, and 1.20, respectively.  As previously stated, this paradigm is used to 

analyze model responses to an imposed CO2 forcing assumes linearity.   

Colman et al. (1997) investigate the non-linear nature of global mean feedbacks using an extension of the 

PRP technique.  Colman et al. (1997) used multiple simulations from a single GCM to investigate possible non-

linearity associated with climate feedbacks.  A popular technique for estimating climate sensitivity is sea surface 

temperature (SST) perturbation experiments.  These experiments were initially performed by Cess et al. (1990) to 

investigate the inter-model spread in cloud feedbacks and have proven useful for elucidating different aspects of climate 

sensitivity.  The initial experiment proposed by Cess et al. (1990) was a ±2 K SST perturbation.  The differences 

between the two GCM experiments were used to determine feedback strengths.  Colman et al. (1997) employed this 

technique, however added ±1 K experiment and used the 0 K control to illustrate the non-linear nature of feedbacks.  

Overall, the study revealed that the largest non-linear feedbacks were due to changes in atmospheric lapse rate and high 

clouds.  In addition, there was a significant non-linear response associated with water vapor. 

Other authors have also expanded the PRP technique of Wetherald and Manabe (1988) to other models.  

Zhang et al. (1994) used a procedure similar to the PRP to investigate the role of convective and boundary layer 

parameterization schemes to model climate sensitivity.  They showed that the cumulus convection scheme employed 

has a large impact on climate sensitivity and water vapor, lapse rate, and cloud feedback sensitivity factors.  Watterson 

et al. (1999) used the PRP to compare the climate sensitivity and feedbacks of three GCMs.  A compilation of feedback 

sensitivity results was presented by Colman (2003a).  This paper presented a comparison of published feedback 

sensitivity factors diagnosed for various models.  This analysis by Colman (2003a) suggested that all feedbacks exhibit 

a substantial inter-model spread.  The largest inter-model spread is shown to be for cloud feedbacks.  This point is also 

made by numerous other authors as well (i.e. Bony et al. 2004, Stephens 2005, Bony et al. 2006, Webb et al. 2006, 

Soden and Held 2006).  The Colman (2003a) study reported a negative correlation between water vapor and lapse rate 

feedbacks.  In addition, Colman (2003a) reported a negative correlation between shortwave (SW) and longwave (LW) 

components of the cloud feedback.   

A new variation of the PRP technique, referred to as the radiative kernel technique, has been demonstrated by 

Soden and Held (2006).  The offline feedback diagnostic techniques of Hansen et al. (1984) and Wetherald and Manabe 

(1988) are computationally expensive.  Soden and Held (2006) use a variation of the PRP reducing some of the 

computational cost.  The climate feedback sensitivity parameter is defined as the ratio of the associated radiative 

perturbation to the global mean change in surface temperature.  This quantity is shown to strictly be the product of a 

partial derivative representing the radiative response and climate response by Wetherald and Manabe (1988). 
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The climate response is represented by the ratio of the change in a climate variable dx to the change in the global mean 

surface temperature dTs.  Soden and Held (2006) take advantage of this expansion and define the first term as the 

radiative kernel.  The radiative kernel is calculated using offline radiative transfer calculations similar to the PRP for 

each climate feedback variable.  However, for a given control climate state the offline calculations need only be 

calculated once, reducing the computational expense.  This technique has been employed by Soden and Held (2006), 

Soden et al. (2008) and Shell et al. (2008) to GCM simulations.  The feedback strengths obtained using this technique 

are comparable to the PRP technique, and the technique is more easily applied across many models.  The outcome of 

Soden and Held (2006) confirms that the largest inter-model spread in feedback strength occurs in the cloud feedback.  

In addition, this multi-model comparison suggests that all feedbacks exhibit a significant spread in feedback sensitivity 

parameters. 

 Another technique for quantifying feedback strengths is referred to as the feedback suppression technique.  This 

technique was used by Hall and Manabe (1999) to investigate the water vapor feedback.  The technique works by 

‘suppressing’ individual feedbacks in a 2xCO2 equilibrium climate simulation.  The suppression takes place by setting 

the climate variable associated with a particular feedback process to the values in the control climate simulation.  For 

instance, fixing the specific humidity to the control climate value suppresses the water vapor feedback.  Conceptually, 

the feedback suppression technique is simple.  However by artificially suppressing one feedback, the interactions 

between feedbacks are neglected (Lu and Cai 2009). 

 Another technique for diagnosing climate feedbacks in GCMs was presented by Zhu et al. (2007).  The 

technique was demonstrated for diagnosis of cloud feedbacks in the NCAR and GFDL climate models.  Zhu et al. 

(2007) used ±2 SST perturbation experiments to compare the signs of the components of the cloud feedback between 

the two models.  They found that the signs of the individual terms of the cloud feedback are the same between the two 

models.  The technique uses the fact that the climate sensitivity is a linear combination of the feedback sensitivity 

parameters.  Zhu et al. (2007) use a multiple linear regression technique to estimate the partial derivatives, treating 

them as coefficients in the regression.  The individual components of the cloud feedback were successfully decomposed 

by Zhu et al. (2007) using the multiple linear regression technique. 

 The newest technique for characterizing feedbacks in GCMs was presented by Lu and Cai (2009) and 

demonstrated by Cai and Lu (2009).  This technique is referred to at the Coupled Feedback Response Analysis Model 

(CFRAM).  The CFRAM allows for the decomposition of partial temperature responses due to individual feedback 

processes in a GCM simulation.  In essence, the CFRAM “rephrases” the feedback radiative perturbations in a new 

perspective in terms of partial temperature response.  The benefit of converting radiative perturbations to partial 

temperature responses is that temperature is a more intuitive quantity representing a more straightforward interpretation 

of the feedback effects.  In addition, this allows for the investigation of the effect of individual feedbacks on the 

temperature change within the atmospheric column.  This technique has not yet been applied to a GCM to characterize 

all-sky climate feedbacks.  Independently from the work of Lu and Cai (2009) and Cai and Lu (2009), Bony and 
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Dufresne (2008) presented a similar framework for presenting climate feedbacks in terms of partial changes in surface 

temperature.  However, Bony and Dufresne (2008) use only TOA radiative perturbations for this purpose. 

The focus of the studies summarized thus far was climate sensitivity and feedback sensitivity parameter.  These 

quantities are expressed in terms of a global mean value for TOA.  A series of studies by Colman (2001; 2002; 2003b) 

investigate the geographical, vertical and seasonal contributions to the TOA global, annual mean feedbacks for one 

GCM.  Many of the questions expressed in this series of papers are explored in this study using the NCAR CCSM3.0.  

One result of this study will be an additional model with a detailed analysis of the geographical, seasonal, and vertical 

distributions of feedback radiative contributions allowing for a comparison between the two models.  The identification 

of geographical and seasonal contributions to the global, annual mean feedbacks suggests physical processes that may 

be most important for the determination of climate sensitivity. 

 

1.2 Research Questions 

 

The research performed in this study includes the analysis of the geographical, seasonal, and vertical 

distributions of all climate feedbacks within the NCAR CCSM3.0.  In addition, the Coupled Feedback Response 

Analysis Method (CFRAM) will be applied for the first time to analyze the all-sky feedbacks in a GCM.  This research 

will also pursue a unique calculation of the cloud forcing on climate.  The calculation of cloud radiative perturbations 

has been hindered previously by non-linearity and complexity due to cloud overlap assumptions.  Using a stochastic 

cloud generator, this study will be able to directly calculate the cloud radiative perturbation and provide an estimated 

cloud feedback. 

This work is motivated by the lack of detailed analyses of the contributions to the global mean feedback 

sensitivities found in the literature.  Inter-model comparisons of the geographic, seasonal, and vertical contributions to 

the global mean feedback can be useful in identifying specific reasons for model differences.  In addition, a detailed 

comparison of different model contributions to the global mean feedbacks can suggest differences in the importance of 

physical processes within the model.   

The study will pursue insight into several different research questions, namely: 

• What is the geographic distribution of radiative contributions to the global, annual mean feedbacks in the 

NCAR CCSM3.0?  How does the geographic distribution of feedback contributions differ between the NCAR 

CCSM3.0 and published results? 

• What is the seasonal distribution of the radiative contributions to the global, annual mean feedbacks in the 

NCAR CCSM3.0?  How do the seasonal contributions in the NCAR CCSM3.0 compare with the study of 

Colman (2003b)? 

• Are there differences between geographic and seasonal distributions of the TOA and surface radiative 

perturbations?  If so, what are the differences and why do they occur?  Are any of these differences important to 

the interpretation of feedback strengths? 

• What are the effects of the climate feedbacks to the atmospheric column heating rates?  How do they differ from 

all-sky to clear-sky calculations? 
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• Is the CFRAM a useful tool for diagnosing the effects and strengths of feedbacks in GCMs? 

• Using the results presented here, can we set a clear path forward for further advances in the understanding of 

climate system sensitivity to increased greenhouse gases and to improve climate predictions by identifying 

areas in the cloud feedback problem that are “solved” and other areas where more work is needed? 
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CHAPTER 2 

METHODOLOGY 

 

 

This chapter begins with a discussion of characteristics of the model including resolution, notable 

parameterization specifics, and known biases compared with a model reanalysis data set.  In addition, the NCAR 

CCSM3.0 model simulation used in this study to diagnose climate feedbacks is forced by a 1% per year increase in 

CO2 until the year 2100, after which CO2 concentration remains constant.  This discussion is followed by a 

presentation of the global mean model climate response to the CO2 forcing including the changes in surface 

temperature, atmospheric temperature, precipitation, sensible and latent heat fluxes, and cloud properties.  The second 

part of this section involves a presentation of the diagnostic equation traditionally applied for climate feedback analysis.  

This chapter wraps up with a presentation and discussion of the technique used here to calculate the radiative 

perturbations associated with various climate feedback processes. 

 

2.1 Description of Model Characteristics, Forcing, and Response 

 

2.1.1 Model Characteristics 

 The NCAR CCSM3.0, hereafter CCSM3.0, is a coupled climate model that includes components representing 

processes of the atmosphere, land, ocean, ice, and sea ice.  Collins et al. (2006) presents a detailed discussion of the 

CCSM3.0, its components, and control climate.  Here, a summary of the most important model characteristics to this 

study will be summarized from Collins et al. (2006).  The CCSM3.0 is capable of performing simulations in T85, 

T42, and T31 resolutions.  The model simulation in this study is performed using T85 resolution, which is 

equivalent to approximately 150 x 150 km grid box dimensions.  The atmosphere component of the CCSM3.0, the 

Community Atmosphere Model version 3 (CAM3), has 26 vertical levels.  The vertical grid is comprised of sigma 

coordinate in the lowest levels, a hybrid sigma-pressure coordinate in the middle levels, and a pure pressure coordinate 

at pressures less than 83 hPa.  The model simulation employs a dynamic ocean model.  Collins et al. (2006) also 

describes key biases of the CCSM3.0 control climate, a summary of which follows below.   

The atmospheric state component of the control climate of the CCSM3.0 is assessed against zonal mean 

European Center for Medium-range Weather Forecast (ECMWF) 40-year Reanalysis (ERA-40) output.  One major 

difference between the CCSM3.0 zonal mean temperatures and the ERA-40 zonal mean temperatures is a cold bias 

occurring in the tropical and polar upper troposphere.  The cold temperature biases in the tropical upper troposphere 

and northern and southern hemisphere polar upper troposphere are about -1.6 K, -4.6 K, and -7.4 K, respectively.  The 

CCSM3.0 tends to overestimate zonal mean wind speeds that occur in the northern and southern hemisphere 

tropospheric westerly jets.  The global, annual mean radiative properties of the model compare well with the 

International Satellite Cloud Climatology Project (ISCCP; Zhang et al. 2004) and Earth Radiation Budget Experiment 

(ERBE; Harrison et al 1990; Kiehl and Trenberth 1997) observations.  However, there are positive biases in the all-sky 

shortwave atmospheric convergence and all-sky longwave surface net flux compared to ISCCP.  There are 2 major 
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deficiencies in the CCSM3.0 simulated SSTs: (1) cold SST bias in the equatorial Pacific and (2) warm SST bias in 

narrow coastal upwelling regions.  The cold bias in the central equatorial Pacific Ocean is about 1 K, whereas the warm 

pool SSTs are underestimated by 0.2-0.5 K.  The warm SST bias in the narrow coastal regions characterized by 

upwelling can be as large as 7 K.  This model also underestimates continental precipitation, especially in the Southeast 

United States, Amazon, and Southeast Asia.  Knowledge of model control climate biases should be considered when 

comparing feedback studies using different models. 

Kiehl et al. (2006) showed that the CCSM3.0 is more sensitive than its predecessor versions, mainly due to 

the change in the low cloud fraction parameterization.  In addition, Kiehl et al. (2006) found that the high-resolution 

T85 version of this model is more sensitive than the T32 low-resolution version, exhibiting equilibrium sensitivities 

with respect to a 1% per year increase of CO2 until doubling of 2.71 K and 2.32 K, respectively.  The equilibrium 

sensitivity dependence on horizontal resolution is related to the horizontal resolution dependence of the low cloud 

frequency response.  Additionally, the NCAR CAM2 has one of the lowest climate sensitivities to increasing CO2 

concentrations when compared against other climate models, as shown in Stephens (2005, Fig. 1).  This is mainly due 

to the projected increase in low cloud frequency over most oceans.  The same projected increase in marine low cloud 

frequency occurs in the simulation of the CCSM3.0 used in this study and will be described below. 

 One goal of this study is to attribute the model sensitivity to various climate feedbacks and apply the Coupled 

Feedback Response Analysis Method (CFRAM) to diagnosis feedback strengths in the CCSM3.0, including a direct 

calculation of cloud feedback strength.  The CCSM3.0 is chosen for this analysis because it is the only model for 

which the necessary model cloud properties are archived.  The standard model output that is archived from IPCC AR4 

is insufficient to reach the goals of this study.   

2.1.2 Model Forcing: 1% per year increase in CO2 until 2100 

The Special Report Emissions Scenario A1B (SRESA1B) simulation using the CCSM3.0 was carried out for 

the IPCC AR4 (Soloman et al. 2007).  The simulation is generally described as a moderate increase of greenhouse 

gases throughout the 21
st
 Century culminating in a near doubling of CO2 by the year 2100.  The SRESA1B is a 

scenario that represents a possible future emission state consisting of a reduction of current CO2 emitting levels.  This 

scenario is chosen for this study because it represents a “middle of the road” anthropogenic response to climate change 

and is considered a highly probable emissions scenario (Soloman et al. 2007).  Because of these considerations, the 

SRESA1B greenhouse gas forcing is a frequently used climate simulation for the analysis of model climate predictions.  

SRESA1B climate simulations are used by the IPCC in the AR4 to represent the current best estimate of climate 

feedback strengths (Randall et al. 2007).  In addition, the results obtained from this study will be verified against the 

results of Soden and Held (2006) obtained using the SRESA1B scenario. 

The SRESA1B forcing includes changes in CO2, CH4, CFC11, and CFC12 concentrations.  Figure 2 shows a 

time series plot of the increase in CO2 through the 21
st
 Century.  Carbon dioxide represents the largest greenhouse gas 

forcing to the climate system.  The SRESA1B forcing uses an annual increase of 1% for CO2 until the year 2100.  

From Fig. 1, the initial CO2 concentration in parts per million by volume (ppmv) in the year 2000 is 370 ppmv and 

reaches a nearly doubled value 689 ppmv by 2100.  

2.1.3 Model Response 



14 
 

The overall changes to the mean climate simulated by the NCAR CCSM3.0 due to the SRESA1B emissions 

scenario forcing are similar to the changes represented by other models.  The main features that are consistent from 

model to model are an increase in atmospheric water vapor, the enhanced warming of the upper tropical troposphere, the 

raising of the tropical tropopause, and the enhanced warming of the polar surface temperature (Soloman et al. 2007).  

The change in global mean surface temperature simulated by the CCSM3.0 is +2.083 K by the end of the 21
st
 century.  

The equilibrium climate sensitivity of the CCSM3.0 is 2.71 K and is below the multi-model mean of 3.0 ± 1.5K 

reported by the IPCC (Soloman et al. 2007).  Thus, the CCSM3.0 is less sensitive to a doubling of CO2 than most 

models.  The remainder of this section will focus on the details of the model climate response. 

The mean surface temperature response, shown in Fig. 3, is not spatially uniform or zonally symmetric.  

There are large differences in surface air temperature change over the continents versus the oceans, producing zonal 

asymmetries in the temperature response.  The zonal asymmetries in the surface air temperature are likely produced 

because the surface air temperature is closely linked to the surface temperature.  Thus, the ocean temperature and air 

temperature over the ocean will warm slower because of the larger specific heat capacity of ocean versus continent.  In 

addition, the transfer of latent heat energy to the atmosphere slows the warming of the ocean and ocean air temperature.  

This leads to the larger response in the surface air temperature that is simulated over continental regions.  The 

maximum change in surface temperature occurs in the northern hemisphere polar regions, where the change in 

temperature exceeds +10 K in some regions.  The southern hemisphere polar region warms as well but does not 

significantly out pace the rest the globe.  

Figure 4 shows the changes in latent heat exchange between the surface and the atmosphere, where positive 

(negative) values represent increases (decreases) in latent heat flux from the surface to the atmosphere.  As suggested in 

the previous section, there is a global mean increase in latent heat flux into the atmosphere of 4.09 Wm
-2

.  The largest 

latent heat fluxes occur over the global oceans leading to a reduced surface air temperature response in these regions.  

The sensible heat flux response, shown in Fig. 5, shows a very different spatial structure than the latent heat 

flux response.  The ocean sensible heat flux response is largely negative over the ocean.  This suggests that the surface 

air transfers sensible heat to the ocean surface.  This is especially apparent in the northern Atlantic and north Pacific 

Oceans, where there are large negative values of sensible heat exchange.  Considering that the sensible heat flux 

direction is given by the surface and air temperature difference, an increase in the sensible heat transfer from the 

atmosphere to the ocean would suggest that the surface air temperature warms more than the ocean surface temperature.   

The column precipitable water response, Fig. 6, tend to be zonally symmetric with the largest increases in the 

tropics.  As is true in the surface temperature response, there are some zonal asymmetries in the column precipitable 

water response due to land-ocean contrasts.  These zonal asymmetries are most prominent in the northern hemisphere 

mid-latitudes.  In this case, there are larger increases in column precipitable water over the ocean due to the abundant 

source of water.  However, the northern hemisphere column precipitable water increases more than the southern 

hemisphere precipitable water.  This lack of hemispheric symmetry is found in a number of climate variables and will 

be discussed later in reference to radiative perturbation contributions to the global mean climate feedbacks. 

Figure 7 shows the change in the mean convective precipitation.  Convective precipitation changes are largely 

only simulated over the tropical Pacific Ocean.  In the tropical Pacific Ocean there are large increases in convective 
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precipitation over the equator with large decreases both north and south of the equator.  This suggests a contraction and 

a concentration of the model Inter-Tropical Convergence Zone (ITCZ) precipitation area.  The model shallow 

convective precipitation response, Fig. 8, has a smaller amplitude and a different spatial structure than the convective 

precipitation response.  The shallow convective precipitation response seems to occur largely in the eastern tropical 

Pacific as opposed to the strong increase in the convective precipitation in the western tropical Pacific.  In addition, 

increases in shallow convective precipitation occur in the north Atlantic and Arctic Oceans. 

The large-scale precipitation response, shown in Fig. 9, is most significant in the mid-latitude storm track 

regions.  The changes in large-scale precipitation response in the tropics are approximately 5 times smaller than the 

response in convective precipitation.  The dominance of the convective precipitation response can be seen from the 

similarities in the spatial structures.  The total precipitation response is shown in Fig. 10.  Later in this study, we will 

correlate the changes in precipitation with the radiative perturbations due to all the feedbacks.  We are particularly 

interested in the correlations between precipitation changes and cloud and water vapor feedbacks as a way to analyze 

model processes that may contribute to the understanding of how GCMs produce cloud feedbacks. 

Figure 11 shows the zonal, time mean temperature response in the climate simulation.   The main features 

include the large surface warming of the northern hemisphere polar region and the large warming of the upper tropical 

troposphere.  The asymmetry between the north and south poles is illustrated again in Fig. 11 by the larger surface 

warming of the northern hemisphere polar region than the southern hemisphere polar region.  Both poles, however, 

exhibit similar increases atmospheric temperature lapse rate with a stronger response in the northern hemisphere.  These 

temperature changes indicate opposite lapse rate responses in the tropics versus the poles.  The warming of the upper 

tropical troposphere will act to reduce the atmospheric lapse rate.  This reduction of the atmospheric lapse rate will 

result in an increase in the outgoing longwave radiation resulting in a negative lapse rate feedback.  Alternatively, in 

the northern and southern hemisphere polar regions the surface temperature warms more than the air temperature 

resulting in an increased atmospheric lapse rate. 

The zonal, time mean water vapor specific humidity response, Fig. 12, shows the largest increase in specific 

humidity occurring in the tropics over the equator and decaying vertically and meridonally away from the equatorial 

surface.  The maximum change in specific humidity at the equatorial surface is about a 10% increase over the control 

climate.  A slight northern versus southern hemispheric asymmetry appears in Fig. 12.  The hemispheric asymmetry is 

most prominent when comparing the northern hemisphere polar region against the southern hemisphere polar region.  

The larger increase in the northern hemisphere is likely due to the presence of open ocean over the pole particularly in 

the summer time allowing for more evaporation.  A consistent pattern also emerges from the change in latent heat 

exchange, Fig. 4.  The pattern of water vapor specific humidity response shown for the CCSM3.0 is a robust feature of 

all GCMs (Soloman et al. 2007). 

The changes in the cloud properties are shown in Figs. 13 and 14.  Figure 13 shows the change in zonal, 

annual mean change cloud amount, and Fig. 14 shows the zonal, annual mean change total cloud liquid water.  The 

cloud amount response to an increase in CO2 varies spatially and vertically.  The largest changes in the cloud amount 

occur near the tropopause in the tropics and mid-latitudes.  This increase in cloud amount is accompanied by a decrease 

in cloud amount just below the tropopause.  The change in cloud amount near the tropopause is a representation of the 
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lifting of the tropopause and the subsequent lifting of clouds that occur just below the tropopause.  The CCSM3.0 

simulates a reduction of clouds through most of the mid-troposphere in the zonal, annual mean.  However, the northern 

hemisphere polar region shows a large increase in cloud amount in the mid-troposphere and reductions in cloud 

amounts near the surface.   

The changes in Fig. 14 represent the response of the cloud optical properties to increased CO2.  Due to the 

non-linear interaction of clouds and radiation, any effect of cloud amount changes on the TOA energy budget may be 

balanced by opposing changes in cloud optical properties.  Accompanying the increase in upper tropospheric clouds in 

the tropics and mid-latitudes is an increase in cloud water content.  The important features shown in Fig. 14 include 

the increase in cloud water in the zonal mean sub-tropical low clouds and the increase in liquid water globally in the 

upper tropospheric clouds.   

The model mean climate responses summarized here are directly related to the model simulated climate 

feedbacks and climate sensitivity.  These responses will be revisited in Chapter 3 when the feedback radiative 

perturbations and feedback strengths are discussed.   

 

2.2 Calculation of Radiative Perturbations 

 

 The radiative perturbation due to a feedback process, hereafter radiative perturbation, represents the strength and 

the sign of a feedback process.  Traditionally, the radiative perturbation is defined as the change in net flux, defined as 

positive downward, at TOA due to a feedback process, determined with respect to an equilibrium climate state 

(Wetherald and Manabe 1988).  A process that results in a positive (negative) radiative perturbation at TOA is 

considered a positive (negative) feedback.  The calculation of the radiative perturbation is a crucial task in the diagnosis 

of climate feedbacks in GCMs because it determines the strength of each climate feedback.   

A number of different techniques have been proposed in the literature to estimate the TOA radiative 

perturbation.  Wetherald and Manabe (1988) use offline radiative transfer calculations to determine the radiative 

perturbation due to a feedback process as the difference between a control and perturbed TOA radiation calculation.  

More recently, Soden and Held (2006) define radiative kernels that estimate the change in the TOA net radiative flux 

per unit change in a given feedback.  The radiative kernel represents a diagnostic tool that can be applied equally across 

models to quickly investigate inter-model differences in feedbacks.  One purpose of this study is to apply the CFRAM 

to GCM model output.  In order to complete this objective, the radiative perturbations must be calculated at each 

model level, not just TOA.  The radiative kernel technique does not allow for this determination.  This study will 

extend the offline radiative calculation technique of Wetherald and Manabe (1988) to include radiative perturbations at 

all model levels.  This section begins by defining radiative perturbations and then describes the manner in which 

radiative perturbations are calculated in this study.   

 The mathematical definition of the radiative perturbation is elucidated by considering a first-order Taylor 

Series expansion of the radiative transfer function.  Let’s define R as a functional that gives the net flux at TOA, which 

is a function of temperature, CO2 concentration, water vapor mixing ratio, surface albedo, and cloud properties denoted 
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by T, x, r, α, and C, respectively.  Now let’s consider the first order Taylor’s series expansion of R about some initial 

equilibrium climate state defined by T1, x1, r1, α1, and C1 to estimate the value of R(T2, x2, r2, α2, C2), denoted as R2,   

 
  

R2 = R1 +
"R1
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#T +

"R1
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 where subscript 1 refers to the initial climate state and subscript 2 refers to the perturbed climate state.  Moving R(T1, 

x1, r1, α1,C1) to the LHS and considering that in equilibrium the global mean values of R(T2, x2, r2, α2,C2) and R(T1, 

x1, r1, α1,C1) are equal yields a diagnostic relationship for the radiative perturbations including all climate feedback 

processes that can directly alter the TOA radiative flux and the CO2 forcing. 
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Equation (7) is only valid when considering global mean TOA radiation budget and can be rewritten in a shorthand 

manner, better illustrating the meaning.   

    "R = 0 = #R 
T

+ #R 
x

+ #R 
r

+ #R $ + #R 
C

  (8) 

Thus assuming that the climate system is in radiative equilibrium at TOA, the sum of all global mean radiative 

perturbations due to feedbacks and forcings must equal zero, neglecting the higher order, non-linear terms.  The 

expansion of R, shown above in (7), states that the radiative perturbation for a feedback process is represented by the 

product of the partial derivative of the radiative transfer function with respect to the feedback and the change in the 

physical quantity representing the feedback.  Thus, the determination of the radiative perturbations boils down to the 

estimation of these partial derivatives. 

 The global mean values of the radiative perturbations in (8) are defined as the mean value of all grid points.  

The global mean cloud radiative perturbation, for example, is defined as 

 "R C =
1

N
gi"RC ,i

i=1

N

# .     (9) 

In equation (9), δRc,i represents the cloud radiative perturbation determined at the i
th

 grid point, gi represents the 

Gaussian weight of the i
th

 grid point, and N represents the total number of grid points.  The grid point values of the 

cloud radiative perturbation must be weighted appropriately according to the represented surface area.  These weights 

are provided as part of the model output.   The partial derivatives are estimated using a finite difference technique, 

where one atmospheric state variable input into R is replaced with a perturbed value holding all other variables 

constant.  The value of a radiative perturbation is then estimated by taking the difference between the perturbed 

calculation and a standard calculation of R where all atmospheric state variables are held constant.  The perturbed and 

standard calculation of R is typically performed after the climate model simulation is complete and is referred to as an 

offline calculation.  The estimation of the radiative perturbations in this study will also be performed from offline 

radiation calculations.  Using the cloud radiative perturbation as an example, the local cloud radiative perturbation at 

each model grid point is defined as  

"RC ,i =
1

N
R(T1,i, j,r1,i, j ,C2,i, j,#1,i, j )$ R(T1,i, j,r1,i, j ,C1,i, j,#1,i, j )[ ]

j=1

N

% , (10) 
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where subscript 1 refers to the initial climate state and subscript 2 refers to the perturbed climate state.  The first term 

on the RHS will be referred to as the perturbed radiation flux and the second term on the RHS will be referred to as the 

standard or control radiation flux.  The only difference between the perturbed radiation flux and standard radiation flux 

is that the cloud properties used in the standard calculation are replaced by the cloud properties in the new perturbed 

equilibrium.  In (10), i represents the model grid point, j represents the realization index and N refers to the total 

number of realizations used to define the local radiative perturbation.  This calculation will be performed on a monthly 

basis and N will be 11.  A realization of the radiative perturbation is defined as the radiative perturbation calculated for 

one month of the control climate.  The number of radiative perturbation realizations is dependent upon the definition of 

the control and perturbed equilibrium climates.  The details of how the control and perturbed climates are defined are 

described below. 

 The control climate will be defined as the first 11 years of the climate model simulation.  During these years 

there is only a small CO2 forcing, an increase of 1% per year.  The first 11 years of the simulation are January 2000 

through December 2010.  The nominal values of the years are arbitrary but provide a good reference for discussion.  

The perturbed climate is taken to be the final 11 years of the 100-year model climate simulation, January 2090 through 

December 2100.  These definitions of the control and perturbed climate are the same as Soden and Held (2006) and are 

chosen to facilitate a comparison between results.  Based upon these definitions of control and perturbed climate, the 

model climate is not in equilibrium at year 2100, and thus the global mean TOA net radiative perturbation is not zero 

as shown in (8).  The radiative imbalance at TOA is +0.50 Wm
-2

.  However, Soden and Held (2006) found that 

decadal differences provide a good estimate of feedback strengths. 

The calculation of the standard fluxes is performed by inputting the monthly mean model output of the control 

climate into the radiative transfer function, representing the second term on the RHS of (10).  The strategy used to 

perturb the control climate and determine the first term on the RHS of (10) is to substitute the value of one atmospheric 

variable from the perturbed climate into the radiative transfer calculation while holding all other variables constant.  

The perturbed climate contains 11 realizations of the perturbed equilibrium climate for each month.  Again from (10), 

the mean of all the monthly estimates gives the local radiative perturbation.  The perturbed and standard fluxes are 

calculated using the NCAR CCSM3.0 radiative transfer model, the same radiative transfer model used in the climate 

simulation.  

Monthly mean model output has been used to perform the calculations because this is the only time scale for 

which sufficient model output are saved.  However, the use of monthly mean thermodynamic variables like temperature, 

pressure, and water vapor, are not expected to have a significant impact on the quantification of the local radiative 

perturbations and feedback strengths.  Wetherald and Manabe (1988) use seasonal 3-month averages for temperature, 

pressure, and water vapor to perform radiative perturbation calculations.  The main consideration is that any major bias 

introduced by using monthly mean model output will be negated because the perturbed and standard fluxes are both 

calculated using monthly mean output.  The global mean difference between the clear sky radiation calculation using 

monthly mean model output compared to the monthly mean model TOA net flux output is +3.95 Wm
-2

 with a 

standard deviation of 3.78 Wm
-2

.  Figure 15 shows a contour plot of the TOA clear sky net flux.  In Fig. 15, the color 

contours represent the model annual mean TOA clear sky net flux output for the control climate, and the black contours 
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show the TOA clear sky net flux calculated offline using the monthly mean model output contoured at the same 

intervals.  Generally, the color contours and the black contours overlap indicating good agreement.  The largest 

differences, approximately ±20 Wm
-2

, occur in the Southern Ocean along the fringes of the Antarctic continent, and are 

likely related to difficulties associates with using monthly mean surface albedo.  Shell et al. (2008) showed some 

deficiencies associated with using monthly mean surface albedo in applying the radiative kernel method to the 

CCSM3.0.  The largest local differences between the model mean flux output and the monthly mean surface albedo 

radiative perturbation was also found at the fringes of the Antarctic continent by Shell et al. (2008).  They speculated 

that the problem was due to intra-monthly correlations with the radiative kernel.  These large local differences, 

however, do not have a large impact on the diagnosis of feedback strengths.   

Shown in Fig. 16 is a contour plot of the clear sky total perturbation calculation, in color contours, and the 

sum of the individual clear sky feedback radiative contributions, in black contours.  The total perturbation calculation 

refers to the radiative transfer calculation in which all of the perturbed climate variables are substituted simultaneously 

into the offline radiative transfer calculation.  Figure 16 illustrates the utility of the linearization by plotting both sides 

of (8).  Since the color contours generally align with the black contours, we have confidence that the linear 

decomposition is valid in terms of the clear sky radiation calculation.  The global mean difference between the 

individually summed radiative perturbations and the clear sky total perturbation TOA flux calculation is -0.45 Wm
-2

.   

Figure 17 is a contour plot of the model flux output net TOA radiative perturbations.  Comparing Figs. 16 

and 17, one finds strong similarities between the two plots.  There are significant differences between the global mean 

model output clear sky TOA radiative perturbation, 2.47 Wm
-2

, and the total perturbation and individually summed 

total perturbation calculated using monthly mean output, 0.30 Wm
-2

 and -0.15 Wm
-2

 respectively.  The similarities 

between Figs. 16 and 17 suggest that despite the large local biases, the linear decomposition of feedback radiative 

perturbations under clear sky conditions is able to replicate the model clear sky TOA flux radiative perturbations. 

When calculating radiative transfer through an atmospheric column with multiple broken cloud layers, an 

accurate radiative transfer calculation requires knowledge of the locations of all clouds.  In large-scale models like 

GCMs, the vertical overlapping of cloud layers is unresolved.  Therefore, the degree to which multiple cloud layers 

overlap must be parameterized in the radiative transfer calculation.  This parameterization is important because the 

TOA radiation is sensitive to the cloud overlap assumption (Collins 2001).  The CCSM3.0 uses maximum-random 

cloud overlap assumption for the radiative transfer calculation (Collins et al. 2004).  Maximum-random cloud overlap 

is characterized by maximum overlapping of clouds in adjacent layers and random overlapping of clouds when separated 

by one or more clear layers.  As a result of non-linear effects associated with the overlapping of cloud layers and since 

the individual time step clouds are unavailable, it is necessary to approximate the cloud fields and their effects from the 

monthly cloud data in a realistic fashion.  A method proposed by Pincus et al. (2003) is adapted for use in this study 

to accomplish this task. 

The approach adopted in this study for handling clouds in the radiative transfer calculation is a variation of a 

methodology proposed by Pincus et al. (2003) for handling unresolved cloudiness in numerical weather prediction 

model radiative transfer calculations.  The technique is referred to as the Monte Carlo Independent Column 

Approximation (MCICA).  Pincus et al. (2003) describe a manner in which the predicted grid box mean cloud 
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properties can be sampled to obtain a better estimate of the actual grid box mean radiation fluxes.  The first 

consideration is that the model grid box can be subdivided into a number of subcolumns.  The characteristics of the 

subcolumns is that each is considered to be small enough that if cloud exists in an atmospheric layer the cloud amount 

fraction can be considered to be unity, otherwise the layer is considered to be clear.  In addition the technique assumes 

that there is no radiative exchange between the columns (i.e., this neglects any 3D radiative transfer).  In order to 

determine cloud profiles in each subcolumn, the MCICA technique employs a stochastic cloud generator.  The 

stochastic cloud generator proposed by Raisanen et al. (2004) is used to produce many realizations of the simulated 

mean grid box cloud properties.  

The stochastic cloud generator was formulated and tested by Raisanen et al. (2004) using cloud resolving 

model output.  Raisanen et al. (2004) found that the cloud generator estimates the mean cloud profile with only a small 

negative bias compared to cloud resolving model output.  The heart of the cloud generator is a pseudorandom number 

generator, which samples the mean cloud amount vertical profile.  Each subcolumn represents a possible cloud state 

within the large-scale grid box, and the mean of all the generated subcolumns converges to the model simulated 

monthly mean cloud amount profile.   

The assumptions employed by the MCICA technique and the use of a cloud generator remove the need to 

specify the cloud vertical overlap within the radiative transfer model making the radiative calculations simpler.  The 

cloud generator is governed by 

C j,k =
0, for x j,k " 1#Ck (clear)

1, for x j,k > 1#Ck (cloudy)

$ 
% 
& 

     (11) 

x j,k =
x j,k"1, for x j,k"1 > 1"Ck"1 (cloudy cell above)

RN j,k (1"Ck"1), for x j,k"1 # 1"Ck"1(cloudlesscell above)

$ 
% 
& 

. (12) 

From equations (11) and (12), Cj ,k represents the cloud fraction of the j
th

 subcolumn in the k
th

 atmospheric layer, Ck 

represents the model predicted value of the cloud fraction in the k
th

 atmospheric layer, xj,k represents a random number 

between 0 and 1 whose value is modified depending upon the existence or non-existence of a cloud in the layer above 

representing the maximum-random overlap assumption.   

In a general sense, the maximum-random overlap assumption is defined by maximum cloud overlap when 

clouds are in adjacent layers and random overlap when one or more clear layers separate cloudy layers.  The maximum 

part of maximum-random overlap in (12) is represented by using the same random number to determine the cloud 

amount in the current layer as the layer above if cloud is generated in the layer above, labeled “cloudy cell above.”  

Alternatively, random overlap is represented in (12) by generating a new random number to determine the cloud 

amount in the current layer, labeled “cloudless cell above.”  Here, the maximum-random version of the stochastic 

cloud generator is used to remain as consistent as possible with the original model climate simulation. 

Unfortunately for this study, the stochastic generator can only be employed for the cloud fraction.  The 

stochastic cloud generator described by Raisanen et al. (2004) can be applied to cloud liquid and ice water 

concentrations, but requires a probability distribution of the cloud optical properties at a given level.  Since only 

monthly mean cloud optical properties are available in the archived model output no information about the distribution 
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of cloud optical properties is available.  Thus when a cloud is generated in a given atmospheric layer, the mean values 

of the cloud liquid and ice water paths are used.  This approach is preferred instead of arbitrarily assuming a 

distribution of the model generated cloud liquid and ice water paths, which could easily add biases to the feedback 

calculations, which would be difficult to differentiate from the actual feedback radiative perturbations.  In addition, the 

cloud droplet effective radius is determined using the monthly mean output in combination with the parameterization 

within the CCSM3.0.  A recommendation that could improve future studies of feedbacks, especially cloud feedbacks, is 

that more detailed information of the model generated cloud liquid, ice water path, and cloud droplet effective radius 

distributions needs to be archived.  This information could be very useful in identifying reasons for inter-model 

differences in cloud feedback strengths.   

 Employing the stochastic cloud generator with maximum-random overlap and the appropriate assumptions 

from the MCICA technique, the perturbed and standard fluxes can then be calculated.  The perturbed and control fluxes 

are defined as  

R(T1,i, j,r1,i, j ,C1,i, j,"1,i, j ) =
1

N
R(T1,i, j,r1,i, j ,C1,i, j,k,"1,i, j )

k=1

N

#
 and  (13)

 

R(T1,i, j,r1,i, j ,C2,i, j,"1,i, j ) =
1

N
R(T1,i, j,r1,i, j ,C2,i, j,k,"1,i, j )

k=1

N

# ,  (14) 

respectively.  In (13) and (14), the new index, k, refers the k
th

 generated subcolumn.  Thus, the perturbed and standard 

fluxes for one realization of the monthly mean climate are determined as the average flux calculated using a total of N 

stochastically generated subcolumns.  For the calculations performed in this study N is chosen to be 100.  The choice 

of 100 subcolumns is determined empirically as the best compromise between computational cost and exact 

convergence of the radiative transfer calculation.  The number of subcolumns chosen being 100 will lead to some 

uncertainties in the calculation of the radiative perturbation for each month.  However, the total radiative perturbation is 

the mean of 11 monthly calculations, so 1100 cloud profiles are used to determine the grid point radiative perturbation.  

This increases the number of different cloud profiles used in the calculation by an order of magnitude.  Using 100 

subcolumns it is found that the root mean square error in the generated global, annual mean is less than 0.004 for all 

model layers, Fig. 18.  Thus the root mean square error is approximately 2% considering a cloud frequency of 0.2.  

Several experiments were performed to test the sensitivity of the monthly average fluxes to the number of subcolumns.  

From 8 experiments allowing the number of subcolumns to range from 10 to 2000, the monthly mean TOA flux varied 

by less then 10 Wm
-2

 over the entire range for a number of tested grid points.  In addition, the monthly mean difference 

between TOA fluxes using 100 and 1000 subcolumns was less than 2 Wm
-2

 for most tested grid points.  The bias in 

the calculation of the global, annual mean TOA net flux compared against the model output fluxes is 1.74 Wm
-2

 when 

using 100 subcolumns.  The influence on the calculation of the water vapor radiative perturbation was also tested in 

these experiments.  It was found that the water vapor radiative perturbations for the tested grid points varied by less 

than 10% of the mean value for experiments from 10 to 1000 subcolumns.  The radiative perturbations at a few grid 

points varied by less than 2% over the test range of subcolumns.  The number of subcolumns chosen to be 100 does 

not present any significant limitation of this study. 
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The biggest concern in using monthly mean model output is how to handle clouds in the radiation 

calculation.  The calculation of all radiative perturbations is sensitive to the manner in which cloud overlapping is 

performed, because the manner in which clouds overlap determines the column integrated cloud fraction.  Figure 19 is 

similar to Fig. 15, however shows the all-sky TOA net flux from model output in color contours and from calculations 

using monthly model output in black contours.  There is general overlap between the model mean all sky flux output 

and the all sky fluxes calculated from monthly mean output.  The local differences between the model mean flux output 

and the calculated fluxes are on the same order as those for clear sky.  Despite large local biases, the global mean bias is 

small indicating some cancellation.  This bias, however, could potentially have a large impact on the results for all 

feedback strengths, including cloud feedback.  However, Figs. 20, 21, 22 suggest that the biases in the clear-sky and 

all-sky fluxes using monthly mean model output does not have a large impact on the resulting feedback strengths. 

Figure 20 is similar to Fig. 16, but for all-sky radiation calculations.  The color contours again represent the 

total perturbation calculation for all-sky and the black contours represent the sum of the individual all-sky feedback 

radiative perturbations.  There is good agreement between the quantities indicating the utility of linearization in terms 

of all-sky calculations.  The global mean net TOA flux for the all-sky total perturbation is -0.97 Wm
-2

 and for the 

individually summed all-sky perturbation is -1.50 Wm
-2

.  As with the clear sky TOA radiative perturbation, Fig. 21 

shows the TOA net radiative perturbation from model flux output.  Comparing Figs. 20 and 21, there is good 

agreement.  This agreement indicates that despite the large differences between the model output all-sky TOA net flux 

and the TOA net flux calculated using monthly mean model output, the monthly mean model output can be 

successfully used to linearly decompose the total TOA net radiative perturbation.   

Figure 22 shows an estimate of the annual mean net cloud radiative perturbation.  This estimate is calculated 

following Soden et al. (2008) and Shell et al. (2008) by adjusting the difference between the perturbed minus the 

control climate net cloud radiative forcing, hereafter ΔCRF.  The net cloud radiative forcing is defined as the TOA net 

all-sky flux minus the TOA net clear-sky flux.  Soden et al. (2004) and Soden and Held (2006) showed there is a large 

positive correlation between the ΔCRF and cloud radiative perturbation.  In addition, they illustrated that the two 

quantities are different only by an offset, which is proportional to the “cloud masking” effect on radiative perturbations.  

The ΔCRF adjusted radiative perturbation is shown in Fig. 22.  Comparing this will the net cloud radiative 

perturbation, Fig. 26, shows very good agreement.  The global, annual mean ΔCRF adjusted radiative perturbation is 

+0.16 Wm
-2

, which is qualitatively similar, small and positive, to the +0.03 Wm
-2

 global, annual mean net cloud 

radiative perturbation that is directly calculated using the proposed methodology.  The difference between these two 

indicates a slight negative bias of the cloud feedback strength estimate using the proposed methodology.  The negative 

bias is likely a result of the necessary use of the monthly mean cloud liquid and ice water contents resulting in a 

positive bias in the cloud albedo.  Despite somewhat large biases compared with monthly mean model TOA fluxes, 

the proposed methodology of stochastically sampling monthly mean cloud frequency profiles provides a reasonable 

estimate of the TOA net cloud radiative perturbation. 

 

2.3 Coupled Feedback-Response Analysis Method 
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The Coupled Feedback Response Analysis Model (CFRAM) is based upon the total energy conservation 

equation for a coupled atmosphere-surface column.  Using this equation, CFRAM allows for the determination of the 

partial temperature response due to individual feedbacks.  This is done by using offline radiative transfer calculations to 

calculate the radiative perturbations within the atmospheric column and requiring that the infrared radiation exactly 

balance any perturbation to the unperturbed equilibrium state.  The CFRAM essentially represents a rephrasing of the 

traditionally used radiative perturbations to described feedback strength in terms of temperature.  One advantage of this 

is that temperature is a more intuitive unit, and thus the interpretation of results becomes more straightforward.  In 

addition, temperature is a quantity that is more fundamentally tied to physical processes.  Therefore, the CFRAM lends 

itself to a physical processes-oriented approached to analyzing model climate feedbacks.  The mathematics will be 

briefly summarized below following Lu and Cai (2009). 

Considering the total energy conservation equation, the atmosphere is divided into M layers, where m=1 is the 

top of the atmosphere (TOA) and layer m=M+1 is the land/ocean surface.  Let’s consider a long time average of these 

energy quantities.  The symbols for time mean and horizontal location indices are omitted for simplicity, however 

these equations in practice are applied at every model grid point and model layer.  The total energy conservation 

equation for an atmosphere-surface column is given by 

R = S +Qconv
+Q

turb
"D

h
"D

v
+W

fric
.  (15)    

Each symbol in (15) represents a column vector or a 1 by M+1 matrix, where R refers to the net longwave flux leaving 

the m
th

 layer, S refers to the shortwave radiation flux absorbed in the m
th

 layer, Q
conv

 refers to the convective energy 

transport into the m
th

 layer, Q
turb

 refers to the vertical turbulent transport of energy into the m
th

 layer, D
h
 refers to the 

horizontal transport of energy out the m
th

 layer into the m
th

 layer of an adjacent atmosphere-surface column, D
v
 refers to 

the large scale vertical transport of energy out of the m
th

 layer into an adjacent layer in the same atmosphere-surface 

column, and W
fric

 refers to the work done by the atmospheric friction force or surface wind stress in the m
th

 layer.   

Next, let’s consider an external forcing to the climate system equilibrium represented by (15).  Allowing the 

system to equilibrate after the external forcing has been imposed, now take the difference between the perturbed and 

control equilibrium states. 

"R = "F
ext

+ "S + "Q
conv

+ "Q
turb

#"D
h
#"D

v
+ "W

fric
 (16) 

In (16) Δ represents the difference between the energy quantities for the two equilibrium states following Lu and Cai 

(2009).  However for the application in this study, Δ represents the difference between the perturbed and control 

atmospheric states defined above as decadal means.  Next, decompose the radiation terms in (16) following Lu and Cai 

(2009). 

"R =
#R

#T

$ 

% 
& 

' 

( 
) "T + "R (w) + "R(C )    (17) 

"S = "S
(C )
+ "S

(#)
    (18) 

Equation (17) represents the total change in outgoing LW radiation from the m
th

 layer as the sum of the change in LW 

radiation due to a change in temperature (∂R/∂T)ΔT, a change in water vapor Δ
(w)

R, and a change in cloud cover and 

cloud optical properties Δ
(c)

R.  (∂R/∂T) represents the Planck feedback matrix, which is equivalent to the Stephan-
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Boltzmann or Planck feedback defined in each model layer.  Equation (18) represents the total change in absorbed solar 

radiation in the m
th

 layer due to a change in cloud cover and cloud optical properties Δ
(c)

S and a change in surface 

albedo Δ
(α)

S.  Substituting (17) and (18) into (16) yields 

"R

"T

# 

$ 
% 

& 

' 
( )T = )F ext

+ )S (*) +)R (w) + )(C )(S + R)+ )Qconv
+ )Qturb +)Dh +)Dv

+ )W fric
. (19) 

Finally, ΔT can be isolated by multiplying both sides by (∂R/∂T)
-1

, which is the inverse of the Planck feedback 

matrix.  The results is the CFRAM. 

"T �
#R

#T

$

%
&

'

(
)

*1

"F ext � "S (+) *"R (w) � "(C )(S * R)� "Qconv � "Qturb *"Dh *"Dv � "W fric
[ ]  (20) 

Since (20) is a linear model, the equation can be linearly decomposed and rewritten as 

"T (n) =
#R

#T

$

%
&

'

(
)

*1

"F (n)
.    (21) 

Equation (21) states that the temperature change due to any given feedback mechanism is given as the product of the 

inverse Planck feedback matrix and the column radiative forcing matrix ΔF.  Alternatively, the resulting partial 

temperature change obtained by applying the CFRAM is the change in temperature required to exactly balance the 

radiative perturbation due to an individual feedback. 

  The CFRAM has a number of advantages over the traditional methods of quantifying feedback strengths (Lu 

and Cai 2009).  First, the surface temperature change in response to any feedback process includes both the direct 

change by the feedback process and the indirect change by the “back radiation” due to the change in atmosphere 

temperature.  In addition, CFRAM does not include a lapse rate feedback, therefore feedback processes can be defined 

quantitatively with less uncertainty because affects of the other feedbacks will no longer be “hidden” inside the lapse 

rate feedback.  Second, the CFRAM allows for the evaluation of feedback processes that do not directly affect the TOA 

radiation budget such as evaporation, convection, and horizontal heat transport.  These feedbacks have not been 

included in any previous feedback analysis methodology, and therefore these feedbacks are hidden within the quantified 

feedbacks. 
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CHAPTER 3 

RESULTS 

 

 

3.1 Spatial Distribution of Radiative Perturbations 

 

The following discussion concerns the spatial distribution of TOA and surface feedback radiative perturbations.  

To facilitate the discussion, we define the tropics to extend from 10°N to 10°S, the sub-tropics to extend from 10° to 

30°N or S, the mid-latitudes to extend from 30° to 60°N or S, and the polar regions to extend poleward of 60° in both 

hemispheres.  All of the fluxes in this chapter are defined as positive downward where positive radiative perturbations 

indicate a positive feedback. 

3.1.1 CO2 Forcing 

 Figure 23, shows the TOA net radiative forcing from an increase in CO2.  The size of the CO2 forcing ranges 

from 3.4 to 0.4 Wm
-2

, and the global mean value of the forcing estimated from the CCSM3.0 is 2.18 Wm
-2

.  This 

global mean radiative forcing is less than the 4 Wm
-2 

value typically quoted for doubled CO2 (Hansen et al. 1984).  

This is a result of using the value for the radiative forcing at TOA.  In addition, the CO2 forcing in this emission 

scenario does not represent a complete doubling, but rather a 1.86xCO2 increase.  A noteworthy feature is that the 

forcing is not globally uniform, despite the uniform change in CO2 concentration.  The values of the tropical CO2 

radiative perturbations can be more than three times larger than the radiative perturbations near the poles.  The largest 

values of the CO2 forcing are found in the warm, dry regions with a smaller cloud frequency especially along 30° N and 

S.  Minima in the forcing occur over mountain ranges (i.e. Himalayan Mountains of southeast Asia) and near the poles 

owing to the reduced surface temperature in those regions.  In addition in the mountain regions, the smaller forcing is 

due to reductions in air temperature and pressure due to the increased elevation.  As a result any change in the surface 

temperature is also seen at TOA.  The TOA forcing is zonally asymmetric in the tropics becoming more symmetric 

toward the poles.  Looking at the equatorial tropical Pacific Ocean as an example, the eastern tropical Pacific has TOA 

CO2 radiative forcing of about 3.4 Wm
-2

 where as the western tropical Pacific forcing is only around a 1.4 Wm
-2

.  

Applying the radiative forcing locally would result in a stronger warming of the eastern tropical Pacific than the western 

tropical Pacific. 

Figure 23 also shows the CO2 radiative forcing calculation performed for clear skies.  The global mean CO2 

forcing calculated under clear sky conditions is 2.59 Wm
-2

.  The range of the clear sky radiative perturbations does not 

change significantly from the all-sky calculation, however the CO2 forcing in the tropics becomes more zonally 

symmetric under clear sky conditions, particularly in the tropical Pacific.  Thus, the presence of clouds seems to be at 

least partly responsible for the zonal asymmetries of the forcing in the tropics.  Overall, the spatial distribution of the 

CO2 forcing from the CCSM3.0 closely resembles the forcing results of Colman (2002). 

The direct forcing from CO2 at the surface (SFC), shown in Fig. 24, illustrates a different spatial distribution 

than at TOA.  The overall range of the forcing is the same as at TOA with distinct maxima located in very dry regions, 

i.e. Northern Africa, Middle East, Chile, and the Southwest US.  The minimum of the CO2 forcing at the SFC is 
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located in the tropics.  The low values of radiative forcing at the surface in the tropics are largely due to a masking by 

water vapor.  In addition, there is a stark contrast in the radiative forcing between the ocean and the continents seen by 

comparing the SFC radiative perturbation in the Southwest US with the values over the adjacent ocean.  The polar 

regions have nearly the same forcing at the SFC as TOA.   

Figure 25 shows the main features discussed above in the zonal mean sense.  The radiative forcing at TOA has 

maximum in the subtropics of both hemispheres.  At the SFC, the equatorial minimum in the radiative forcing is 

obvious along with the maximum in the northern hemisphere around 30° N.  The land-ocean contrast of the CO2 

forcing at the surface is apparent by comparing the zonal mean radiative perturbation at 30° N and S.  The maximum is 

larger at 30° N because there is much more land in the northern hemisphere. 

3.1.2 Clouds 

Figure 26 presents the annual mean longwave, shortwave, and net cloud radiative perturbations (CRPs) at 

TOA.  The longwave CRP δRc,LW indicates a large positive TOA radiative perturbation in the equatorial Pacific region 

with values exceeding +20 Wm
-2

.  Outside of the tropics, δRc,LW takes on smaller values.  The globally averaged 

δRc,LW  is +0.75 Wm
-2

 suggesting that the overall positive longwave cloud radiative perturbation in the tropics is 

dominating the global feedback.  At TOA, there does not seem to be any large asymmetry between the northern and 

southern hemisphere polar regions unlike the surface radiative perturbations shown in Fig. 27.   

The longwave cloud radiative perturbations at the SFC show a very different spatial distribution than at TOA, 

but overall still positive.  The globally averaged δRc,LW at SFC is +0.34 Wm
-2

.  At SFC, the global, annual mean 

δRc,LW in the tropics is approximately zero and the global, annual mean positive SFC longwave cloud radiative 

perturbation is dominated by the Northern Hemisphere polar region.  The small LW radiative perturbations in the 

tropics are a result of large water vapor specific humidity, which effectively masks the LW cloud effects at the surface. 

Considering the shortwave component of cloud radiative perturbation δRc,SW, Fig. 26 shows a very strong 

negative cloud radiative perturbation at TOA over the equatorial western Pacific Ocean exceeding -30 Wm
-2

, which 

opposes the strong positive radiative perturbation in the longwave.  Several regions of the sub-tropics, including off the 

west coasts of the United States, South America, and the Southern African Continent and the sub-tropical Atlantic 

Ocean, show strong negative δRc.SW.  In general, the sub-tropical regions of negative cloud radiative perturbations are 

primarily a result of an increase in low cloud frequency.  These cloud regimes do not have a strong positive longwave 

perturbation counterpart like in the tropical western Pacific.  Therefore despite the smaller magnitude of these sub-

tropical shortwave radiative perturbations, they make a significant contribution to the total global mean cloud feedback.  

The mid-latitude storm track region contains several small areas of weak negative shortwave cloud radiative 

perturbations in the western and central Pacific and the southeastern United States.  These negative shortwave cloud 

perturbations are coupled with positive longwave perturbations at TOA negating any major contribution to the net 

radiative perturbation.  The TOA global mean δRc,SW is -0.72 Wm
-2

 and is largely dominated by the radiative 

perturbations in the tropical western Pacific and the sub-tropical low cloud regions.   

Different from the longwave cloud radiative perturbation, the shortwave cloud radiative perturbation at SFC is 

nearly identical to the TOA (see Fig. 27); global mean SFC δRc,SW is -0.65 Wm
-2

.  This difference between the SFC 
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and TOA cloud radiative perturbations in the longwave is because clouds act as a source of longwave radiation, and the 

atmosphere is opaque to longwave radiation in many portions of the spectrum.  Clouds near the surface have little effect 

on the net flux because of the opacity of the atmosphere, whereas higher-level clouds significantly reduce the TOA 

longwave fluxes because radiation from below is absorbed and replaced by emission from the colder clouds.  The cold 

clouds make but small changes to the net flux at the surface.  However in the shortwave, atmospheric absorption is 

weak everywhere and therefore a reflection at cloud level has the same effect as a surface reflection.  In other words, any 

reflection of shortwave radiation within a column, whether at the surface or cloud layer, will change the net flux at every 

level equally, assuming no absorption.  Figure 45 illustrates this point, where the values of the zonal, annual mean 

shortwave cloud radiative perturbations are nearly unchanging in the vertical.  The previous statement is obviously not 

true when considering longwave radiation and this is illustrated in Fig. 45.  This difference in the nature of longwave 

versus shortwave radiative transfer in the Earth’s atmosphere suggests that the response of the climate system to 

shortwave and longwave cloud feedbacks could be very different.  We will return to this discussion when considering 

the results of the CFRAM analysis. 

The net cloud radiative perturbation and the zonal mean net cloud radiative perturbation at TOA and the SFC 

are shown in Figs. 26 and 27, respectively.  The longwave and shortwave cloud radiative perturbations in the tropical 

western Pacific largely cancel to result in a smaller region of negative net radiative perturbation.  The net negative cloud 

radiative perturbation in the tropical western Pacific is a result of an increase in cloud frequency at middle-to-high levels 

accompanied by an increase in the cloud liquid water path at the same levels, shown in Fig. 29.  Conversely in the 

eastern tropical Pacific, the small positive longwave and shortwave cloud radiative perturbations combine to provide a 

large positive net radiative perturbation.  The large positive forcing in the east Pacific is due to an increase in high 

clouds in this region, Fig. 30.  There also are changes in the mean cloud liquid water path in this region that 

contribute to the overall radiative perturbation.  The strong negative shortwave cloud radiative perturbations in the sub-

tropics mentioned previously combine with a weak negative longwave cloud radiative perturbation to contribute 

significantly to the net radiative perturbation.  This net negative radiative perturbation in the east Pacific stratocumulus 

region is due to an increase in low cloud frequency and an increase in the low cloud liquid water path, Fig. 31.  The 

CCSM3.0 radiative perturbations in the east Pacific stratocumulus region are similar to the results of Colman (2002); 

however differ in sign from the multi-model ensemble results presented by Soden et al. (2008).  Another location of 

strong positive net cloud radiative perturbation is shown over the northern South American continent.  Similar to the 

positive net cloud radiative perturbations over the tropical eastern Pacific, this strong positive net cloud radiative 

perturbation is a result of combining a weak positive shortwave radiative perturbation with a weak positive longwave 

radiative perturbation.  The mean changes in cloud frequency and cloud liquid water path over the Amazon region are 

shown in Fig. 32. 

In the northern hemisphere mid-latitudes, there are a few regions of positive and negative CRP that largely 

offset in the global mean.  The southern hemisphere mid-latitudes generally show a small negative contribution to the 

global mean cloud radiative perturbation.  Conversely, the northern hemisphere polar region shows a predominantly 

positive net CRP with a few areas of weak negative net CRP similar to Colman (2002) and Soden et al. (2008).  The 

global mean net CRP at TOA and SFC are +0.03 Wm
-2

 and -0.31 Wm
-2

, respectively.  At TOA, the overall small 
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positive net CRP value is dominated mainly by the cancellation between the large net positive perturbation in the 

tropics along the Inter-Tropical Convergence Zone region and the large negative contributions in the subtropics.  In 

other terms, the global mean cloud feedback is given as the small difference between the radiative perturbations 

associated with increases in tropical high clouds and increases in sub-tropical low clouds.  

To briefly summarize, the small net positive global, annual mean CRP at TOA is a result of cancellations 

between the positive longwave CRP in the tropics and a negative shortwave perturbation in the sub-tropics, illustrated 

in Fig. 28.  The net positive CRP in the tropics results from more frequent high clouds with larger liquid water paths, 

illustrated in Figs. 13, 14, and 30.  The net negative CRP in the sub-tropics is a result of an increase in low cloud 

frequency and liquid water path on the west coast of the North American, South American, and African continents.  

From Fig. 30, there is an obvious increase in low cloud frequency driving the negative net CRF. 

3.1.3 Water Vapor 

The water vapor feedback is the strongest positive feedback in the climate system as represented by GCMs (Bony 

et al. 2006).  The water vapor feedback is a well-understood process in the climate system governed by the Clausius-

Clapeyron relationship.  A robust result found in GCM climate simulations is that the relative humidity is 

approximately conserved when considering a 2xCO2 perturbation (Randall et al. 2007).  Despite these conclusions, the 

inter-model global mean water vapor feedback strength still has a fair range of inter-model spread.  Figure 33 shows the 

annual mean longwave, shortwave, and net TOA radiative perturbations for water vapor. 

The global radiative contributions to the water vapor feedback are largely due to changes in LW emission, 

however the results suggest that the absorption of SW radiation by water vapor contributes nearly 20% to the total 

global mean feedback.  In some northern and southern hemisphere polar regions, the local SW radiative perturbations 

are larger than the local LW contributions.  Spatially, the LW radiative perturbations are similar to the net radiative 

perturbations, with the largest values occurring in the tropics.  The LW radiative perturbations range from 0.07 to 

10.5 Wm
-2

 and the SW radiative perturbations range from 0.1 to 2.0 Wm
-2

.  The net TOA water vapor radiative 

perturbations range from 0.6 to 11.3 Wm
-2

.  Dividing these local radiative perturbations by the global mean surface 

temperature change 2.083 K, local water vapor feedback strengths range from a small 0.29 Wm
-2

K
-1

 to 5.67 Wm
-2

K
-1

.  

The global mean values of the water vapor radiative perturbation and PRP feedback factor are 3.95 Wm
-2

 and 

1.91 Wm
-2

K
-1

, respectively.  The estimated PRP water vapor feedback strength is within the uncertainty range 

estimated by Soden and Held (2006).  

 The strongest contributions to the water vapor net radiative perturbations for the CCSM3.0 from a zonal mean 

perspective are found in the tropics, Fig. 33.  The size of the zonal mean water vapor radiative perturbation decreases 

rapidly poleward of the tropical maximum.  These water vapor radiative perturbations follow the zonal mean changes in 

specific humidity, summarized in Fig. 12.  The largest local water vapor radiative perturbations are found to be in the 

equatorial Pacific Ocean, with a maximum in the water vapor radiative perturbations in the central equatorial Pacific.  

This result is opposite to that presented by Colman (2002), which shows a local minimum in the central equatorial 

Pacific.  The sizes of the radiative perturbations in the equatorial Pacific are 2 to 3 times larger than the values over the 

rest of the tropics.  The size of the mean radiative perturbation poleward of 20° N and S latitude is 2.17 Wm
-2

, where 

as the mean radiative perturbation equatorward of 20° N and S latitude is 5.00 Wm
-2

.  Thus, the global mean water 
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vapor feedback is dominated by the tropical water vapor response to increasing atmospheric CO2.  This tropical 

maximum is also illustrated in the zonal mean water vapor radiative perturbation at TOA and the SFC, Fig. 36.   

Specifically, the water vapor feedback is dominated by the response in the equatorial Pacific, suggesting that 

this region may be particularly sensitive to a CO2 forcing.  The CCSM3.0 shows a large relative percent increase in the 

specific humidity in the upper troposphere of the equatorial Pacific.  In addition, there is a coinciding increase in the 

vertical velocity in this region as well, suggesting that this water vapor is being transported from below.  The 

sensitivity of the equatorial Pacific climate to a CO2 forcing has been discussed in the literature.  Under global 

warming, there is a simulated slowing of the zonal asymmetric Walker Circulation (Held and Soden 2006; Vecchi and 

Soden 2007).  The slowing of the Walker Circulation is likely to have significant global impacts, and will directly 

influence ENSO.  Since the water vapor feedback is large in the same region as the weakening Walker Circulation, this 

may suggest that the two processes are related.  Thus, inter-model differences in the water vapor feedback may directly 

relate to the model simulated weakening of the Walker Circulation.  If the strength of the Walker Circulation is 

strongly related to the size of the local water vapor feedback, as is suggested by the mass balance arguments of Held and 

Soden (2006), it is likely then that small differences in the tropical western Pacific water vapor feedback may lead large 

differences in the global climate. 

 The water vapor radiative perturbations at the surface show a similar spatial distribution to that at TOA.  The 

main difference between the SFC and TOA spatial distributions is that the radiative perturbations at the SFC seem to 

be smaller, excluding some tropical locations.  Figure 12 shows the zonal, annual mean change in specific humidity, 

showing the largest increase at the surface.  It turns out that the largest percent increases in specific humidity occur in 

the upper tropical troposphere and are driving the non-uniform radiative contributions to the water vapor feedback, as 

also shown by Colman (2001).  

The maximum SFC radiative perturbations occur in the central equatorial Pacific, same as at TOA.  The global 

mean radiative perturbation at the SFC is +3.40 Wm
-2

.  Figure 35 shows the net clear sky water vapor radiative 

perturbation at TOA and SFC.  The global mean values of the clear sky water vapor radiative perturbation for TOA and 

SFC are 4.36 Wm
-2

 and 4.94 Wm
-2

, respectively.  This shows that under clear sky conditions the SFC water vapor 

radiative perturbation is larger than at TOA.  The difference between the global, annual mean net all-sky and clear-sky 

water vapor radiative perturbations at TOA is -0.41 Wm
-2

. 

3.1.4 Surface and Atmospheric Temperature 

 The change in surface and atmospheric temperatures represents the largest negative feedback in the climate 

system.  The temperature feedback is typically referred to as the Stefan-Boltzmann feedback because it is a direct 

consequence of the Stefan-Boltzmann Law.  Figure 37 shows the spatial distribution of the temperature radiative 

perturbations.  The annual mean radiative perturbations due to surface and atmosphere temperature changes range from 

-1.58 to -19.7 Wm
-2

.  The negative radiative perturbation values indicate an increase in the OLR and a negative 

feedback.  The global mean radiative perturbation at TOA due to changes in temperature is -8.34 Wm
-2

 representing a 

combined PRP feedback strength of -4.03 Wm
-2

K
-1

.  The strongest values of the radiative perturbation occur over the 

Arctic Ocean and the continental tropics.  The large values over the Arctic Ocean are a result of the largest surface 

warming in the model climate response.  The large radiative perturbations over the tropical continents may be partially 
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explained by the approximately 3-4 K increase in the annual mean surface temperature in these regions, however these 

large perturbations are also due to a reduction in the atmospheric lapse rate, illustrated for the Amazon region in Fig. 

38.  The surface temperature change in the Amazon region is ~2 K, where as the upper troposphere temperature change 

is ~4 K indicating a reduction in the lapse rate and a negative feedback.  The smallest temperature radiative 

perturbations tend to occur over oceans, in particular over the Southern Ocean.   

 Figure 37 shows the temperature radiative perturbations at TOA calculated under clear sky conditions.  The 

range in the radiative perturbations under clear sky conditions is larger indicating that in some locations the presence of 

clouds reduces the strength of the temperature feedbacks and in other places clouds tend to increase the strength of the 

temperature feedbacks.  This result is intriguing because this is the only feedback where clouds act to increase its 

strength.  The presence of clouds will act to reduce the surface temperature feedback by decreasing the amount of LW 

radiation from the surface that escapes to space, making the radiative perturbations less negative.  However since clouds 

increase the emissivity of an atmospheric layer, the LW emission to space from the atmosphere can be increased and 

clouds can strengthen the lapse rate feedback.  Also, the cloud effect on the lapse rate feedback can also be increased if 

cloud frequency is increased in a region of a temperature inversion.  Colman (2002) showed a similar result.  The 

specifics of the cloud effects on the lapse rate feedback are dependent upon the location, amount, liquid water, and ice 

water content of the clouds. 

 The range of temperature radiative perturbations at the SFC, Fig. 39 is from -21.8 to +6.2 Wm
-2

.  Therefore in 

some regions, the temperature radiative perturbations suggest a positive temperature feedback when considering the 

surface radiative perturbation.  However, upon closer inspection of the annual mean surface temperature response, Fig. 

3, one finds that surface temperature shows a slight decrease in the Southern Ocean and the North Atlantic Ocean 

regions.  These regions see positive surface temperature perturbation due to the reduction in the surface temperature and 

the increase in the air temperature above.  The zonal mean net temperature radiative perturbations at TOA and the SFC, 

Fig. 40, exhibit very different latitudinal structures.  At the SFC, the radiative perturbation is nearly constant over 

most latitudes south of 60° N, excluding the slight variations over the Southern Ocean.  North of 60° N, the zonal 

mean temperature radiative perturbations become stronger than -10.0 Wm
-2

.  This is a result of the large annual mean 

surface temperature increases, greater than 6 K, simulated in this region.  At TOA, the zonal mean radiative 

perturbation has a much larger latitudinal variation with perturbations stronger than -10.0 Wm
-2

 near the equator and 

North Pole.  The large radiative perturbations north of 60° N at TOA occur for the same reason as the SFC.  The 

radiative perturbations at TOA in the equatorial region are a response to the large upper tropospheric warming that 

occurs there, shown in Fig. 11.  The large upper tropospheric warming suggests a large negative lapse rate feedback in 

this region, which acts to increase the downwelling net radiation at the SFC reducing the radiative perturbation.  This 

elevated warming allows the tropical troposphere to cool more effectively than if this warming where concentrated at the 

surface, due to the lesser water vapor concentrations in the upper troposphere compared with the surface. 

3.1.5 Albedo 

 The change in surface albedo represents a climate feedback that is largely related to polar climate dynamics 

(Winton 2006).  The ice-albedo feedback radiative perturbations from Fig. 41 show a range from -4.5 to 62.5 Wm
-2

. 

Except in a few places, the local sign of the albedo feedback is positive indicating a positive global mean feedback.  
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Large values of the surface albedo radiative perturbations occur in the Tibetan Plateau region due to the melting of 

snow, resulting in a large decrease in surface albedo.  The global mean value of the albedo radiative perturbation is 

+0.68 Wm
-2

 and the PRP feedback is +0.33 Wm
-2 

K
-1

.  The estimated strength of the surface albedo feedback in this 

study is comparable to and lies within the range of GCM PRP feedback strength estimates of Colman (2003a), Soden 

and Held (2006), and Winton (2006) summarized by Bony et al. (2006).  The largest local radiative perturbations from 

the surface albedo feedback are associated with the melting of sea ice.  However, there is a wide area of weak positive 

radiative perturbations due to the reduction of land snow cover over the mid-latitude continents.  Winton (2006) states 

that 75% of the global mean surface albedo radiative perturbation is due to contributions in the northern hemisphere.  

The results here suggest a similar contribution of approximately 78% by the northern hemisphere.  The melting of sea 

ice in this model simulation occurs mainly over the northern hemisphere polar region and the edges of the Antarctic 

continent.  Over the Arctic Ocean, the melting of sea ice uncovers the underlying ocean.  The underlying ocean has a 

much lower SW albedo leading to an increase in the solar absorption, and a subsequent warming of the surface.   

 Figure 41 shows the surface albedo TOA radiative perturbation calculated under clear sky conditions.  There 

are only small changes in the distribution of the albedo radiative perturbations when clouds are removed from the 

calculation; however, over the Arctic Ocean and the edges of the Antarctic continent there are increases in the size of the 

radiative perturbations.  The global mean net albedo radiative perturbation increase to 1.11 Wm
-2

 when clouds are 

removed.  This result suggests that the presence of clouds reduces the strength of the surface albedo feedback.  The 

presence of clouds in the perturbed equilibrium climate will act to increase the mean TOA albedo, since clouds are 

more reflective than the open ocean. 

 The zonal mean TOA and SFC albedo net radiative perturbations are shown in Fig. 42.  As with the SW 

cloud feedback, there is little difference between the TOA and SFC radiative perturbations due to weak atmospheric 

absorption of SW radiation.  The zonal mean radiative perturbations illustrate well the large contribution to the global 

mean albedo radiative perturbation from the northern hemisphere polar regions. 

 

3.2 Vertical Distribution of Radiative Perturbations Fluxes and Heating Rates 

 

In this section, the vertical distribution of radiative contributions to the feedbacks will be explored.  The LW, 

SW, and net radiative perturbations will be discussed.  In applying the CFRAM, the difference between the net fluxes 

of two layers is required.  This difference is proportional to heating rate in the layer.  For the discussion below and in 

Lui and Cai (2009), the difference between the net fluxes of two layers will be referred to as the heating rate. 

3.2.1 CO2 Forcing 

 The global, zonal mean vertical distribution of the CO2 radiative forcing, Fig. 43, presents a different 

perspective of the forcing.  The CO2 forcing is spatially variable and zonally asymmetric when viewed at TOA.  From 

this perspective, the net CO2 forcing ranges from +0.62 to 3.95 Wm
-2

.  The strongest radiative forcing is located in the 

subtropical upper troposphere and lower stratosphere, with smaller changes in the lower troposphere and at the surface.  

Thus, increasing CO2 is more effective at altering the fluxes of the upper troposphere and stratosphere than altering the 
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lower tropospheric and surface fluxes, and the meridional gradient of the forcing is stronger in the upper troposphere 

than at the surface.  The strongest lower troposphere forcing occurs in the subtropics with an equatorial minimum.   

The zonal, annual mean net radiative perturbation heating rate is shown in Fig. 44.  The maximum convergence 

occurs near the surface, with a maximum near the surface located in the southern hemisphere polar region.  The 

maximum heating rate in the atmosphere occurs in the subtropics of both hemispheres.  The global mean convergence 

of net CO2 radiative perturbation in the atmosphere is +0.66 Wm
-2

.  This global mean atmospheric convergence 

includes negative contributions from the stratosphere, so this will be an underestimate of the direct tropospheric mean 

temperature increase due to the CO2 forcing.  

3.2.2 Cloud 

The zonal mean vertical distribution of the annual mean CRPs, Fig. 45, shows some interesting characteristic 

differences between the nature of cloud longwave and shortwave feedbacks to the system response.  Figure 45 shows a 

pressure-latitude plot of the zonal, annual mean longwave CRP.  Noteworthy is the large positive longwave CRP in 

the upper tropical troposphere and near the surface in the northern hemisphere polar region.  The overall zonal, annual 

mean longwave CRP is mainly axisymmetric about the equator, excluding the polar regions.  The longwave radiative 

perturbations are strongly positive in the northern hemisphere polar region and slightly negative in the southern 

hemisphere polar region, however the longwave CRPs in both hemispheres are largest near the surface.  This 

hemispheric asymmetry is likely due to the presence of the Antarctic continent with large elevation over the South 

Pole, and the lack of a similar situation over the North Pole.  The longwave heating rate shows a large LW cloud 

induced heating around the global tropopause, shown in Figure 46, with an alternating pattern of heating and cooling 

in the equatorial troposphere.  The alternating pattern of heating and cooling resembles a similar pattern exhibited in 

the cloud liquid water path response.  Figure 46 also shows a large flux convergence-divergence couplet at the surface in 

the northern polar region.  Thus, one can infer that the longwave cloud feedback acts to warm the northern hemisphere 

polar near surface air but to cool the southern hemisphere polar near surface air.  Excluding the strong longwave surface 

heating in the northern polar region, the longwave cloud feedback is mainly active in warming and cooling the 

atmosphere with smaller effects at the surface.  This effect is in stark contrast to the shortwave CRP and the shortwave 

flux divergence patterns illustrated in Fig. 45 and 46, respectively.   

Mentioned previously, the pressure-latitude representation of the zonal, annual mean shortwave CRP can be 

summarized by near constant values in the vertical.  The overall effect on temperature of the shortwave cloud feedback 

becomes clearer when considering the flux convergence.  Figure 46 contains a number of regions of SW cooling at 

various latitudes.  The major regions of negative heating rates near the surface including just south of the equator, in 

the subtropics of both hemispheres, northern hemisphere polar region, and in higher mid-latitude regions of both 

hemispheres.  From these model calculations, one can infer a negative shortwave cloud feedback leading to a cooling of 

the surface in these regions of flux divergence.  Comparing the shortwave and longwave radiative perturbation heating 

rates in more detail, results in an important dichotomy implying different pathways through which the cloud feedback 

can affect the temperature of the climate system.   

Strictly, in the absence of atmospheric absorption, any change to the shortwave radiative flux due to clouds or 

any other process will only directly affect the surface temperature.  Conversely, any change to the longwave radiative 
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flux can affect either the surface or atmospheric temperatures.  To the first order, we can then consider that the shortwave 

cloud feedback will only cause changes in the surface temperature and the longwave cloud feedback will drive 

temperature changes in the atmosphere affecting the surface temperature only indirectly through changes in atmospheric 

temperature.  The statement breaks down in the polar regions when the opacity of the atmosphere becomes small 

enough that clouds not adjacent to the surface can have a significant effect on the surface net longwave flux.  The global 

mean net CRP values at the SFC, -0.31 Wm
-2

, and in the atmosphere, +0.34 Wm
-2

, reinforce the previous statement 

on the global scale by suggesting that the shortwave CRP dominates at the surface and the longwave CRP dominates 

in the atmosphere.  Therefore because of the differing manners in which shortwave and longwave cloud feedbacks affect 

the temperature of the system; the consideration of only the changes in the TOA energy is insufficient to understanding 

the complete nature of cloud feedbacks. 

 The net CRP and net heating rates in the atmosphere are shown in Fig. 45 and 46, respectively.  Analyzing 

the net zonal, annual mean CRP gives the same result discussed above regarding the global, annual mean CRP: large 

positive values in the tropics, specifically in the upper troposphere and large negative values in the subtropics, mainly 

located in the low to middle troposphere.  The vertical distribution of the zonal mean, annual average net CRP is 

largely determined by the longwave component of the CRP.  The vertical structure of the net cloud radiative 

perturbation heating rate is largely determined by the longwave flux convergence component.  Figure 46 is dominated 

by heating in the atmosphere and this is consistent with our previously stated positive global mean net CRP in the 

atmosphere. 

The overall effect of the net CRP on the climate system will be to increase the atmosphere-earth system 

temperature, but not necessarily the surface temperature.  Specifically, clouds act to decrease the lapse rate by warming 

the upper tropospheric air temperature more than the surface globally, excluding the northern polar region where clouds 

act to increase the lapse rate.  Moreover, clouds tend to lower the surface temperature while raising the atmospheric air 

temperature resulting in a net positive global mean feedback at TOA. 

3.2.3 Water Vapor 

 The change in distribution of water vapor in the vertical is as important to the total TOA global mean 

feedback as the increase in the column integrated mean water vapor amount (Colman 2002).  Figure 47 shows the 

zonal, annual mean of the LW water vapor radiative perturbation in the vertical.  The LW radiative perturbations range 

from 0.3 to 10.59 Wm
-2

.  The positive values represent a decrease in the upwelling net flux everywhere in the zonal, 

annual mean.  The largest water vapor radiative perturbations occur in the upper tropical troposphere and become 

smaller as one moves poleward.  There is also a second maximum in the lower tropical troposphere.  In a given zonal 

mean column, there seems to be a maximum of the radiative perturbation near the tropopause.  The strongest LW 

heating rates, Fig. 48, occur near the surface, indicating that the water vapor feedback in the LW acts to warm most 

near the surface.  An interesting couplet of LW heating and cooling occurs near the tropopause.  This couplet is 

associated with an upward shift of the location of maximum water vapor cooling.  Maximum cooling-to-space occurs at 

the altitude in which the optical depth becomes unity.  Thus, this is a result of a general increase of water vapor within 

the column.   
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Figure 48 shows the zonal, annual mean SW water vapor radiative perturbations, which occur due to the 

increased SW absorption from the increased water vapor optical path.  The pattern in the vertical of the zonal, annual 

mean SW radiative perturbations is very different from the LW perturbations.  The positive SW water vapor radiative 

perturbations in the upper atmosphere are driven by reduced upwelling radiation, while the negative SW perturbations 

are mainly due to a decrease in the downwelling SW radiation in a model layer from enhanced absorption above.  The 

effect of the negative SW radiative perturbations in the troposphere and at the surface suggests a cooling due to SW 

processes.  Figure 48, showing the SW water vapor heating rate, indicates a cooling of the surface induced by the water 

vapor feedback.   

The net zonal, annual mean water vapor radiative perturbation and radiative flux convergence are shown in Figs. 

47 and 48, respectively.  The water vapor net radiative flux perturbations are very similar to the LW component 

because the SW component is generally much smaller.  The net radiative perturbation heating rates are strongest at the 

surface.  Just above the tropopause and around the top of the boundary layer are areas of cooling.  Interesting to note, 

there is an alternating nature of the water vapor net radiative perturbation heating rate in the vertical.  The cloud net 

radiative perturbation flux convergences also exhibit a similar behavior, suggesting a correlation of the cloud and water 

vapor feedbacks in the atmosphere.  The correlation, however, between the water vapor and cloud net radiative 

perturbations within every layer and at TOA is very weak, +0.1.  In summary, the water vapor feedback tends to warm 

the surface, warm the troposphere, and cool the stratosphere.  This detail is unavailable when just considering the water 

vapor radiative perturbations at TOA.  Thus, analyzing the vertical distributions of the radiative perturbations, even in 

the zonal, annual mean form, gives more information about how each individual feedback may affect not only the zonal, 

annual mean system temperature but allows the separation of the effect on the atmosphere temperature and the surface 

temperature. 

3.2.4 Surface and Atmospheric Temperature  

 The temperature radiative perturbation is traditionally separated into a lapse rate change and surface temperature 

change component.  This separation is necessary when analyzing only the TOA radiative perturbations.  In this study, 

the temperature or Planck feedback will be analyzed in the vertical.  This will remove the need to separate the lapse rate 

from the surface temperature feedback.  The temperature feedback will only be analyzed from the perspective of the net 

radiative perturbation and net radiative perturbation heating rate, Figs. 49 and 50, respectively.  This is because the 

SW component of the temperature feedback is less than 1% of the LW component.  The SW component is manifested 

due to small changes in the spectral absorption properties dependent on atmospheric temperature.  As discussed in 

Chapter 2, the maximum temperature changes in the model simulation occur in the upper tropical troposphere and at 

the north polar surface.  Thus, one expects to see the largest radiative perturbations in these regions as well.   

The two regions of Figure 49 that stand out, representing the strongest Planck feedbacks, are the upper tropical 

troposphere and the northern hemisphere polar regions.  The Planck radiative perturbations range from -17.39 to 

0.18 Wm
-2

.  This range of radiative perturbations indicates that the Planck feedback in predominantly a negative 

feedback everywhere.  

 Figure 50 shows the zonal, annual mean Planck net radiative heating rate.  The strongest net flux radiative 

cooling is located mostly in the upper atmosphere, above the tropopause and near the northern polar surface.  The 
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strongest net radiative heating is located just above the north polar surface due to the strong surface warming simulated 

by the model.  This analysis of the vertical distribution of the Planck feedback shows that this feedback results in weak 

heating of the lower polar troposphere, with most of the cooling due to this feedback occurring in the upper tropical 

troposphere and at the north polar surface. 

3.2.5 Albedo 

 The vertical distribution of the albedo radiative perturbation is nearly non-existent.  The change in the surface 

albedo primarily only affects the amount of SW radiation upwelling from the surface.  Since the atmosphere is mostly 

transparent to SW radiation the surface albedo perturbation will primarily only affect the surface temperature.  This is 

shown in Figs. 51 and 52.  The albedo net radiative perturbations range from -0.25 to +10.44 Wm
-2

.  The net surface 

albedo radiative perturbation heating rate in Fig. 52 suggest a large warming at the surface due to the albedo feedback.  

The largest warming and radiative perturbations occur over the Arctic Ocean due to the melting of the sea ice.  There is 

a positive heating rate at approximately 600 hPa at 30° N.  This mid-tropospheric radiative heating rate perturbation 

due to the surface albedo feedback is due to reductions of the surface albedo in the Himalayan Mountains.  The surface 

albedo feedback shows a very similar nature when analyzed from the vertical profile perspective as when analyzed by a 

TOA perspective, which is a result of the feedback only having a SW footprint. 

 

3.3 Annual Cycle of Radiative Perturbations 

 

The following is a discussion of the annual cycle of the radiative perturbations.  Colman (2003b) published a 

feedback analysis separating the total radiative perturbations into monthly contributions.  This study will group the 

data in a similar manner and look at the annual cycle of the radiative perturbations in more detail.  This section will be 

separated into LW and SW feedback sections, with a more detailed discussion involving the SW feedbacks.  This is 

due to the result that the LW radiative perturbations exhibit little or no inter-seasonal variability in terms of the global 

mean.  However, the SW radiative perturbations exhibit a large range of inter-seasonal variability in the global mean. 

These results were also found by Colman (2003b). 

3.3.1 Longwave Radiative Forcing and Perturbations 

The LW radiative forcing and perturbations discussed here are considered major contributors to the LW radiative 

perturbation at TOA and the SFC.  The major contributors are CO2, clouds, water vapor, and temperature.  The global 

mean annual cycle of the LW radiative forcing and perturbation at TOA and the SFC are shown in Fig. 53.  The solid 

black line represents the sum of all four components.  The radiative perturbations in Fig. 53 are plotted such that 

positive values indicate a positive feedback.  The global mean values of the total LW radiative forcing and perturbation 

terms are -1.91 Wm
-2

 and +3.61 Wm
-2

 at TOA and SFC, respectively.  The difference in the total LW radiative 

perturbation at TOA versus the SFC is mainly driven by the decreased global mean strength of the temperature 

radiative perturbation and the increased strength of the water vapor perturbation at the SFC.  The contribution of the 

atmosphere to the net LW TOA radiative perturbation becomes -5.52 Wm
-2

, indicating that in the sum of all the LW 

radiative perturbations and forcing result in a warming of the surface and an enhanced cooling of the atmosphere.  This 

result does not suggest that the atmosphere does not warm; just that there is an increase in the upwelling longwave flux 
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from the atmosphere accompanied by an increase in the downwelling flux at the surface, which must occur to reach 

radiative equilibrium at TOA.  As mentioned above and reported by Colman (2003b), there is essentially no annual 

cycle seen in the global mean LW feedbacks and forcing. 

Figure 54 shows a latitude-month cross-section of the zonal mean temperature radiative perturbation at TOA and 

the SFC.  There are only minor differences between the TOA and SFC zonal mean annual cycle patterns.  The 

prominent feature of the temperature net radiative perturbation is the large annual cycle in the northern hemisphere polar 

regions at both the TOA and SFC.  The strong negative radiative perturbations in the northern hemisphere winter are 

in response to the large surface temperature change at this time of year.  The zonal mean latitude-month cross section of 

the net CO2 forcing shows a varied structure when viewed from this perspective at TOA and the SFC, Fig 55.   

The maximum CO2 radiative forcing at TOA occurs in the sub-tropics at ~15° N and S as noted from Fig. 25.  

However, the sub-tropical maximum occurs in the respective winters of both hemispheres.  This is likely a result of the 

reduced sub-tropical water vapor amounts in winter that is evident from the annual cycle of the precipitable water, Fig. 

56.  Accompanying the winter sub-tropical maxima are summer equatorial minima centered on 10° N and S in the 

opposite hemisphere.  These equatorial region summer minima are a result of the seasonal progression of the ITCZ and 

the associated increased cloud cover.  Considering the polar regions, Figure 55 indicates that the northern hemisphere 

polar region exhibits a larger TOA annual cycle of the radiative forcing than that of the southern hemisphere.  However 

at the SFC, the annual cycle of the radiative forcing is larger in the southern hemisphere polar region than the northern 

hemisphere pole.  The CO2 forcing in the northern mid-latitudes exhibits an annual cycle that follows the SFC 

temperature annual cycle, with little annual cycle of the forcing in the southern mid-latitudes. 

The water vapor zonal mean equatorial region annual cycle shows little seasonal variation at TOA, and the SFC 

(Fig. 57) however, does have a distinct maximum contribution to the annual mean in the late boreal spring and 

summer.  The northern hemisphere pole exhibits a larger annual cycle than the southern hemisphere pole with 

maximum TOA radiative perturbation in May, which corresponds to a maximum in precipitable water (see Fig. 56).  

The northern hemisphere SFC annual cycle is similar to the TOA annual cycle.  The mid-latitudes exhibit an annual 

cycle with a maximum in the respective hemisphere summer and minimum in the winter.   The largest amplitude 

water vapor perturbation annual cycle occurs in the sub-tropics at TOA and the SFC.  This is particularly evident by 

tracing 15° N latitude, where a minimum contribution, ~+1 Wm
-2

, to the feedback occurs in February and a maximum 

occurs in September, ~+5 Wm
-2

. 

The meridional variations of the cloud LW and SW radiative perturbations are discussed separately since both 

feedbacks contribute significantly to the TOA and SFC radiation budget.  The LW cloud radiative perturbation zonal 

mean meridional variations at TOA and the SFC are shown in Fig. 58.  There is a small seasonal cycle of the LW 

TOA cloud radiative perturbation at the equator with stronger positive radiative perturbations in the boreal spring than 

in the autumn.  The TOA annual cycle is a result of an increased frequency of high clouds in boreal spring and a 

decreased frequency of high clouds in the autumn shown in Fig. 59.  In addition, the equatorial boreal spring 

maximum roughly coincides with the maximum in the water vapor perturbation.  The subtropics exhibit an annual 

cycle particularly in the southern hemisphere, where the LW cloud radiative perturbation south of 15° S changes from 

slightly positive in February to strongly negative in July.  The February maximum in the LW annual cycle tracing 
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15°S is a result of an increased low cloud frequency, Fig. 59, coinciding with an increase in cloud liquid water, Fig. 

60.  The southern hemisphere pole exhibits a large annual cycle in the LW radiative perturbation transitioning from a 

positive contribution in May, June, and July to strongly negative in the austral spring and summer.  This inter-

seasonal variation in the LW cloud radiative perturbations is a result of austral winter increases in high cloud frequency 

and spring decreases in high cloud frequency.  The radiative perturbations at TOA in the northern hemisphere polar 

region are smaller than the southern hemisphere pole, and exhibit a weak annual cycle.  However, the positive LW 

cloud radiative perturbation at the SFC is strongest in the northern hemisphere winter, indicating a contribution to the 

large simulated winter polar surface temperature increase.  This large contribution to the LW cloud feedback in the 

boreal winter is a result of increased low cloud frequency with larger liquid water content.  The sub-tropical and tropical 

SFC LW cloud radiative perturbations show only a weak annual cycle with strengths near zero.   

3.3.2 SW Radiative Perturbations 

Figure 61 summarizes the global mean, annual cycle of the radiative perturbations for the major feedbacks 

contributing to changes in the model TOA and SFC energy budgets.  Comparing the TOA and SFC annual cycle of 

the total SW radiative perturbation yields a similar cycle that is systematically offset.  The main reason for this 

difference between the global mean total at TOA versus the SFC is the negative contribution of the SW water vapor 

radiative perturbation at the surface.  The water vapor radiative perturbation is the only SW contributor that does not 

exhibit an annual cycle.  This is because the water vapor component is due to the absorption features of water vapor in 

the SW.  The SW contributions from the cloud and surface albedo feedbacks, however, are tied to scattering processes 

and exhibit a significant annual cycle. 

It is shown here that the annual cycle of the radiative perturbations differ from model to model, by comparing 

these results with Colman (2003b).  The results of Colman (2003b) are shown in Fig. 61in red.  The annual cycle of 

radiative perturbations may be useful to identify reasons for the large inter-model spread in feedback strengths, 

providing another clue regarding how the GCMs simulate feedbacks.  Based on the comparison of results presented here 

with the analysis of Colman (2003b), we suspect that a portion of the inter-model spread in feedback strengths, in 

particular cloud feedbacks, can be explained by differences in the model simulated annual cycle.  However, it is found 

that the two models compared possess very similar annual, global mean cloud and surface albedo feedback strengths 

with very different distributions of the seasonal contributions to the total feedback.  This will be discussed further 

below. 

Colman (2003b) found little month-to-month variation in the LW cloud radiative perturbation, however the SW 

cloud radiative perturbation showed large variations.  The analysis of the global mean total SW CRP annual cycle 

presented by Colman (2003b) shows an inverted cosine pattern with strong negative radiative perturbation in northern 

hemisphere winter that becomes weakly positive in the northern hemisphere summer months, and becomes strongly 

negative again in the northern hemisphere autumn and winter months.  The annual cycle found by Colman (2003b) is 

very different from the results presented here.  The annual cycle of the SW CRP in the CCSM3.0 is shown in Fig. 61.  

The first major difference is that the annual cycle of the SW CRP from the CCSM3.0 never becomes positive.  

Additionally, the strongest (negative) contributions to annual mean SW cloud feedback occur in the boreal winter and 
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summer months, while the weakest contributions occur in the spring and autumn, resembling two sine waves.  The 

SW cloud radiative perturbation annual cycle at the SFC shows a very similar pattern at TOA, Fig. 61. 

Colman (2003b) shows that the annual cycle of the SW CRP is largely a result of an annual cycle in cloud 

amount portion of the feedback with largest contributions to the SW cloud feedback in the northern and southern polar 

regions during their respective summer seasons.  The SW cloud radiative perturbation annual cycle meridional 

variation for the CCSM3.0 is shown in Fig. 62.  The results of Colman (2003b) show symmetry of the SW cloud 

radiative perturbation between the poles, with both polar regions contributing strongly to the negative SW cloud 

feedback.  However, the CCSM3.0 simulates a strong contribution to the negative cloud feedback at TOA in the 

northern hemisphere polar summer, but a weak positive contribution opposing the global mean negative feedback at the 

southern hemisphere pole.  These radiative perturbations are a result of an increase and decrease of low cloud frequency 

over the northern and southern polar regions, respectively.  The January, February peak in the global mean annual cycle 

of the SW cloud radiative perturbation in the CCSM3.0 is a result of strong negative contributions from the southern 

hemisphere around 60° S, 20° S, and 5° S.  Each region shows increases in the low cloud frequency and cloud liquid 

water content with no change in the high cloud frequency.  These areas weaken and change sign moving toward the 

northern hemisphere summer due to a combined reduction in the low cloud frequency perturbation and increase in the 

high cloud frequency perturbation.  This results in weaker negative radiative perturbations in the boreal spring months.  

The second peak in the global mean occurs in the late boreal summer months.  This peak is driven by strong negative 

contributions near 5°N, 30°N, and poleward of 60° N due to small increases in the low cloud frequency and liquid 

water content.  Thus, the inter-seasonal variations of the SW cloud radiative perturbations exhibit a different structure 

in the CCSM3.0 than the results of Colman (2003b).  The SW cloud radiative perturbation annual cycle is very 

similar at SFC as the TOA for reasons previously discussed. 

The annual cycle of the global mean surface albedo feedback is shown in Fig. 61 to be positive throughout the 

year both at TOA and the SFC.  The maximum in the annual cycle of the albedo feedback occurs in April, May, and 

June at TOA.  At the SFC, the maximum contribution occurs in July with a much broader peak extending into early 

spring and mid-summer.  As with the cloud feedback, the distribution of monthly contributions to the annual mean 

albedo feedback from the global mean perspective is different from that presented in Colman (2003b).  Colman (2003b) 

shows an annual cycle of the albedo feedback with maxima in the late northern hemisphere spring and early winter and 

a minimum in the summer months.  

 Figure 63 shows the meridional variation of the zonal mean surface albedo net flux radiative perturbations.  

There are only small differences between the TOA and SFC radiative perturbations.  The most prominent feature in 

Fig. 63 is the large positive radiative perturbation at the northern hemisphere pole in the summer months.  This large 

positive radiative perturbation coincides with large reductions in the fraction of the surface covered with ice, Fig. 64.  

There are large positive radiative perturbations in the southern hemisphere polar regions during the austral summer, 

however the maximum value found there is one-quarter the size of the maximum value in the northern hemisphere 

during the boreal summer.  The geographic distribution of the contributions to the global mean surface albedo radiative 

perturbation annual cycle is in good agreement with the results of Colman (2003b) despite the lack of agreement 

between the annual cycle of the global mean radiative perturbations.  Thus, one reason for differences in the annual cycle 
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between the two models is the differing magnitudes of the radiative perturbations.  The differences in the magnitude of 

the radiative perturbation from a given location, in a particular season are controlled by internal model 

parameterizations, i.e. ice melt and ice optics algorithms.   

   

3.4 CFRAM Partial Temperature Response 

 

3.4.1 CO2 Forcing 

The partial temperature change at the surface from a 2xCO2 radiative forcing is often quoted as +1.2 K in an open 

system without feedbacks (Thomas and Stamnes 1999; Hansen et al. 1984).  The global mean SFC temperature change 

for the SRESA1B simulation of the CCSM3.0 due to the direct forcing is +0.76 K.  This value is lower because CO2 

is not completely doubled and has not yet reached equilibrium in this simulation.  Fig. 65 shows the vertical structure 

of the atmospheric partial temperature changes as a result of the direct CO2 forcing.  The maximum temperature change 

is +1.38 K and occurs near the sub-tropical surface.  There is a broad warming that occurs in the global troposphere, 

and a large cooling in the stratosphere.  A sub-tropical maximum of roughly equal magnitude occurs in both 

hemispheres in the zonal mean partial temperature change, Fig. 66.  Interestingly, the magnitude of the maximum CO2 

temperature response in both hemispheres is equal despite the stronger zonal mean net radiative forcing at the SFC, 

Fig. 25.  The stronger zonal mean radiative forcing around 30° N is due to a larger zonal mean land cover fraction 

compared to 30° S.   As a result, there will be a stronger (negative) zonal mean Planck feedback in the northern 

hemisphere offsetting the CO2 radiative forcing and partial temperature change.  In addition, there is an obvious 

equatorial minimum in the CO2 partial SFC temperature change, which is also shown in the zonal mean radiative 

forcing due to the high frequency of cloud cover.  A more detailed picture of the contributions to the zonal mean SFC 

temperature change is shown in Fig. 66.  The range of local partial temperature responses is from +0.4 to +1.5 K with 

the largest changes occurring over sub-tropical deserts.  Thus, the largest contributions to the global mean surface 

temperature change come from the driest regions on the globe.  There is also a large land-ocean contrast in the warming 

as a result of the direct forcing, indicating that the land surface warms more than the ocean surface.  The largest SFC 

temperature changes over the ocean are on the order of +1 K and occur in the tropical eastern Pacific and regions of 

large-scale descending motion characterized by a high frequency of low cloud cover.  The large temperature change in 

the tropical eastern Pacific as compared with the tropical western Pacific temperature change result in a zonal asymmetry 

of the SFC warming in this region, represented by a gradient around 0.5 K.  Fig. 67 shows the seasonal cycle of the 

partial surface temperature changes.  The seasonal SFC temperature changes show a distinct annual cycle, following a 

very similar pattern to the SFC radiative forcing.  The maximum in the sub-tropical CO2 partial temperature change in 

each hemisphere occurs in their respective late winter and early spring.  The minimum in the equatorial partial 

temperature change does have an annual cycle that follows the progression of the ITCZ, with the largest minimum in 

each summer hemisphere.  The annual cycle in the middle latitudes of each hemisphere seems to be minimum in DJF 

and maximum in JJA, which represents an opposite annual cycle between the two hemispheres.  The partial 

temperature change in the northern polar region is larger than in the southern polar region, with different annual cycles.  
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In the northern hemisphere there is a maximum partial temperature change in the late spring and autumn, however in 

the southern hemisphere there is a single maximum in austral summer. 

3.4.2 Clouds  

Inter-model differences in simulated cloud cover frequency and cloud optical properties are credited the largest 

uncertainties in future climate predictions (Stephens 2005: Bony et al. 2006).  Thus, it is expected that the results of 

this analysis will be very different from model-to-model.  Figure 68 shows the zonal, annual mean partial temperature 

response due cloud changes.  The vertical distribution of the partial temperature changes is much more complicated 

than that due to the CO2 forcing.  The partial temperature change at the equator can be summarized by weak SFC 

temperature cooling due to clouds with large warming in the upper troposphere and lower stratosphere.  The upper 

tropospheric warming due to clouds also occurs in the mid-latitude regions and in the sub-tropics.  The largest cloud 

temperature response in the subtropics occurs near the surface and is represented by a large cooling in both the northern 

and southern hemispheres.  The strongest cooling due to clouds, however, occurs in the northern polar region near the 

surface and the stratosphere.  A similar amplitude cooling is also shown in the southern polar region.   

The local annual mean cloud SFC temperature response is shown in Fig. 69.  As with the SFC net cloud 

radiative perturbation, there are large spatial variations in the cloud partial temperature response.  The range of cloud 

partial SFC temperature changes is from 16.8 K to -18.2 K.  The largest SFC temperature warming due to cloud 

occurs in the tropical western Pacific, adjacent to some of the largest cloud induced cooling.  In general, the largest 

cloud partial temperature changes occur over the oceans.  As expected, there is large SFC temperature cooling in 

regions with increased frequency of low cloud cover.  The region with the largest cooling is off the west coast of South 

America.  The spatial variation of the cloud induced partial SFC temperature change suggests zonal asymmetry, 

however it is not as clear-cut as with the CO2 forcing.  A zonal asymmetric response does occur near 60° N with SFC 

temperature increases in the northern Pacific Ocean and Europe with temperature decreases over northern Asia and North 

America.  This pattern resembles a wave, which may suggest that the cloud response is related to changes in the large-

scale eddies.  The zonal mean cloud SFC temperature response, Fig. 69, exhibits a range from about -2 to +2 K, with 

large meridional variation.  The cooling seen in Fig. 68 at the equator and in the sub-tropics is evident in the zonal 

mean.  The sub-tropical cooling in the southern hemisphere is a little closer to the equator centered around 20° S, 

where as the cooling in the northern hemisphere is centered at 30° N.  The zonal mean cloud induced SFC temperature 

response indicates warming just off the equator in the northern and southern hemispheres, which coincides with a 

decrease in high cloud amounts.  In the northern and southern mid-latitudes, there is a coupling of the equal positive 

and negative partial SFC temperature responses, which is indicative of a poleward shift in clouds.  A poleward shift of 

the storm track and the associated cloudiness is a feature seen in many GCMs (Colman et al. 2001).  From this 

analysis, the cloud induced changes in the equator to pole SFC temperature gradient is ~ -1.5 K, calculated by 

differencing the annual mean cloud SFC temperature change at the 0° and 90° N.  However, using an average SFC 

temperature change within ± 2.5° of the equator and 5° of the pole results in a negligible change in the SFC 

temperature gradient. 

 Figure 70 shows the seasonal variations in the cloud SFC partial temperature response.  The maximum SFC 

temperature cooling in the sub-tropical low cloud regimes occurs in the respective summers of both hemispheres when 
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the maximum insolation occurs.  The couplet of positive and negative SFC temperature changes in the mid-latitudes 

occurs in the summer hemisphere as well.  The maximum cloud SFC temperature warming in the northern and 

southern hemisphere polar regions occurs in the winter hemisphere, with maximum cooling in the summer hemisphere.  

The seasonal cycle of the cloud induced temperature changes in the equatorial region follows the progression of the 

ITCZ. 

3.4.3 Water Vapor 

The water vapor feedback produces the largest radiative perturbations in the tropics.  Thus the largest partial 

temperature response due to water vapor should also occur in the equatorial region.  The zonal, annual mean partial 

water vapor temperature response in the atmosphere is shown in Fig. 71.  The maximum in the water vapor partial 

temperature response is found at the equatorial surface and decreases vertically and horizontally away from the equator.  

In the upper troposphere and lower stratosphere, the water vapor feedback induces a temperature reduction because 

increases in water vapor at these levels acts to increase the radiative cooling.  From Fig. 71, the water vapor feedback in 

the tropics acts to warm the surface and cool the upper troposphere and lower stratosphere, acting to increase the lapse 

rate.   

The local contributions to the zonal mean SFC temperature response from water vapor is shown in Fig. 72.  The 

largest water vapor SFC temperature response, +7.5 K, occurs in the central equatorial Pacific.  There are only small 

zonal asymmetries of the partial temperature response in the tropics.  However, a large zonal asymmetric SFC 

temperature response occurs across the southern hemisphere Pacific Ocean between the west coast of South America and 

Australia.  The zonal asymmetry in this region is represented by a water vapor induced temperature gradient ~4 K.  

The zonal mean SFC partial temperature response for water vapor is also shown in Fig. 72.  The zonal mean, water 

vapor induced equatorial heating is ~+5 K.  In addition, water vapor acts to increase the equator-to-pole temperature 

gradient by ~4 K.   

The seasonal contributions of the water vapor partial temperature response are summarized in Fig. 73.  There is 

an annual cycle evident at the equator with largest warming shown in the austral summer.  In the sub-tropical regions, 

Fig. 73 demonstrates the lack of any major annual cycle in the water vapor feedback.  An annual cycle, however, is 

evident in the polar regions of each hemisphere.  At the northern hemisphere pole, the largest water vapor induced SFC 

warming occurs in the late boreal fall and early winter and largest cooling in the boreal summer.  However, the 

southern hemisphere pole exhibits a different annual cycle with maximum warming in the austral summer and cooling 

in the austral autumn and spring.  The presented polar SFC temperature reductions due to water vapor have been noted 

in other studies and are a result of temperature inversions near the polar surface, especially during winter (Colman 

2002). 

3.4.4 Surface Albedo 

The zonal, annual mean partial temperature response from changes in surface albedo is shown in Fig 74.  The 

partial temperature changes are mostly positive, indicating reductions in surface albedo, with the largest occurring near 

the northern hemisphere pole.  Fig. 74 does show that the temperature response of the surface albedo feedback is not 

constrained to the surface, but is largest there.  The partial temperature response due to changes in surface albedo is not 

constrained to the surface as the associated heating rate, because any induced surface temperature change will cause a 



42 
 

change in the surface radiative emission, and thereby warming other layers.  The local contributions to the zonal mean 

surface albedo partial temperature change are shown in Fig. 75.  Most of the contributions to the mean albedo SFC 

temperature change occur in the northern hemisphere polar regions, with contributions from the ice shelves off the 

Antarctic coast.   

A large surface warming from the albedo feedback is shown in the Himalayan Mountains due to large reductions 

in the surface albedo from ice and snow melt.  The zonal mean SFC partial temperature change is shown in Fig. 75.  

The partial temperature change is largest in the northern hemisphere polar region, and is more than two times larger 

than the southern hemisphere.  There is a small increase in the zonal mean at 30° N due to the surface albedo reduction 

in the Himalayan Mountains.   

The seasonal distribution of the SFC partial temperature response, Fig. 76, shows the largest response occurring 

in the northern Polar Regions during the boreal summer.  There is also a moderate increase in the surface temperature 

around 60° N in the boreal spring from the melting of land snow cover earlier than in the control simulation.  The 

largest surface albedo induced SFC temperature change in the southern hemisphere polar region occurs in the austral 

summer due to the increased insolation. 
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CHAPTER 4 

SUMMARY AND CONCLUSIONS 

 

 

In summary, this study performed a detailed analysis of the radiative perturbations in the NCAR CCSM3.0 in 

terms of the geographical and monthly contributions to the global, annual mean feedback strengths and individual 

feedback contributions to changes in atmospheric column heating.  In addition, the individual feedback radiative 

heating rates in the column were rephrased in terms of partial temperature contributions to the annual mean response 

using the Coupled Feedback Response Analysis Method (CRFAM) presented by Lu and Cai (2009).  Global, annual 

mean radiative perturbations as defined by Wetherald and Manabe (1988) provide a quantitative estimate for climate 

feedback sensitivity strengths within GCM climate simulations.  However, global, annual mean radiative perturbations 

analyzed alone sequesters details in the geographical and monthly contributions to the feedback strengths that provide 

information on the physical model processes that contribute to the model feedback strengths.  Thus, by comparing the 

geographical and monthly contributions to the total feedback strengths and climate sensitivity one can make 

conclusions about how different models reach an increased CO2 equilibrium state.  This will aid in the evaluation and 

comparison of models, and may result in the reduction of uncertainties in climate sensitivity and feedback strength 

estimates. 

 The calculation of the radiative perturbations was performed using the NCAR CCSM3.0 radiative transfer 

model using monthly mean model output.  A new method of using monthly mean model cloud properties to diagnose 

the cloud radiative perturbations was performed and shown to provide a good estimate for all feedback strengths.  The 

method used a stochastic cloud generator to sample the monthly mean cloud frequency profile creating 100 cloud profile 

realizations that were used in the radiative transfer offline calculation.  The cloud radiative perturbations calculated 

using this method show a high correlation with the ΔCRF, defined as the difference between the 2xCO2 mean cloud 

radiative forcing and the 1xCO2 control mean cloud radiative forcing.  This high correlation is an indication that the 

proposed methodology to diagnose cloud feedback strengths is working appropriately, based on results from Soden and 

Held (2006).  Soden and Held (2006) reported a high correlation between ΔCRF and cloud radiative perturbation and 

described that difference between the two quantities is due to an offset due to “cloud masking” of other feedbacks.  This 

offset was estimated here and applied resulting in a global, annual mean ΔCRF-adjusted cloud radiative perturbation of 

+0.16 Wm
-2

, which compares well with the global, annual mean net cloud radiative perturbation of +0.03 Wm
-2

. 

 The geographical distribution of the global, annual mean radiative perturbations is presented at TOA and the 

SFC.  Traditionally, only the radiative perturbations at TOA are analyzed, however the radiative perturbations at the 

surface are directly related to surface temperature change, where as changes in the TOA net flux are only indirectly 

related.  Feedback radiative perturbations at the SFC have not been published previously in the literature.  Overall, the 

geographical distribution analysis results show large regional differences in contributions to global, annual mean 

feedbacks indicating that certain regions of the globe contributed disproportionately to individual climate feedbacks.  

Thus, the physical processes that occur in regions of larger radiative perturbations have an increased affect on the model 

climate sensitivity.  Strong local contributions to climate feedback strengths is a robust feature of many similar 
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analyses such as Colman (2002), Soden and Held (2006), Soden et al. (2008), and Shell et al. (2008).  The major 

results of the geographic distribution analysis of the NCAR CCSM3.0 are summarized below beginning with the CO2 

radiative forcing. 

• The global, annual mean CO2 instantaneous radiative forcing is 2.18 Wm
-2

.  This value of the CO2 radiative 

forcing is smaller than the typically accepted value of 4.0 Wm
-2

 because this study considers TOA instead of 

tropopause level and the CO2 concentration is not completely doubled. 

• A non-uniform radiative forcing resulting from an instantaneous doubling of CO2 was shown at TOA and as 

SFC despite a uniform CO2 forcing.  This result was also found in Colman (2002) using the BMRC GCM.  

The spatial distributions shown in this study indicate small differences between the instantaneous CO2 

radiative forcing between the two models.  The differences are a result of variations in the model control 

climates, including differences in temperature and water vapor distributions.  It is likely that differences in 

model control climate cloudiness are responsible for the differences in the geographic distribution of the 

radiative forcing. 

• The presence of clouds acts to reduce the radiative forcing at TOA and at the SFC. 

• The radiative forcing at the SFC is weaker than at TOA over most of the globe, excluding the dry regions, i.e 

southwestern US, Sahara Desert, Middle East, Atacama Desert, southwestern Australia, and western South 

Africa.  Thus, the presence of water vapor and clouds tend to reduce the strength of the radiative forcing at the 

SFC.  The weaker forcing at the SFC than TOA suggests that the CO2 forcing over most of the globe results 

in a flux convergence within the atmosphere greater than at the surface.  If this is significant, then the 

interpretation of forcing and response in terms of a change in surface temperature is misleading about the 

manner in which the system actually responds to the CO2 forcing.  For instance, if the direct warming due to 

the CO2 radiative forcing in the atmosphere is larger than the direct warming at the surface, the direct forcing 

will result in an increase of atmospheric stability and a reduction in convection. 

Presented here is a summary of the geographic contributions to the global, annual mean cloud radiative 

perturbations.   

• The global, annual mean net cloud radiative perturbation is +0.03 Wm
-2

 indicating a small positive cloud 

feedback sensitivity parameter of  +0.015 Wm
-2

.  The net cloud radiative perturbation is a small difference 

between two significant LW and SW global, annual mean contributions, +0.75 Wm
-2

 and -0.72 Wm
-2

 

respectively. 

• The largest contributions to the cloud feedback occur in the tropical western Pacific in the LW and SW 

radiative perturbations.  The net negative cloud radiative perturbation in the tropical western Pacific is a result 

of strong opposing contributions from the LW and SW.  These radiative perturbations are a result of a 

simulated increased high cloud frequency centered at 400 hPa and 200 hPa, combined with increases in cloud 

liquid water path greater than 30 g m
-2

. 

• Negative contributions in the LW and SW cloud radiative perturbations at TOA were found in marine 

stratocumulus regimes characterized by large-scale subsidence.  This resulted in significant negative 

contributions to the cloud feedback from these regions.  In the eastern Pacific Ocean marine stratocumulus 



45 
 

regime off the west coast of South America, the SW radiative perturbations are a result of combined increases 

in low cloud frequency and liquid water path, and the LW radiative perturbations are driven by a decrease in 

high clouds centered around 300 hPa. 

• The LW cloud radiative perturbations at the SFC compared with at TOA show weaker but still positive 

values in the global, annual mean.  One exception to this generalization was the stronger LW radiative 

perturbations found at the Northern Hemisphere polar SFC. 

• As a result of weak atmospheric absorption in the SW, the SW cloud radiative perturbations are very similar 

in magnitude at the SFC and TOA. 

• The net radiative contributions to the cloud feedback at the SFC show a similar geographical distribution to 

TOA, however the global, annual mean net radiative perturbation is negative, -0.31 Wm
-2

, indicating a 

cooling of the surface. 

Listed below is a summary of the results from the geographical distribution of the contributions to the water vapor 

feedback. 

• The water vapor feedback is found be mainly a tropical LW radiation feedback, with the largest contributions 

to the global, annual mean radiative perturbation occurring in the central tropical Pacific Ocean.  Considering 

the zonal, annual mean radiative perturbations, the radiative perturbation at the equator is at least 3 times 

larger that at either pole. 

• The global, annual mean net water vapor radiative perturbation at TOA was found to be 3.95 Wm
-2

 resulting 

in a feedback sensitivity parameter of 1.91 Wm
-2

 K
-1

.  The LW global, annual mean radiative perturbation was 

+3.39 Wm
-2

 with a SW global mean radiative perturbation of +0.56 Wm
-2

. 

• The LW radiative perturbations account for about 85% of the total feedback, where as the SW radiative 

perturbations account for 15%. 

• The radiative perturbation at the SFC is smaller in the global, annual mean than at TOA, with the largest 

contributions generally found in the equatorial region and decreasing toward the poles.  The global, annual 

mean water vapor radiative perturbation at the SFC was found to be 3.65 Wm
-2

. 

• The overall effect of clouds is to decrease the water vapor net radiative perturbation by -0.40 Wm
-2

 and the 

water vapor feedback sensitivity parameter by -0.19 Wm
-2

 K
-1

. 

Listed below is a summary of the geographical distribution of the combined surface temperature and lapse rate feedback 

radiative contributions. 

• The global, annual mean net temperature radiative perturbation at TOA was found to be -8.34 Wm
-2

 resulting 

in a feedback sensitivity parameter of -4.03 Wm
-2

 K
-1

.  Separating the two feedbacks results in a surface 

temperature feedback sensitivity parameter of -3.18 Wm
-2

 K
-1

 and a lapse rate feedback parameter of 

-0.85 Wm
-2

 K
-1

. 

• The strongest contributions to total temperature feedback were found in the Northern Hemisphere polar regions 

associated with annual mean increases in surface temperature greater than +10 K. 

• The effect of clouds on the total temperature feedback was a reduction of -0.07 Wm
-2

 K
-1

 due to a -0.14 Wm
-2

 

reduction in the TOA net temperature radiative perturbation.  This cloud effect on the global, annual mean 



46 
 

temperature radiative perturbation was found to be the weakest of any feedback. This is a result of clouds 

increasing the lapse rate feedback strength, because when present clouds increase the atmospheric emissivity 

making the lapse rate feedback more effective. 

• The global, annual mean radiative perturbation at the SFC due to temperature changes is much smaller, -

2.73 Wm
-2

, than at TOA.  The smaller radiative perturbation at the surface is a result of increases in 

atmospheric temperature resulting in an increased downwelling flux at the SFC. 

Listed below is a summary of the global distribution of the surface albedo feedback radiative contributions. 

• The global, annual mean radiative perturbation for the surface albedo feedback is +0.68 Wm
-2

 indicating a 

positive feedback of 0.33 Wm
-2

 K
-1

. 

• The surface albedo feedback is a polar climate feedback with the largest TOA radiative contributions to the 

global, annual mean from the Northern Hemisphere polar region.  Considering the zonal mean radiative 

perturbations, the TOA radiative perturbation due to the surface albedo feedback in the Northern Hemisphere 

polar region is more than twice as large as the radiative perturbation in the Southern Hemisphere polar region.   

• The presence of clouds acts to decrease the strength of the surface albedo feedback by -0.43 Wm
-2

.  This result 

indicates that the surface albedo is decreased the most of any feedback by clouds. 

This study considers the distribution of radiative perturbations and the associated heating rates due to individual 

feedback processes within the atmosphere.  This perspective of climate system feedbacks has not been previously 

studied in any GCM.  The analysis and quantification of the effects of feedback processes within the atmospheric 

column will suggest in more detail the model processes that are important in controlling model feedback strengths and 

the possible feedback induced model climate responses.  Overall, the analysis of the radiative perturbations due to 

individual feedbacks within the atmospheric column and the associated heating rates indicates that the vertical 

distributions of atmospheric heating rate vary greatly from feedback to feedback.  In addition, the results indicate that 

clouds can have a significant impact on the vertical distribution of heating rates due to a given feedback.  Listed below 

is a summary of the results and conclusions from the analysis of the vertical distribution of radiative perturbations and 

heating rates, starting with the CO2 forcing. 

• The largest values of the CO2 radiative forcing in the vertical occur in the sub-tropical upper troposphere and 

lower stratosphere, with a minimum at the equatorial surface. 

• The strongest radiative heating rates associated with the radiative forcing are located near the Northern and 

Southern Hemisphere high latitude surface.  There are also large heating rates located in the sub-tropical 

atmosphere around 850 hPa and above the equator around 700 hPa.  These results suggest that the vertical 

distribution of the radiative forcing, like the geographical distribution of the forcing at TOA, is variable and 

non-uniform. 

Listed below is a summary of the vertical distribution of the cloud radiative perturbations and associated atmospheric 

heating rates. 

• Large increases in the LW radiative perturbation in the equatorial upper troposphere, middle and high latitude 

upper troposphere, and the Northern Hemisphere polar surface.  Decreases in the LW radiative perturbation in 

the vertical occur in the middle troposphere with largest decreases in the middle latitudes of each hemisphere.  
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This indicates that the changes in the cloud properties have a complex response in the LW radiative 

perturbation within the atmosphere.  

• The vertical distribution of the SW cloud radiative perturbation has a different distribution than the LW.  

Largely, the vertical SW cloud radiative perturbations have little variations with height due to weak 

atmospheric absorption in the SW spectrum. 

• The LW cloud radiative heating rates within the atmospheric column showed the largest heating in the upper 

global troposphere, and large heating at the Northern Polar surface.  

• The SW cloud radiative heating rates are mainly confined to the surface with the largest cooling indicated in 

the equatorial region and sub-tropical region of each hemisphere. 

• The resulting net radiative heating rates indicated that the LW cloud feedback mainly warms the atmosphere 

and the SW cloud feedback mainly cools the surface. 

• The net cloud radiative perturbation heating rates showed an alternating pattern of heating and cooling above 

the equator.   

Listed below is a summary of the results and conclusions from the vertical analysis of the water vapor radiative 

perturbations and heating rates. 

• The vertical distribution of the water vapor radiative perturbations indicated the largest values in the upper 

tropical troposphere centered at 300 hPa and a second maximum in the lower tropical troposphere centered at 

900 hPa. 

• The vertical distribution of the radiative perturbations is largest in the equatorial region and diminishes toward 

the pole. 

• The strongest water vapor heating rates are located at the equatorial surface with an alternating pattern of 

heating and cooling above the equator similar to the cloud feedback radiative heating rate pattern.  This 

suggests some link between the cloud and water vapor feedbacks in the equatorial region. 

• Considering the water vapor radiative perturbation heating rates in a clear-sky sense results in an upward shift 

of the equatorial alternating heating and cooling pattern, suggesting that clouds control the vertical distribution 

of the heating rates due changes in water vapor. 

Listed below is a summary of the results and conclusions from the vertical analysis of total temperature radiative 

perturbations and heating rates. 

• The largest negative radiative perturbations are found in the regions of largest temperature change: the upper 

tropical troposphere and the North Hemisphere polar region. 

Listed below is a summary of the results and conclusions from the vertical analysis of the surface albedo radiative 

perturbations and heating rates. 

• The surface albedo net radiative perturbations show little vertical variability and are largest in the polar 

regions. 

• The radiative perturbation heating rates associated with the surface albedo feedback are confined mainly to the 

Northern and Southern Hemisphere surface. 
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This study presented an analysis of the monthly contributions to the annual mean radiative perturbations.  This 

type of analysis has only been published using one other model (Colman 2003b).  Thus, a comparison between the 

Colman (2003b) results and those was presented here.  Generally, the spatial distribution of the zonal mean monthly 

contributions was found to be very similar between the models for both LW and SW radiative perturbations.  The 

main differences that are seen in the SW surface albedo and cloud global mean annual cycle were due to differences in 

the magnitudes of the various spatial contributions.  This result suggests that different model physical processes 

influencing the surface albedo and cloud property seasonal cycles may have differing strengths.  Listed below is a 

summary of the results and conclusions from the analysis of the monthly contributions to the annual mean feedbacks 

starting with the global mean annual cycle. 

• All LW radiative perturbations showed very little monthly variation.  This is the same result found by 

Colman (2003). 

• The surface albedo and cloud SW radiative perturbations showed significant monthly variations throughout the 

annual cycle. 

• The largest monthly contributions to the positive surface albedo feedback were found in the boreal spring.  The 

global mean monthly contributions to the surface albedo feedback indicated differences between the results of 

Colman (2003b).  The boreal spring peak in the surface albedo monthly contributions was a result of large 

radiative perturbations poleward of 60° N during that time. 

• The SW cloud monthly radiative perturbation contributions were the largest negative in the austral and boreal 

summer.  These contributions to the global mean annual cycle were found to occur largely in the sub-tropics of 

the summer hemisphere as a result of increased low cloud frequencies.  Significant contributions were also 

found in the equatorial region and near 60° S in austral summer and from poleward of 60° N in boreal summer. 

The Coupled Feedback Response Analysis Method (CFRAM; Lu and Cai 2009) was used to diagnose the 

individual contributions to the total temperature change at the surface and in the atmosphere.  The CFRAM results 

allow for the individual partial temperature changes due to each feedback to be analyzed.  This type of technique 

rephrases the feedback radiative perturbations, units of Wm
-2

, in units of Kelvin allowing for a more straightforward and 

intuitive interpretation of individual feedback effects in terms of temperature.  In addition, this technique lends itself to a 

more physical determination of the processes involved in controlling model feedback strengths and the atmospheric 

responses due to individual feedbacks.  Listed below is a summary of the results and conclusions from the partial 

temperature response analysis using CFRAM beginning with the CO2 radiative forcing. 

• The CO2 forcing direct temperature response showed a relatively uniform warming in the troposphere with 

slightly larger temperature increases in the mid-latitudes and sub-tropics. 

• There is an equatorial minimum in the temperature increase due to the direct forcing.  

• The largest surface temperature responses due to the radiative forcing occur in the global deserts. 

• Seasonally, the largest partial temperature response was found in the Northern Hemisphere sub-tropics during 

boreal winter and in the Southern Hemisphere sub-tropics during austral spring. 

Listed below is a summary of the results and conclusions from the cloud CFRAM partial temperature response 

analysis. 
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• The largest zonal mean cloud partial temperature responses occur in the global upper troposphere with the 

largest increases of about 3.5 K over the equator. 

• There are large decreases in the surface and lower troposphere temperature due to cloud feedbacks in the sub-

tropics of both hemispheres and in the equatorial region.  These two results indicate that the cloud feedback 

tends to reduce the atmospheric lapse rate and stabilize the troposphere. 

• The global mean partial temperature response from cloud feedbacks is a reduction of surface temperature of 

-0.36 K. 

• Cloud feedbacks are associated with large surface temperature reductions in the equatorial Pacific Ocean and 

marine stratocumulus regimes, i.e. west coasts of South America, South Africa, and the United States and the 

sub-tropical Atlantic Ocean. 

• Regions of largest surface temperature increase associated with cloud feedbacks include the tropical eastern 

Pacific Ocean and the tropical Indian Ocean. 

Listed below is a summary of the results and conclusions from the partial temperature response analysis for the water 

vapor feedback using CFRAM 

• The partial temperature responses due to the water vapor feedback are mainly positive in the troposphere with 

the largest temperature increases near the equatorial surface.  However, large reductions in zonal mean 

temperature response from the water vapor feedback occur in the upper troposphere and stratosphere. 

• The largest surface temperature response due to the water vapor feedback occurs in the tropical Pacific Ocean, 

however large positive surface temperature responses, greater than +3 K, can be found over most of the tropics. 

• The water vapor partial surface temperature response suggests a +4 K increase in the zonal, annual mean 

equator-to-pole temperature gradient. 

Listed below is a summary of the results and conclusion from the partial temperature response analysis for the surface 

albedo feedback using CFRAM. 

• The largest surface albedo partial temperature responses occur in the surface temperature. 

• The zonal, annual mean surface albedo partial temperature response is about 3 time larger in the Northern 

Hemisphere polar region that in the Southern Hemisphere. 

In conclusion, the results presented here represent an in depth analysis of the climate feedbacks within the NCAR 

CCSM3.0.  The analysis provides an indication of the global regions within the NCAR CCSM3.0 that contribute 

most to the global, annual mean feedback strengths, and hence model climate sensitivity.  The major conclusions 

suggested by the results summarized above are listed below. 

• The use of a stochastic cloud generator to sample monthly mean model cloud output is adequate for the 

diagnosis of all climate feedbacks. 

• The convective processes in the tropical western Pacific are important to model water vapor and cloud 

feedbacks strengths, and hence model climate sensitivity. 

• The model processes that control the monthly contributions to the global, annual mean feedback strengths are 

important to the final climate sensitivity. 
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• The magnitude of the radiative perturbation contributions from different geographic regions exhibit an inter-

model spread, which suggests that similar physical processes are important to the climate sensitivity of each 

model but the weighting of these physical processes is highly model dependent. 

• The difference in the magnitudes of the seasonal contributions of sub-tropical low clouds explains most of the 

disagreement between the BMRC GCM (Colman 2003) and the NCAR CCSM3.0 global mean annual cycle 

of the SW radiative perturbations. 

• Inter-model spread in low-cloud feedback sensitivity parameter contains contributions from differences in the 

inter-model annual cycle responses of sub-tropical low cloud properties. 

• The CFRAM partial temperature response analysis provides a new and useful way of considering the affects of 

feedbacks on the climate system. 

In closing, to continue to improve climate model projections of 2xCO2 climate sensitivity, the diagnosis, analysis, 

and inter-model comparison of climate feedback related radiative perturbations remains a crucial task that provides 

insight into inter-model differences in climate sensitivity. 
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Fig 1.  Schematic of forcing-response-feedback paradigm. 



52 
 

 
Fig 2.  Time series of CO2 concentration increase in the SRESA1B emissions scenario through the 21

st
 century. 
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Fig. 3. Annual mean model surface temperature response (K) to a 1% per year increase in CO2. 
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Fig. 4. Annual mean model latent heat flux response (Wm

-2
) to a 1% per year increase in CO2. 
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Fig. 5. Annual mean model sensible heat flux response (Wm

-2
) to a 1% per year increase in CO2. 
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Fig. 6. Annual mean model column precipitable water response (g m

-2
) to a 1% per year increase in CO2. 
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Fig. 7. Annual mean model convective precipitation response (mm day

-1
) to a 1% per year increase in CO2. 
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Fig. 8. Annual mean model shallow convective precipitation response (mm day

-1
) to a 1% per year increase in CO2. 
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Fig. 9. Annual mean model large-scale precipitation response (mm day

-1
) to a 1% per year increase in CO2. 
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Fig. 10. Annual mean model total precipitation response (mm day

-1
) to a 1% per year increase in CO2. 



61 
 

 
 
Fig. 11. Annual, zonal mean vertical cross-section of the model temperature response (K) to a 1% per year increase in 
CO2.  The vertical coordinate is pressure in hPa and the horizontal coordinate is degrees north latitude. 
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Fig. 12. Annual, zonal mean vertical cross-section of the model water vapor specific humidity response (g kg

-1
) to a 1% 

per year increase in CO2.  The vertical coordinate is pressure in hPa and the horizontal coordinate is degrees north 
latitude. 
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Fig. 13. Annual, zonal mean vertical cross-section of the model cloud frequency response (cloud fraction) to a 1% per 
year increase in CO2.  The vertical coordinate is pressure in hPa and the horizontal coordinate is degrees north latitude. 
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Fig. 14. Annual, zonal mean vertical cross-section of the model cloud liquid water path response (g m

-2
) to a 1% per 

year increase in CO2.  The vertical coordinate is pressure in hPa and the horizontal coordinate is degrees north latitude. 
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Fig. 15. Annual mean TOA net clear-sky flux (Wm

-2
) for model output (color contours) and offline radiative calculation 

using monthly mean model output (black contours). 
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Fig. 16. Annual mean TOA net clear-sky radiative perturbation (Wm

-2
) for all perturbations (color contours) and sum 

of the individually calculated offline radiative perturbations using monthly mean model output (black contours). 
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Fig. 17. Annual mean TOA net clear-sky model radiative perturbation (Wm

-2
). 
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Fig. 18. Global, annual mean root mean square error in cloud frequency using the stochastic cloud generator. 
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Fig. 19. Annual mean TOA net all-sky flux (Wm

-2
) for model output (color contours) and offline radiative calculation 

using monthly mean model output (black contours). 
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Fig. 20. Annual mean TOA net all-sky radiative perturbation (Wm

-2
) for all perturbations (color contours) and sum of 

the individually calculated offline radiative perturbations using monthly mean model output (black contours). 
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Fig. 21. Annual mean TOA net all-sky model radiative perturbation (Wm

-2
). 
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Fig. 22. Annual mean TOA net ΔCRF-adjusted cloud radiative perturbation (Wm

-2
). 
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Fig. 23. Contour plot of the annual mean net TOA CO2 radiative forcing (Wm

-2
) for all-sky (upper panel) and clear-sky 

(lower panel). 
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Fig. 24. Contour plot of the annual mean net SFC CO2 radiative forcing (Wm

-2
) for all-sky (upper panel) and clear-sky 

(lower panel). 
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Fig. 25. Zonal, annual mean CO2 all-sky radiative forcing (Wm

-2
) at TOA (upper panel) and SFC (lower panel). 
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Fig. 26. Contour plot of the annual mean net TOA total cloud radiative perturbation (Wm

-2
) for longwave (upper 

panel), shortwave (middle panel) and net (lower panel). 
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Fig. 27. Contour plot of the annual mean net SFC total cloud radiative perturbation (Wm

-2
) for longwave (upper 

panel), shortwave (middle panel) and net (lower panel). 
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Fig. 28. Zonal, annual mean total cloud radiative perturbation (Wm

-2
) at TOA (upper panel) and SFC (lower panel). 

 
 
 



81 
 

 

 
Fig 29. The mean vertical profile of cloud frequency (upper panel) and cloud liquid water path (lower panel) are shown 
for the TWP region with a net negative cloud radiative perturbation defined between 135.0 and 180.0°E longitude and 

10.0°S and 3.0°N latitude.  The vertical coordinate is pressure (hPa). 
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Fig 30. The mean vertical profile of cloud frequency (upper panel) and cloud liquid water path (lower panel) are shown 
for the TEP region with a net positive cloud radiative perturbation defined between 180.0 and 260.0°E longitude and 

0.0 and 10.0°N latitude.  The vertical coordinate is pressure (hPa). 
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Fig 31. The mean vertical profile of cloud frequency (upper panel) and cloud liquid water path (lower panel) are shown 
for the TEP region with a net negative cloud radiative perturbation defined between 240.0 and 280.0°E longitude and 

10.0°S and 30.0°S latitude.  The vertical coordinate is pressure (hPa). 
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Fig. 32. The mean vertical profile of cloud frequency (upper panel) and cloud liquid water path (lower panel) are shown 
for the Amazon region with a net positive cloud radiative perturbation defined between 290.0 and 320.0°E longitude 

and 5.0°N and 5.0°S latitude.  The vertical coordinate is pressure (hPa). 
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Fig. 33. Contour plot of the annual mean net TOA all-sky water vapor radiative perturbation (Wm

-2
) for longwave 

(upper panel), shortwave (middle panel) and net (lower panel). 
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Fig. 34. Contour plot of the annual mean net SFC all-sky water vapor radiative perturbation (Wm

-2
) for longwave 

(upper panel), shortwave (middle panel) and net (lower panel). 
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Fig. 35. Contour plot of the annual mean net clear-sky water vapor radiative perturbation (Wm

-2
) for TOA (upper 

panel), and SFC (lower panel). 
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Fig. 36. Zonal, annual mean water vapor radiative perturbation (Wm

-2
) at TOA (upper panel) and SFC (lower panel). 
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Fig. 37. Contour plot of the annual mean net TOA temperature radiative perturbation (Wm

-2
) for all-sky (upper panel) 

and clear-sky (lower panel). 



92 
 

 
Fig. 38. The mean vertical temperature change is shown for the Amazon region with a net negative cloud radiative 
perturbation defined between 290.0 and 320.0°E longitude and 5.0°S and 5.0°N latitude. The vertical coordinate is 

pressure (hPa). 
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Fig. 39. Contour plot of the annual mean net SFC temperature radiative perturbation (Wm

-2
) for all-sky (upper panel) 

and clear-sky (lower panel). 
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Fig. 40. Zonal, annual mean temperature radiative perturbation (Wm

-2
) at TOA (upper panel) and SFC (lower panel). 
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Fig. 41. Contour plot of the annual mean net TOA surface albedo radiative perturbation (Wm

-2
) for all-sky (upper 

panel) and clear-sky (lower panel). 
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Fig. 42. Zonal, annual mean surface albedo radiative perturbation (Wm

-2
) at TOA (upper panel) and SFC (lower panel). 
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Fig. 43. Vertical cross-section of the zonal, annual mean vertical distribution of the CO2 radiative forcing (Wm

-2
) for 

longwave (upper panel) and net flux (lower panel). 
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Fig. 44. Vertical cross-section of the zonal, annual mean CO2 radiative forcing net heating rate (Wm

-2
). The vertical 

coordinate is pressure (hPa) and the horizontal coordinate is in degrees north latitude. 
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Fig. 45. Vertical cross-section of the zonal, annual mean cloud radiative perturbation (Wm

-2
) for longwave (upper 

panel), shortwave (middle panel) and net (lower panel). Vertical coordinate is pressure (hPa) and horizontal coordinate 
is degrees north latitude. 
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Fig. 46. Vertical cross-section of the zonal, annual mean cloud radiative perturbation heating rate (Wm

-2
) for longwave 

(upper panel), shortwave (middle panel) and net (lower panel). Vertical coordinate is pressure (hPa) and horizontal 
coordinate is degrees north latitude. 
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Fig. 47. Vertical cross-section of the zonal, annual mean water vapor radiative perturbation (Wm

-2
) for longwave (upper 

panel), shortwave (middle panel) and net (lower panel). Vertical coordinate is pressure (hPa) and horizontal coordinate 
is degrees north latitude. 
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Fig. 48. Vertical cross-section of the zonal, annual mean water vapor radiative perturbation heating rate (Wm

-2
) for 

longwave (upper panel), shortwave (middle panel) and net (lower panel). Vertical coordinate is pressure (hPa) and 
horizontal coordinate is degrees north latitude. 



107 
 

 
 
Fig. 49. Vertical cross-section of the zonal, annual mean temperature net radiative perturbation (Wm

-2
). Vertical 

coordinate is pressure (hPa) and horizontal coordinate is degrees north latitude 
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Fig. 50. Vertical cross-section of the zonal, annual mean temperature net radiative perturbation heating rate (Wm

-2
).  

Vertical coordinate is pressure (hPa) and horizontal coordinate is degrees north latitude. 
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Fig. 51. Vertical cross-section of the zonal, annual mean surface albedo net radiative perturbation (Wm

-2
).  Vertical 

coordinate is pressure (hPa) and horizontal coordinate is degrees north latitude. 
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Fig. 52. Vertical cross-section of the zonal, annual mean surface albedo net radiative perturbation heating rate (Wm

-2
).  

Vertical coordinate is pressure (hPa) and horizontal coordinate is degrees north latitude. 
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Fig. 53. Global mean annual cycle of the LW radiative forcing and perturbations (Wm

-2
) at TOA (upper panel) and 

SFC (lower panel). 
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Fig. 54. Latitude-time plot of the annual cycle of the net temperature radiative perturbation (Wm

-2
) at TOA (upper 

panel) and SFC (lower panel). 
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Fig. 55. Latitude-time plot of the annual cycle of the net CO2 radiative forcing (Wm

-2
) at TOA (upper panel) and SFC 

(lower panel). 
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Fig. 56. Latitude-time plot of the annual cycle of the column precipitable water response (g m

-2
).  
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Fig. 57. Latitude-time plot of the annual cycle of the net water vapor radiative perturbation (Wm

-2
) at TOA (upper 

panel) and SFC (lower panel). 
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Fig. 58. Latitude-time plot of the annual cycle of the LW cloud radiative perturbation (Wm

-2
) at TOA (upper panel) 

and SFC (lower panel). 
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Fig. 59. Latitude-time plot of the annual cycle of the vertically integrated high cloud (upper panel) and low cloud 
(lower panel) frequency response. 
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Fig. 60. Latitude-time plot of the annual cycle of the vertically integrated total grid box cloud liquid water path 
response (gm

-2
). 
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Fig. 61. Global mean annual cycle of the SW radiative perturbations (Wm

-2
) at TOA (upper panel) and SFC (lower 

panel).  Shown in red in the upper panel are the corresponding values of the global mean SW radiative perturbations 
published by Colman (2003). 
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Fig. 62. Latitude-time plot of the annual cycle of the zonal mean cloud SW radiative perturbations (Wm

-2
) at TOA 

(upper panel) and SFC (lower panel). 
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Fig. 63. Latitude-time plot of the annual cycle of the zonal mean surface albedo SW radiative perturbations (Wm

-2
) at 

TOA (upper panel) and SFC (lower panel). 
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Fig. 64. Latitude-time plot of the annual cycle of the zonal mean ice fraction response. 
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Fig. 65. Vertical cross-section of the zonal, annual mean partial temperature response (K) due to the CO2 radiative 
forcing.  Vertical coordinate is pressure (hPa) and horizontal coordinate is degrees north latitude. 



124 
 

 

 
Fig. 66. Local (upper panel) and zonal mean (lower panel) partial temperature changes (K) at the surface due to the CO2 

radiative forcing. 
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Fig. 67. Latitude-time plot of the partial SFC temperature change (K) due to the CO2 radiative forcing. 
 



126 
 

 
Fig. 68. Vertical cross-section of the zonal, annual mean atmospheric partial temperature response (K) of the model 
simulated cloud changes. Vertical coordinate is pressure (hPa) and the horizontal coordinate is degrees north latitude. 
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Fig. 69. Local (upper panel) and zonal mean (lower panel) partial temperature changes (K) at the surface due to the 
cloud radiative perturbation. 
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Fig. 70. Latitude-time plot of the partial SFC temperature change (K) due to the cloud radiative perturbation. 
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Fig. 71. Vertical cross-section of the zonal, annual mean atmospheric partial temperature response (K) due to model 
simulated water vapor changes. Vertical coordinate is pressure (hPa) and the horizontal coordinate is degrees north 
latitude. 
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Fig. 72. Local (upper panel) and zonal mean (lower panel) partial temperature changes (K) at the surface due to the 

water vapor radiative perturbation. 
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Fig. 73. Latitude-time plot of the partial SFC temperature change (K) due to the water vapor radiative perturbation. 
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Fig. 74. Vertical cross-section of the zonal, annual mean atmospheric partial temperature response (K) due to model 
simulated surface albedo changes. Vertical coordinate is pressure (hPa) and the horizontal coordinate is degrees north 
latitude. 
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Fig. 75. Local (upper panel) and zonal mean (lower panel) partial temperature changes (K) at the surface due to the 

surface albedo radiative perturbation. 
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Fig. 76. Latitude-time plot of the partial SFC temperature change (K) due to the surface albedo radiative perturbation. 
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